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Abstract

The Proterozoic spans the longest portion of Earth’s history, yet in contrast to the Archaean, the record of
komatiites and related high MgO igneous rocks from this Eon is sparse. This paper describes the pristine
Palaeoproterozoic Winnipegosis Komatiites, from Manitoba, Canada, which form part of the Circum-
Superior Belt large igneous province. We present a comprehensive petrographical investigation, mineral and
bulk rock geochemistry, and Al-in-olivine thermometry for the Winnipegosis Komatiites, along with new U-
Pb SHRIMP dating of zircons from a mafic unit, which yield an age of 1870.3 £ 7.1 Ma for the Winnipegosis
Komatiite Belt. The komatiites are Al-undepleted and dominated by massive olivine porphyritic flows with a
median thickness of 6 m. Differentiated flows containing layers of olivine spinifex are present, but rare.
Trace element data indicate the komatiites were derived from depleted mantle, and subsequently
contaminated with 2 — 3% continental crust. Temperatures from Al-in-olivine thermometry are consistent
with a nominally dry melt, and combined with olivine-melt Mg-Fe partitioning, suggest a parental melt with
~24 wt% MgO and a liquidus (olivine) temperature of ~1501°C, approximately 100 °C cooler than their
hottest Archaean counterparts. At ~1424 °C chromite joined olivine as a crystallising phase. Olivine and
chromite phenocrysts were re-mixed with residual melt shortly before or during komatiite eruption, which
occurred by the time the magma had cooled to ~1321 °C. Combined geochemical and geological evidence
requires that the Winnipegosis Komatiites erupted onto rifting continental crust. Their high liquidus
temperatures require anomalously hot mantle. Considering the Winnipegosis Komatiites in the context of
the broader Circum-Superior Belt, we suggest that these magmas formed from a mantle plume that was
deflected towards the margins of the Superior craton by strong gradients in lithospheric thickness. This
interpretation of the mode of formation of the Circum-Superior Belt casts doubt on ambient mantle

potential temperatures as high as 1600 °C during the Proterozoic.



1. Introduction

Komatiites are generally believed to represent high-temperature, large-degree melts of the mantle (Nisbet
et al. 1993; Arndt et al. 2008). As such, they have long been used as probes of both the chemical and
thermal evolution of the mantle through time (Bickle et al. 1976; Maier et al. 2009; Campbell & Griffiths
2014). However, the temporal record of mantle temperature and chemistry provided by komatiites is
irregular; the vast majority of komatiites erupted during the Archaean (Arndt et al. 2008), with only two
occurrences known from the Phanerozoic (Echeverria 1980; Hanski et al. 2004). Despite comprising almost
half of Earth history, only a handful of komatiites and related high MgO igneous rocks have been reported
from the Proterozoic Eon, including: Ti-rich komatiites of the Karasjok and Central Lapland Greenstone Belts
(Barnes & Often 1990; Hanski et al. 2001); basaltic komatiites of the Vetreny Belt, (Puchtel et al. 1997); and
a number of basaltic komatiites and compositionally similar intrusions from the Circum-Superior Belt (Arndt

1982; Arndt et al. 1987; Hynes & Francis 1982; Minifie et al. 2013).

In light of the paucity of Proterozoic komatiites, this paper describes the exceptionally fresh ~1.87 Ga
Winnipegosis Komatiites from Manitoba, Canada. The minimally altered nature of the Winnipegosis
Komatiite sequence provides an excellent opportunity both to study komatiite formation during the
Proterozoic, and to compare the chemical and thermal state of Archaean and Proterozoic mantle. We
present petrographical and geochemical observations with a view to understanding the mode of formation
and thermal evolution of the Winnipegosis Komatiites. We demonstrate that the Winnipegosis lavas are
komatiites by any definition, showing spinifex textures and derivation from a liquid with > 18 wt% MgO
(Kerr & Arndt 2001). The Winnipegosis Komatiites show many geochemical similarities to Archaean Al-
undepleted komatiites, and formed from a nominally dry, depleted mantle source. Their high liquidus
temperatures are ~100 °C lower than their hottest Archaean counterparts, but still require thermally
anomalous mantle for their formation. We discuss possible modes of formation of the Winnipegosis

Komatiites in light of these findings and the regional geological context.



2. Geological Setting

The Winnipegosis Komatiite Belt (WKB; Hulbert et al. 1994) is located in the Superior Boundary Zone, in
Manitoba, Canada, adjacent to the subsurface extension of the Thompson Nickel Belt (Figure 1). The
Superior Boundary Zone lies along the northwestern margin of the Archaean Superior Craton, and forms a
narrow eastern foreland to the ~1.8 Ga Trans-Hudson Orogen (e.g White et al. 2002). The Trans-Hudson
Orogen was formed during the closure of the Manikewan Ocean (Stauffer 1984), and resulted in the
juxtaposition of the Superior Craton with the amalgamated Rae and Hearne Cratons, and a number of
continental fragments including the Archaean — Palaeoproterozoic Sask Craton (Lucas et al. 1993; Corrigan
et al. 2009). Closure of the Manikewan Ocean is believed to have begun by 1915 Ma, as evidenced by the
oldest oceanic arc rhyolites in the juvenile portion (Reindeer Zone) of the Trans-Hudson Orogen (Baldwin et
al. 1987). However, arc-related rocks are not apparent along the western Superior margin until the ca. 1.89
Ga initiation of magmatism in the Snow Lake Arc, interpreted as a pericratonic arc outboard of the Superior
Boundary Zone on the basis of negative gyy and inherited Archaean zircon grains (David et al. 1996; Percival

et al. 2005; Corrigan et al. 2009).

Bimodal mafic/ultramafic and felsic magmatism within the Thompson Nickel Belt at ca. 1.88 Ga (Hulbert et
al. 2005; Heaman et al. 2009) and mafic/ultramafic magmatism in the WKB at ca. 1.87 Ga (Section 2.2) are
contemporaneous with ongoing magmatism in the Snow Lake Arc and continued closure of the Manikewan
Ocean, implying their formation along a convergent margin (Corrigan et al. 2009; Heaman et al. 2009). The
Thompson Nickel Belt and WKB also form part of a ~3000 km long ca. 1.88 Ga bimodal magmatic system
that wraps around the northern and western margins of the Superior Craton, known as the Circum-Superior
Belt (CSB; Baragar & Scoates 1981). The CSB is considered a Large Igneous Province (LIP; Ernst & Bleeker
2010), though interpretations of its mode of formation are divided (e.g. Heaman et al. 2009; Minifie et al.

2013).

Arc magmatism and associated sedimentation continued in the juvenile Reindeer Zone of the Trans-Hudson



Orogen until ca. 1.82 Ga (Machado et al. 1999; Hollings & Ansdell 2002), before the terminal collision of the
Superior craton with the Rae, Hearne and amalgamated terranes at ca. 1.83 — 1.80 Ga (Ansdell et al. 1995;

Corrigan et al. 2009).

2.1 The Winnipegosis Komatiite Belt

The WKB lies beneath 120 — 500m of Palaeozoic cover (McGregor 2011), and was first identified as a ~150 x
30 km linear magnetic high in the southern, subsurface extension of the Superior Boundary Zone, centred
beneath Lake Winnipegosis (Hulbert et al. 1994). During the 1990s Cominco drilled 27 geophysical targets
within the belt as part of an exploration program for Thompson Nickel Belt style Ni-Cu deposits (McGregor
2011). The magnetic high was found to comprise a greenstone belt dominated by tholeiitic basalt and
komatiite, intercalated with subordinate carbonate and shale sediments (Figure 1c). These overlie a thin
interval of discontinuous basal conglomerate and sandstone, which rests unconformably on Superior Craton
tonalite dated at 2792 + 1.6 Ma in borehole RP92-5. Lava flow-tops dip consistently to the West. A single
borehole (RP92-8) intersected further basaltic rocks structurally up—section from the komatiites. However, it
is not certain whether this represents a stratigraphically distinct unit or a thrust repetition of the sequence
(Burnham et al. 2009; McGregor 2011). The entire belt has undergone sub—greenschist to greenschist facies
metamorphism, which likely occurred during the terminal collision phase of Trans-Hudson Orogeny. The
lower degree of metamorphism and deformation in the region of the WKB compared to the Thompson
Nickel Belt has previously been ascribed to the WKB’s position in a re-entrant adjacent to the Thompson

promontory (White et al. 2002; Ansdell 2005).

2.2 Revised age of the Winnipegosis Komatiite Belt

Coarse-grained basalt from borehole RP92-4, representing either a thick flow or sill (Burnham et al. 2009),
yielded a U-Pb TIMS zircon age initially interpreted as 1864 +6/-4 Ma (Hulbert et al. 1994). However, our re-

analysis of the original data found that the precision suggested by this age is overly optimistic, and we



instead prefer an age of ca. 1860 — 1890 Ma. A second appraisal of the zircons isolated by Hulbert et al.
(1994) identified whole crystals and fragments of prismatic igneous zircon with sharp crystal edges, ~50 —
200 um in size. Backscattered electron (BSE) images reveal broad, faint igneous zoning in some grains.
However, the zircons are heavily fractured, and many show mottled and irregular dark patches in BSE,
indicative of metamictisation and alteration. To avoid these altered domains, we attempted a re-
measurement of the age of the zircons by Sensitive High Resolution lon MicroProbe (SHRIMP). A weighted
average “”’Pb/*°°Pb age of 14 points with <5% discordance yields 1870.3 + 7.1 Ma (95% confidence limits),
which overlaps within error, but is slightly older than the previous age determination (see Supplementary

Information for details).



3. Petrography and flow descriptions

Thin sections from approximately 200 samples from a 250 m section of komatiite intersected by borehole
RP91-1A (hereafter RP1A), and approximately 70 samples from a 230 m section of komatiite intersected by
borehole RP94-12 (hereafter RP12) were investigated petrographically. Previous core logging and
petrographical examination of RP1A (Hulbert et al. 1994) identified at least 28 komatiite flows ranging
between ~3 m and ~36 m in thickness, with a median thickness of 6 m. Core logging of RP12 (McGregor
2011) did not divide the komatiite section into flows, but noted a prominent spinifex horizon towards the

top of the borehole.

3.1 Massive flows

Massive olivine porphyritic flows comprise all of the flows intersected by RP1A, and the majority of flows in
RP12. Olivine and chromite comprise the only phenocryst phases, and are relatively evenly distributed
throughout the depth profile of each flow. There is no large—scale settling of olivine to form a cumulate
layer, and no spinifex textures are observed. Olivine phenocrysts most commonly occur as subhedral,
equant grains typically 0.1 — 2 mm in length, which may be fractured or rounded and show skeletal
overgrowths (Figures 2a, b, c). Olivine also forms large (up to ~10 mm) semi-skeletal grains with large
embayments. Chromite is found as euhedral microphenocrysts typically <200 um across, and commonly
forms 3 — 100 um euhedral to rounded inclusions within olivine phenocrysts (Figure 2a). Clinopyroxene,
devitrified glass, and pseudomorphs after olivine can be found as groundmass phases throughout, though
their size and habit varies significantly with depth in each flow. A typical sample from near the base of a
flow is shown in Figure 2b. Chill margins are identifiable by their ‘web’ of pseudomorphosed chain olivine
dendrites, isolating pockets of dendritic or spherulitic cpx, and contain ~5 - 20 vol% olivine phenocrysts

(Figure 2c).



3.2 Differentiated flows

One strongly differentiated flow, >6.7 m thick, is recognised in borehole RP12, with characteristics similar to
those observed in komatiites from Gilmour Island (Arndt 1982). The upper chill margin is similar to those
seen in the massive flows, but appears to grade over ~0.5 m into a phenocryst-free olivine spinifex zone
(Figure 2d), containing cruciform chromite typical of spinifex-textured komatiites (Barnes 1998). Less than
1.2 m below the base of this olivine spinifex zone is a >1 m layer of acicular — subhedral pyroxene
phenocrysts < 4 mm in length, set in a matrix of pyroxene and plagioclase. The lowermost sample obtained
from this flow (<3.2 m from the base of the acicular pyroxene layer) contains large (~10 mm) hopper olivine
crystals set in a matrix of clinopyroxene dendrites and glass. Though we lack samples from the base of the
flow, core logging (McGregor 2011) indicates the presence of an olivine cumulate with approximately 40%

olivine below the hopper olivine layer.

Two more olivine spinifex layers are recognised in RP12, but both are underlain (within <10 m) by samples
similar to those from the massive flows. It is inferred that these represent thinner differentiated flows

and/or flows which did not fully differentiate.

3.3 Alteration and metamorphism

Samples from borehole RP1A are generally excellently preserved, with approximately one third of samples
retaining 270 % fresh olivine phenocrysts. A few samples show virtually no breakdown of phenocrystic
olivine except along serpentinised cracks. However, as reported in previous studies of komatiite (Parman et
al. 1997), some areas of apparently fresh olivine are zoned with Fe increasing towards serpentinised cracks
rather than the original crystal edges (Figure 3). We interpret this as a metamorphic effect, due to diffusion
of Fe into the olivine and/or diffusion of Mg out of the olivine during serpentinisation. Groundmass olivine
is pervasively altered to talc and serpentine, but clinopyroxene appears stable in most samples, with
preservation of even the finest pyroxene dendrites and spherulites. Chromite appears unaltered in most

samples, but phenocrysts may show magnetite overgrowths (Arndt & Lesher 1992). Metamorphism is



largely restricted to hydration along cracks and veins, and the metamorphic assemblage of serpentine, talc,
chlorite and magnetite (plus pyroxene) corresponds to the prehnite-pumpellyite facies of Jolly (1982).

Complete destruction of primary igneous mineralogy is only observed adjacent to large carbonate veins.

Samples from borehole RP12 are generally more altered, with many samples retaining little or no olivine.
Though some samples appear to preserve up to 80% of phenocrystic olivine, these olivine crystals may have
a ‘mottled’ appearance and contain tiny unidentified metamorphic grains suggesting their incipient
breakdown. The metamorphic assemblage consists of chlorite, tremolite-actinolite, talc, and magnetite.
Although pyroxene is preserved in most samples, it is occasionally replaced by tremolite-actinolite,

indicative of lower greenschist facies (Jolly 1982).



4. Methods

4.1 Sample selection for geochemistry

A large body of core samples, rock powders, and thin sections, from >250 samples used during the initial
characterisation of the rocks by both Cominco and the Geological Survey of Canada (GSC), was obtained
from the GSC archives in Ottawa. We utilised a large database (hereafter the ‘GSC database’) of unpublished
geochemical data collected during the 1990s, including whole rock major element data measured by XRF;
whole rock Fe,0s:FeO, H,0;, and CO, determined by wet chemical methods; and mineral analyses by EPMA

(Supplementary Data).

Samples chosen for re-analysis were screened to exclude those with 20.3 wt% CO, and high H,0,, as these
likely represent those most affected by the formation of carbonate and talc-serpentine veins, and hence
fluid flow during metamorphism. Based on this screening, and attempting to maintain a large range in both
MgO contents and stratigraphic position, a subset of 20 komatiite samples from borehole RP1A and 14

komatiite samples from RP12 were chosen for new geochemical analysis.

4.2 Whole rock major and trace elements

Whole rock major and minor element geochemistry was measured by X-ray fluorescence (XRF) on Li,B,0;
fusion disks at Franklin and Marshall College (Mertzman 2000). Ten replicates of the OKUM (Ontario
komatiite) certified reference material (CRM) were measured to assess the repeatability under
measurement conditions (Jcgm 2008, hereafter 'repeatability') and accuracy of the method. Most major
and minor elements were repeatable to a precision of <2 % (10cptive); K20, P20s, and V, present in low
concentrations in OKUM, had repeatabilities of <5 %. Loss on ignition (LOI) was variable, with a repeatability
of ~8 %. All elements except Cr overlap with the certified values (IAG 2015) within 95% confidence limits,
and we therefore consider them accurate at the level of precision of the measurements. Chromium is about

5% (relative) lower than the certified values, and lies just outside the 95% confidence limits.



Trace elements, including rare earth elements (REEs), were measured following a procedure similar to
Ottley et al. (2003) at the Arctic Resources Geochemistry Laboratory at the University of Alberta. A mass of
0.1 £ 0.01 g of rock powder per sample was dissolved in Savillex PFA beakers with 4 mL of concentrated HF
(28.7 M) and 1 mL of concentrated HNO; (15.4 M, both acids Teflon distilled in-house) and refluxed on a
hotplate at 150 °C for >120 hours. Due to incomplete dissolution of some samples at this stage, all samples
were dried down and again refluxed in 2 mL of concentrated HF and 2 mL concentrated HNO; at 150 °C

for >120 hours, after which all samples appeared fully dissolved. Samples were then dried down before
being evaporated to near dryness three times in concentrated HNO3, and diluted in 3% HNOs for
measurement. Most trace elements were analysed at a mass resolution of 300 (10% peak-valley definition)
on a Nu Attom ICP-MS, with the exception of the transition metals (Sc, Cr, Co, Ni, Cu), which were measured

on an Element 2 ICP-MS at a mass resolution of 4000.

Twelve dissolutions of the OKUM CRM were measured to monitor repeatability and accuracy. All REEs, Rb,
Sr, and Y were repeatable to <2% (10,,) over 3 analytical sessions. The elements Cs, Ba, Hf, Th, and U had
repeatabilities of <4%; Zr and Pb had repeatabilities of ~7%. All elements overlap with the certified values
within 95% confidence limits, and are therefore deemed accurate at the level of precision of the analyses.
However, we note that Zr in our measurements is about 7% below the certified value, despite the
agreement within confidence limits. Transition metal analyses were repeatable to ~3% (10,), with Sc, Co,
Ni, and Cu overlapping with certified values within 95% confidence limits. Cr data measured by ICP-MS was
systematically high compared to both the certified OKUM value and XRF data from this study, likely due to
an uncorrected interference during measurement, and is not used further as it is both less repeatable and
less accurate than the data measured by XRF. However, it shows a strong correlation with the XRF data
(Supplementary Information), which we interpret as evidence that chromite was fully dissolved in both the

OKUM standard and Winnipegosis samples.



4.3 Mineral EPMA analyses

Major, minor, and trace element compositions of fresh olivine and co-existing olivine-chromite pairs from
thin sections of the Winnipegosis Komatiite, were analysed using a JEOL 8900R electron microprobe at the
University of Alberta. These measurements can be divided into ‘routine’ measurements performed to
obtain major element compositions only, and ‘high precision’ measurements designed to measure trace
elements, in particular for the application of the Al-in-olivine - spinel thermometer (Wan et al. 2008;
Coogan et al. 2014). Routine measurements were performed with peak measurement times of 30 s for most
elements using a beam current of 20 nA. High precision measurements were carried out using a beam
current of 100 nA, and much longer analysis times. Aluminium was measured for 240 s on peak, with upper
and lower backgrounds of 120 s each. These conditions yielded an average limit of detection of 0.0019 wt%
Al,0; (10 ppm Al), with the Potts (1992, p.11) limit of determination (blank + 6o) at 0.0039 wt% Al,0; (21

ppm Al). All measurements used an accelerating voltage of 20 kV.

Due to the lack of a CRM for trace elements in olivine, we report data from two different in—house San
Carlos olivine standards to assess the precision and the accuracy of the method. The first, SC-BK, was
characterised by LA-ICP-MS to have an Al-content of 80.4 £ 2.3 ppm. Repeated high precision EPMA
analyses yielded an average Al content of 78.3 + 5.9 ppm (10, n = 41), suggesting that Al concentrations in
olivine can be measured accurately, with repeatability of 7.6 % (10,¢) at ~80 ppm Al. The second in-house
reference material, SC/KA, does not have an ‘accepted’ Al concentration, but is homogenous in Ca (Kéhler &
Brey 1990). Repeated analyses yielded an average Al content of 89.7 + 5.2 ppm (10, n =15), 0or a
repeatability of 5.8 % (10, ) at ~90 ppm Al. The Al-in-olivine measurements from Winnipegosis Komatiite
samples are expected to be of higher precision than this due to their higher Al contents of ~250 — 450 ppm
(see Results). By comparing measured and theoretical precisions for several trace elements in the two
olivine standards, we demonstrate that the repeatability of trace element measurements in olivine using
the EPMA are dominated by counting statistics, at least at low concentrations (Supplementary Information).
Using the formula of Cox (1983), we conservatively estimate the uncertainty on an individual measurement

of Al in the Winnipegosis Komatiite olivine to be ~2.5 % (10.e)).



For the application of the Al-in-olivine thermometer (Coogan et al. 2014), olivine-chromite pairs were
selected in which the chromite was entirely enclosed in fresh olivine, in the two dimensions observable
(Figure 2a). To minimise the possible effects of secondary fluorescence from the chromite, Al-in-olivine
analyses were located approximately 40 microns from the chromite grain boundaries. To account for the
effects of Al zoning, 5 spots were analysed in each olivine from a range of positions around the included
chromite grain. Temperatures were determined for each olivine spot using the average Cr# obtained for the

enclosed chromite, and an average temperature calculated for each olivine.



5. Results

5.1 Bulk rock geochemistry

5.1.1 XRF major and minor elements

Variations of elements measured by XRF are shown in Figure 4. Some incompatible elements, such as Al,O;
and TiO,, show extremely tight correlations which extrapolate through measured olivine compositions.
Others show more scatter and regression lines extend to higher (e.g. CaO) or lower (e.g. Na20) MgO than
Winnipegosis olivine. Samples from borehole RP12 lie along the same regression trends as the RP1A

samples, but are generally more scattered.

The elements SiO,, FeO, and MnO show less variability with MgO, but all show slightly negative correlations.
Cr,0s, compatible in both olivine and chromite, shows a strong positive correlation with MgO. A regression
of Cr,0; against MgO from RP1A intersects a mixing line between the average olivine composition and the

average chromite composition at approximately 1.1 % chromite.

Samples from massive flows contain between 16.8 and 26.1 wt% MgO. Samples from the upper portion of
differentiated flows generally show lower MgO contents: random olivine spinifex samples contain 15.3 —
19.8 wt% MgO, the hopper olivine cumulate sample contains 18.2 wt% MgO, and two acicular pyroxene
samples both contain ~10.5 wt% MgO. Data from the GSC database indicate that most of the komatiites
sampled form a tight range in MgO, with a mean of 22.2 + 2.2 wt% (10.us01ute), and @ median MgO content of

22.4 wt% MgO (n = 189 samples with < 1 wt% CO,).

5.1.2 ICP-MS minor and trace elements

Many trace elements measured for this study show broad negative correlations with MgO (Figure 5),

though the degree of data scatter about these correlations varies considerably. In general, the heavy REEs



(HREEs) and middle REEs (MREEs) show tighter correlations with MgO, and intersect the MgO axis closer to
measured olivine MgO than the light REEs (LREEs). Data for the LILEs and Pb are generally very scattered; U,
Th and Nb show moderate degrees of scatter, whereas Zr, Hf, V, and Sc show tight correlations with MgO.

Nickel and Co show strong positive correlations with MgO.

Primitive upper mantle (PUM) normalised spidergrams (Figure 6) show a generally depleted pattern, with
LREE < MREE, low Nb, U and Th, and trace element concentrations approximately 2 * PUM. The samples
also show a modest HREE depletion relative to the MREEs, defining ‘hump’ shaped REE patterns. The LILEs
and Pb are variably enriched. Trace element patterns for massive flows from RP1A and RP12 are extremely
consistent and there is no significant difference between boreholes. Samples from differentiated flows from
RP12 show more variable patterns, and slight positive Eu anomalies are observed in two spinifex-textured
samples (RP12-282.5 and RP12-305.3). Sample RP12-282.5 also shows significantly more depleted LREEs

than any other sample.

5.2 Mineral Chemistry

5.2.1 Olivine

Randomly selected fresh olivine from samples RP1A-8, RP1A-18, RP1A-99, and RP1A-111 show a range of
Mg# between 0.923 and 0.889 (where Mg# = molar Mg/[Mg + Fe]), with a strong peak in relative frequency
about 0.907 (Figure 7). To avoid Fe-enriched domains, only olivine cores were analysed; high Mg# olivine is
likely over-represented. A set of 160 olivine core analyses from the GSC database, measured from 62
samples, shows an indistinguishable mode at Mg# 0.905. Olivine grains selected for Al-in-olivine
thermometry are excluded from the histogram as the five points measured per olivine would bias the
distribution. However, these show consistently lower Mg# than the randomly selected points, with a range

in Mg# from 0.912 to 0.872, and a mode at 0.902 (150 analyses, 30 olivine grains).

The elements Ca, Mn, Al, and Co in olivine are negatively correlated with Mg#, whereas Ni and Cr show



positive correlations (Figure 8). High concentrations of Ca and Cr preclude these olivine grains from being
mantle-derived xenocrysts (Simkin & Smith 1970). Some analyses from chromite-hosting olivine grains show
scatter towards higher Cr contents. Modelling using the PENEPMA program (Llovet et al. 2012) shows that
this is likely caused by secondary fluorescence from enclosed chromite, which can affect olivine Cr data

by >100 ppm at distances up to 100 microns from the grain boundary. These analyses are not excluded from
the Al-in-olivine thermometry as they do not show similarly elevated Al contents; modelling shows
secondary fluorescence of Al should fall to <1 ppm levels within 15 microns of the olivine-chromite
boundary. Phosphorus was below the limit of determination of 0.01 wt%, and so coupled Al-P <> Si-Si
substitution should have a minimal effect on the calculated temperatures (Coogan et al. 2014). The
consistent trends between trace elements in olivine and Mg# indicate that altered Fe-enriched domains

were successfully avoided during analysis.

5.2.2 Chromite

Chromite grains measured for Al-in-olivine — spinel thermometry have Cr# (Cr# = Cr/[Cr + Al]) in the range
0.64 — 0.72, overlapping the calibrated range of the thermometer (Cr# 0 — 0.69; Coogan et al. 2014).
Stoichiometrically determined (Droop 1987) chromite Fe** contents (0.12 — 0.20 Fe*" cations pfu) lie slightly
outside the thermometer calibration range. However, the correlation between Fe** and temperature within
the calibrated range is considered weak (Coogan et al. 2014) or non-existent (Wan et al. 2008), affecting
calculated temperatures by less than the overall uncertainty in the calibration of + 25 °C. We also note that
the calculated Fe** contents of Winnipegosis chromite fall well within the range observed for chromite from
Phanerozoic LIPs (0.07 — 0.23 Fe*" cations pfu; Coogan et al. 2014), and do not show evidence of
replacement by metamorphic magnetite (e.g., Evans & Frost 1975). All chromite grains analysed contain
<0.5 wt% MnO, and pass the Barnes (1998) MnO vs. Mg# filter for post-eruptive alteration. Some small
chromite grains yielded SiO, values up to several wt%, significantly larger than those typically expected for
komatiitic chromites (up to 0.23 wt%; Barnes, 1998). We attribute this to secondary fluorescence from the

host olivine, and use an arbitrary cut-off of 0.5 wt% SiO, to screen out affected analyses.



5.2.3 Al-in-olivine temperatures

Average Al-in-olivine temperatures from olivine-chromite pairs are shown in Figure 7, plotted as a function
of olivine Mg#. The olivine-chromite pairs are grouped by sample and Fe-Mg exchange equilibration
temperature (Ballhaus et al. 1991). Open symbols indicate Fe-Mg equilibration temperatures <900 °C, which
suggest that the olivine-chromite pairs underwent extensive subsolidus exchange of Fe and Mg with their
host olivines. In general, these pairs retain high, magmatic Al-in-olivine temperatures, confirming that this
thermometer is less susceptible to resetting by diffusion than Mg-Fe exchange thermometers (Wan et al.
2008). However, it should be noted that the lowest Al-in-olivine temperatures at a given Mg# are from pairs
with low Fe-Mg equilibration temperatures, which may indicate limited subsolidus Al exchange in some
cases of extensive subsolidus Fe-Mg exchange. The Al-in-olivine temperatures range from ~1425 to

~1320 °C and correlate with Mg#. None of the chromite-hosting olivine crystals analysed had Mg# >0.912

adjacent to the chromite inclusions.

The average uncertainty (10, of five Al measurements in each olivine) is + 14 °C, less than the uncertainty
in the thermometer calibration. However, these uncertainties are generally far larger than analytical errors,
with the largest uncertainty of + 33 °C (10, reflecting an uncertainty in the measured Al concentration of +
14 % (10,). This, combined with the relative constancy of temperatures determined from other olivine -
chromite pairs (as low as + 4 °C, 10,;) is best explained by zoning in the Al content of some olivine grains

(Coogan et al. 2014).



6. Discussion

6.1 Olivine control and screening for the effects of alteration

Strong correlations between MgO and many incompatible elements that intersect olivine compositions are
indicative of olivine control; consistent with the petrographical observation that olivine was the dominant
crystallising mineral. A regression of Cr,0; against MgO for the RP1A samples intersects a mixing line
between average olivine and chromite compositions at 1.1 + 0.1 % chromite (95 % confidence interval),
suggesting the spread of data can be explained by the addition/subtraction of a mixture of ~98.9 % olivine
and 1.1 % chromite phenocrysts (by weight). The proportions in this mixture must have remained relatively
constant to produce such a linear trend in Cr,03 against MgO, and were similar for komatiites from both the

RP1A and RP12 boreholes.

Without evidence of any further phenocryst phases in the vast majority of samples, we interpret deviations
from olivine (or olivine + chromite) control lines as representing alteration of primary compositions (Lahaye
& Arndt 1996), for example during Trans-Hudson age metamorphism. Small deviations from olivine control
lines in the differentiated flow samples may also be caused by pyroxene fractionation, but this will not
affect most samples. We consider elements ‘unaltered’ if regressions against MgO intersect measured

olivine compositions, and qualitatively identify increasing degree of alteration by:

1. Increasing scatter about regression lines (relative to the expected scatter from analytical
uncertainties)

2. Increasing shift of the extrapolation of these regressions away from measured olivine compositions.

By these measures SiO,, Al,O3, TiO,, Hf, Zr, the MREEs and HREEs (Sm and heavier), Sc, and Ni are
‘unaltered’ in RP1A; this also implies that MgO is effectively unaltered in these rocks. Elements showing
evidence of alteration, arranged in approximate order of increasing alteration are Nd < Pr< CaO ~V < Ce <

P,0s<La<Th~Nb~U~Cu<Na,O<Sr<K,0~Ba~Rb~Cs~ Pb (Figures 4 and 5).



The REE regressions against MgO are summarised in a ‘REE alteration plot’ (Figure 9). This plot is generated
by plotting the R? value, used as a proxy for data scatter, and MgO intercept of regressions of each REE
against MgO in turn. For example, a regression of Yb against MgO (Figure 5) intersects the MgO axis at 49
wt%, within the range of measured olivine compositions, and has a high R?value >0.9. The Yb data
therefore follow a tight olivine control line, and Yb is considered unaltered. By contrast, a regression of La
against MgO extends to an MgO value of 55 wt%, higher than measured olivine compositions, and has a low
R? value of ~0.55. The La data is not consistent with an olivine control line, and La is therefore considered
altered. The rapid shift towards lower R* values and higher MgO intercepts for LREEs lighter than Sm is

indicative of increasing degrees of alteration.

We ascribe the surprisingly low degree of alteration of CaO to its incorporation primarily into dendritic
clinopyroxene, which was unaltered during metamorphism. Alteration of elements in which the rock budget
is dominated by chromite (Cr,0s), or which may be strongly affected by changing olivine partition
coefficients (FeO, MnO, Ni) cannot be checked by this method, but the low degrees of scatter about

regressions against MgO suggest Cr,03, FeO, MnO, and Ni are also close to unaltered in RP1A samples.

6.2 Metamorphism vs. mixing of depleted and enriched components

Samples from borehole RP12, metamorphosed at greenschist facies, show far greater scatter in plots of
fluid-mobile elements such as Na,0, Sr, K,0, Ba, Rb, Cs, and Pb against MgO than the lower grade RP1A
samples (prehnite-pumpellyite facies). This seems to indicate that metamorphism is the primary cause of
deviations from olivine control lines. However, this fails to explain the scatter in elements such as Nb, U, and
Th, given that data for these elements from samples in the higher metamorphic grade RP12 borehole show
a tighter correlation with MgO than the less metamorphosed RP1A samples (e.g. Figure 5). Significant
mobility during metamorphism would be especially surprising for Nb given that all other high field strength

elements and even ‘more mobile’ elements such as Ca show tight correlations against MgO, and Nb is not



typically mobile during low grade metamorphism (Cann 1970).

In an attempt to resolve this issue, we test the possibility that both the flat trace element patterns of
Winnipegosis Komatiites and the high degree of scatter of generally fluid immobile elements such as Nb and
Th could reflect variable mixing between a depleted komatiite magma and more enriched component:

enriched mantle in the source, subduction-zone fluids, or continental crust.

We model the depleted komatiite magma using the DMORB estimate of Gale et al. (2013) normalised to Lu
in the Winnipegosis samples, and plot mixing trends between this melt and various enriched components in
Figure 10. The effect of an enriched component in the mantle source is modelled as a vector towards
EMORB (Gale et al. 2013); subduction zone fluids are modelled as vectors towards high Sr (shallow
subduction component) and Th (deep subduction component) at constant Nb/Yb (Pearce & Stern 2006);
and contamination by local continental crust is modelled as mixing with Superior Craton tonalites from
borehole RP92-5. The observation that Sr, Th and Nb are significantly elevated relative to depleted MORB
(Figure 10a) rules out subduction zone fluids as the enriching component, as these should increase non-
conservative elements such as Sr and Th without significantly increasing Nb (Pearce & Stern 2006).
Although on a Th/Yb vs Nb/Yb plot (Figure 10b) the Winnipegosis samples lie on the boundary of the
MORB-OIB array of Pearce (2008), there is no purely ‘oceanic’ (i.e., mantle derived) component that can
cause such large and variable enrichments in both Th and Nb, and still plot within the MORB-OIB array. We
therefore interpret slight enrichments in Th relative to Nb compared to DMORB as being caused by
continental crustal contamination. Figure 10c shows that mixing the Lu-normalised DMORB composition
with 1 —3 % Superior craton tonalite results in a trace element pattern that closely approximates those of

Winnipegosis Komatiite samples.

6.2.1 Effect of crustal contamination

Even for a mixture containing 3% assimilated continental crust, less than 10% of the total budget of



elements more compatible than Hf would be supplied from assimilated continental crust, hence variable
amounts of assimilation of these elements at any stage of the magmatic system should have a negligible
effect on olivine control lines. By contrast, 21 — 45 % of Nb in the final, assimilated melt would arise from
the small amount (1 — 3 % respectively) of assimilated continental crust. As such, even small variations in
the amount of continental crust assimilated as magmatism progressed could cause significant variations in
the final Nb content of the magma, leading to the observed scatter in regressions of Nb vs MgO. This
interpretation is supported by the observation that samples from different parts of the lava pile in RP1A lie
on different trends of Nb vs. MgO (Figure 5). The increase in Nb content up-section is consistent with an

increasing Nb contribution from crustal contaminants as magmatism progressed.

In summary, a small but variable amount of crustal contamination can explain both the scatter about olivine
control lines observed for strongly incompatible but fluid immobile elements such as Nb and Th, and the flat
trace element patterns of Winnipegosis samples. A combination of crustal contamination and mobility
during metamorphism may be invoked to explain the large scatter in strongly incompatible fluid mobile

elements such as Ba, Rb, Cs, and Pb.

6.3 Winnipegosis samples are Proterozoic komatiites

6.3.1 Olivine-liquid Fe-Mg exchange

We use olivine-liquid Fe-Mg exchange to ascertain the parental liquid MgO content of the Winnipegosis

Komatiites (e.g. Nisbet et al. 1993). To use this method, an appropriate exchange coefficient must be

selected (exchange coefficient, Kgl;elzi‘l_Mg = (FeO/Mg0)°'/(FeO/Mg0)" , hereafter Kp), and the

approximate Fe2t /Y Fe of the magmas must be known. As K, varies with liquid MgO (Herzberg & Hara
2002), we choose an olivine K, of 0.345, determined for bulk compositions similar to those of the

Winnipegosis (Matzen et al. 2011).



Determining the appropriate Fe?* /Y. Fe is more challenging, and we use three independent methods to
arrive at an estimate (see Supplementary Information for details). Firstly, the Fe“/Z Fe of liquids in
equilibrium with chromite can be calculated from the chromite Fe**/Fe** ratio (Maurel & Maurel 1982;
Larsen & Pedersen 2000). The Ballhaus et al. (1991) olivine-spinel Fe-Mg exchange thermometer was used
to screen out chromite grains which had undergone extensive subsolidus re-equilibration with their host
olivines, as indicated by low olivine-spinel Fe-Mg exchange temperatures. The Fe-Mg exchange temperature
was found to negatively correlate with chromite Fe**/Fe** ratios, implying some chromite grains had gained
Fe** during subsolidus exchange. The least altered chromite indicates a liquid Fe?* /Y Fe of 0.90 at
identical Fe-Mg and Al-in-olivine temperatures of 1398 + 27 °C and 1391 + 9 °C respectively. Secondly, V/Sc
partitioning (Lee et al. 2005), indicates an Fe?* /Y. Fe of ~0.95 for melting predominantly in the spinel
stability field (of the upper mantle), and ~0.98 for melting predominantly in the garnet stability field. Finally,
we note that the best fit of olivine Fe-Mg partitioning to Al-in-olivine temperatures (Figure 7 and section
6.4) appears to be for Fe?* /Y Fe = 0.9, though the ‘resolution’ of this comparison is poor due to

uncertainties in the Al-in-olivine temperatures.

Our preferred value of Fe?* /Y, Feis 0.90, calculated from chromite compositions, as this provides the best
constrained estimate of Fe?* /Y Fe at the time of komatiite crystallisation, and is identical to previous
estimates of komatiite Fe?* /Y. Fe (Berry et al. 2008). This may represent a lower bound on the Fe?* /Y. Fe
at the liquidus if olivine crystallisation consumed Fe®* in the melt before chromite began to crystallise
(Section 6.4). By contrast, V/Sc partitioning calculates the average fO, at the point the komatiites separated
from their source, and provides an upper bound due to the likelihood that Winnipegosis Komatiites

assimilated continental crust (Section 6.2).

6.3.2 Parental liquid MgO

Using Kp = 0.345 and Fe?* /Y. Fe = 0.90, the highest Mg# olivine (0.923) crystallised from a liquid

containing 23.6 wt% MgO and 11.3 wt% FeO.. The largest uncertainties on this parental melt composition



arise from the Fe?* /Y Fe ratio of the melt and uncertainties in the maximum Mg# measured in olivine. If
the higher Fe?* /Y. Fe values calculated from V/Sc partitioning are used, the parental melt MgO is elevated
to 24.8 wt% for melting in the spinel field, and 25.6 wt% for melting in the garnet field, though these are
likely to represent upper bounds (Section 6.3.1). An uncertainty of £0.005 in the maximum Mg# of 0.923
results in calculated MgO ranging from 22.1 to 25.2 wt%; because this error is dominated by systematic
differences between analytical sessions (Supplementary Information), it cannot be reduced by multiple
measurements of the same olivine. However, we believe the parental liquid MgO to be more robust than
indicated by this, as we measured 6 olivine grains with Mg# > 0.92 (out of a total of 183 randomly selected
olivines), and 9 olivine grains in the GSC database have Mg# > 0.92 (n = 160 olivine cores). The similar
proportion of olivine analyses with Mg# > 0.92 measured in different labs robustly indicates the presence of

olivines with Mg# > 0.92.

The calculated parental liquid MgO of 23.6 wt%, which lies well within the range of Winnipegosis bulk rock
compositions, confirms that these rocks are komatiites (Arndt & Brooks 1980). The presence of olivine
spinifex in at least three flows in borehole RP12 means the Winnipegosis rocks also satisfy the definition of
komatiite of Kerr & Arndt (2001). Supporting this interpretation is the fact that the median MgO, over a
large number of samples covering two ~250 m thick sections of lava is 22.4 wt% MgO, with an average
estimated olivine phenocryst content of 17 vol%; these samples certainly do not represent small volume
eruptions of a highly olivine-charged picrite. Finally, the composition of chill margins from the GSC database
show a range of MgO between 19.6 wt% and 23.4 wt% (17 chill samples with < 1 wt% CO,). Correcting for
petrographically-estimated olivine phenocryst contents of 5 — 20 vol %, the residual liquids at the time of
eruption were komatiite or basaltic komatiite, with olivine-corrected MgO approximately in the range 14.1 —

20.3 wt%.



6.4 Thermal evolution of Winnipegosis Komatiite melts

6.4.1 Liquidus Temperature

We use the relationship of Matzen et al. (2011) to equate the parental melt MgO content of 23.6 wt% MgO
to a liquidus temperature of 1501 + 32 °C for the Winnipegosis Komatiite parental melt (2o uncertainty
calculated allowing £0.005 uncertainty in olivine Mg#). Use of the Primelt3 software (Herzberg & Asimow
2015) corroborates this high liquidus temperature independent of measured olivine compositions. A
liguidus temperature of 1492 + 20 °C at a parental melt MgO of 23.2 + 0.7 wt% (20 of all bulk rock
compositions that did not experience clinopyroxene fractionation) is calculated for batch melting.
Calculations assuming accumulated fractional crystallisation failed as the Winnipegosis compositions are

too low in CaO to have been produced by fractional melting of fertile peridotite.

This liquidus temperature is ~100 °C lower than upper-end estimates of the liquidus temperatures of
Archaean komatiites (Nisbet et al. 1993; Robin-Popieul et al. 2012; Sossi & O’Neill 2016). However, it is not
significantly higher than temperatures suggested for some Phanerozoic magmas, such as unerupted
komatiitic magmas from the Etendeka LIP (Thompson & Gibson 2000), and the West Greenland picrites

(Larsen & Pedersen 2000).

This calculation of the liquidus temperature can be more generally extended to a relationship between Mg#

of olivine and temperature (Supplementary Information):

19.2 b
T = + 1048
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where a and b are the gradient and intercept of a linear regression of bulk rock FeO vs. MgO (FeO = a *

MgO + b) at a given Fe?* /Y Fe, mp,o and M0 are the molar masses of FeO and MgO respectively.



Temperature — Mg# curves for our preferred value of Fe2* /Y Fe = 0.90, as well as values calculated from
Fe-Mg exchange are shown in Figure 7. Use of the MgO-dependent K}, parameterisation of Herzberg & Hara
(2002) leads to 7 — 13 °C higher temperatures, but almost parallel curves (not shown) due to a weak
variation of K}, at high liquid MgO contents. Allowing for scatter of data and possible systematic errors, the
Al-in-olivine temperatures are an excellent match to those predicted by anhydrous olivine Fe-Mg

partitioning for Fe?* /Y. Fe ~ 0.90, confirming the high liquidus temperatures calculated above.

6.4.2 Hydrous komatiites?

Recently, Sobolev et al. (2016) revived the idea that some Archaean komatiites may originate from a
hydrous transition zone source (Kawamoto et al. 1996). For comparison, Figure 7 also shows a curve for
Fe?* /Y Fe =0.90, with a ~60 °C depression of the liquidus predicted for 0.5 wt% H,O (Falloon &
Danyushevsky 2000). This predicts temperatures that are too low to be consistent with the majority of Al-in-
olivine temperatures. As the Al-in-olivine thermometer is not influenced by magmatic H,0 content or fO,
(Coogan et al. 2014), this suggests the Winnipegosis magmas are nominally anhydrous, and did not arise
from a hydrous source. This interpretation is supported by the MORB-like trace element patterns and low
Ce content of the komatiites, which predict ~0.04 — 0.1 wt% H,0 in the parental melt for H,0/Ce of 100 —

250 respectively (Dixon et al. 2002).

6.4.3 Cooling and crystallisation history

Using the comparison between the Al-in-olivine thermometer and olivine Fe-Mg partitioning, we can
reconstruct the cooling history of the Winnipegosis magmas (Figure 11). Liquidus olivine crystallised from a
melt containing 23.6 wt% MgO at a temperature of 1501 + 32 °C. Olivine was the sole crystallising phase
over an interval between 1501 °C and ~1424 °C, the highest Al-in-olivine temperature recorded by
coexisting olivine and chromite in all three samples studied. The spread in temperature of the first olivine-

chromite pairs to crystallise from each sample is small, but absolute uncertainties of + 25 °C arising from the



calibration of the Al-in-olivine thermometer are likely to be larger than this spread, so we infer that the
olivine-chromite cotectic was reached at 1424 + 25 °C, from a liquid MgO of 19.6 + 1.3 wt%. If the first
crystallisation of chromite is calculated instead from the highest average Mg# measured for olivine
enclosing chromite (Mg# = 91.1), an indistinguishable (within uncertainty) temperature of 1440 + 24 °C, or

liqguid MgO of 20.4 + 1.3 wt% is obtained.

Olivine and chromite continued to crystallise until at least 1321 + 25 °C (14.2 + 1.3 wt% MgO, calculated
from Al-in-olivine temperature), or 1328 + 13 °C (14.6 £ 0.7 wt% MgO, calculated from Fe-Mg partitioning)
in RP1A-99, the least MgO rich sample for which Al-in-olivine temperatures were obtained. However, we
find no evidence of such low temperatures in RP1A-8 and RP1A-111, both of which had higher bulk rock
MgO. This liquid MgO content, from which the lowest temperature olivine and chromite pair crystallised, is
similar to the lowest MgO estimated for a chill margin after olivine phenocryst subtraction (~14.1 wt%).
Thus, 1321 + 25 °C may provide an approximation to the lowest temperature at which Winnipegosis
Komatiites erupted. After eruption the growth of olivine phenocrysts effectively ceased, and olivine
crystallisation continued only as skeletal overgrowths on existing phenocrysts, and crystallisation of hopper
and dendritic olivine in the groundmass. From the observation that pyroxene dendrites are always
interstitial to olivine dendrites, and by analogy to the experiments of Faure & Tissandier (2014), we infer
that pyroxene crystallisation did not commence until the temperature had fallen considerably and olivine

dendrite growth had ceased.

6.5 Bulk rock compositions are not liquid compositions — the role of mixing

The inference that chromite did not begin to crystallise until liquid MgO content reached <21.7 wt% has
profound implications for the understanding of bulk rock geochemical trends. If the bulk rock compositions
are interpreted as a liquid line of descent (LLD), then Cr,0; would be expected to increase with falling MgO
until ~20 wt% MgO was reached, before falling once chromite began to crystallise. Instead, Cr,03 is

positively correlated with MgO for all samples. This positive correlation, and by extension all other olivine



control lines, is best understood as a mixing line between a residual melt and a phenocryst mixture of
olivine and chromite. Due to the largely constant volume proportion of phenocrysts throughout each flow,
this mixing likely occurred before or during magma eruption. Solid-liquid mixing can also explain why plots
of FeO, MnQ, and Ni against MgO are closely approximated by straight lines (Figures 4, 5), whereas the LLD
for each of these elements should be curved as the crystallising olivine becomes progressively rich in FeO
and MnO, and depleted in Ni. Mixing is also evidenced by the wide range of olivine compositions in each

sample, which do not correlate with bulk rock MgO (Supplementary Information).

We model the liquid line of descent (LLD) for the Winnipegosis Komatiites through incremental addition and
subtraction of olivine (Albarede 1992; Larsen & Pedersen 2000) from a parental melt composition defined
by the intersection of bulk-rock element regressions against MgO with 23.6 wt% MgO (Figure 12). At each
step, the composition of olivine in equilibrium with the melt is calculated (assuming fixed Fe?* /Y Fe =
0.90 and constant K; of 0.345), and added or removed from the melt composition; this corresponds to
fractional crystallisation. For simplicity, olivine was assumed to contain only SiO,, MgO and FeO, and
chromite was ignored due to its volumetrically small contribution and uncertainty in the ratio of olivine to

chromite crystallising at a given temperature.

For incompatible elements such as Al,O;, LLDs are indistinguishable from the observed mixing lines, as their
relationships with MgO are insensitive to the exact Mg# of olivine being added or subtracted (Francis 1985).
However, as the FeO/MgO ratio of an olivine depends on the FeO/MgO ratio of the liquid from which it
crystallised, the predicted LLD in FeO vs. MgO space deviates more strongly from the observed bulk rock
compositions. Despite this, the FeO predicted for the LLD never varies from the regression of bulk rock
compositions by >0.4 wt% FeO over the range of bulk rock MgO observed in the Winnipegosis Komatiites
(10 — 26 wt% MgO). This has a smaller effect on parental melt compositions and liquidus temperatures than
the range of Fe?* /Y, Fe calculated or the uncertainty in the Mg# of the most magnesian olivine. The
largest deviation from the LLD will occur in Cr,05 vs MgO due to the extremely strong dependence of bulk

rock Cr,05 on volumetrically small addition or subtraction of chromite.



6.6 Aluminium-undepleted Winnipegosis Komatiites

Winnipegosis Komatiites have slightly sub-chondritic Al,05/TiO, (17.2 £ 0.2, 10.s), and slightly supra-
chondritic Gd/Yb (Figure 13), placing them between average Al-depleted (Al,03/TiO, ~ 11) and Al-
undepleted komatiite (Al,05/TiO, ~ 20; Nesbitt et al. 1979). Olivine-corrected molar [Al,0s] and [TiO,] values
of 0.191 and 0.0142, respectively, identifies them as Al-undepleted komatiites according to the classification
of Hanski et al. (2001). In terms of trace element patterns (Figure 6), Winnipegosis Komatiites are quite
similar to other Al-undepleted komatiites (e.g. Alexo, Lahaye & Arndt 1996) showing a generally
incompatible element-depleted trend. Their slight HREE depletion relative to the MREEs is somewhat
unusual for an Al-undepleted komatiite, but parallels the slight HREE depletion observed in Gorgona ‘G1’
komatiites (Revillon et al. 2000). Contents of ~46.3 wt% SiO, calculated for the parental melt at 23.6 wt%
MgO place the Winnipegosis komatiites in the low SiO, group of Parman & Grove (2005), similar to Munro

komatiites and with a distinctly lower SiO, at a given MgO than Barberton komatiites.



7. Tectonic Interpretation

7.1 Winnipegosis Komatiite Belt as part of the Circum-Superior Belt

The new 1870.3 + 7.1 Ma age of the Winnipegosis Komatiite Belt is identical, within uncertainty, to the
youngest mafic and ultramafic bodies previously dated in the Circum-Superior Belt, both in the adjacent
Thompson Nickel Belt and more than 2000 km away in the New Quebec Orogen (Heaman et al. 2009). The
Winnipegosis Komatiites also share many petrological features with other igneous rocks of the CSB:
mafic/ultramafic rocks are abundant; magmatic olivine with Mg# >0.92, indicative of high temperature
melts, has been reported from other regions of the CSB (Arndt et al. 1987); and depleted, MORB-like
compositions are widespread (Heaman et al. 2009). Therefore, the tectonic interpretation of the
Winnipegosis Komatiites cannot take place in isolation, and should be considered as a segment of the wider

CSB.

7.2 Formation model

A model for the formation of the Winnipegosis Komatiites must satisfy the following geochemical evidence
outlined in this study: 1) formation of high MgO, high liquidus temperature parental magmas with no
evidence of significant depression of the liquidus due to the presence of water; 2) low absolute trace
element abundances, approximately twice that of primitive mantle; 3) generally depleted trace element

signatures indicating a DMORB-like source; 4) evidence of crustal contamination.

We also consider the following geological and geochronological evidence to be important: 5) the
unconformable relationship of the WKB over Superior craton tonalites; 6) the transition from tholeiitic
basalt to komatiite up-section within the WKB; 7) the transition in sedimentation style from a short interval
of conglomerates and sandstones at the base of the WKB to carbonates and shales at higher stratigraphic
levels (Burnham et al. 2009; McGregor 2011); 8) formation in a convergent margin setting (Section 2;

Corrigan et al. 2009; Heaman et al. 2009); 9) age identical, within uncertainty, to both pericratonic arc



magmatism in the Snow Lake Arc (Percival et al. 2005), and mafic — ultramafic magmatism in the Circum-

Superior Belt (Heaman et al. 2009).

7.2.1 Emplacement of Winnipegosis Komatiites over rifted Superior Craton crust

As the Winnipegosis Komatiites were sourced from mantle similar to the DMORB source, high degrees of
melting — combined with little crystal fractionation before eruption — are required to explain the low
concentrations of incompatible elements. This is consistent with the high calculated liquidus temperatures.
However, the Winnipegosis Komatiites were emplaced upon continental crust (points 4 and 5 above), as
previously recognised for many Archaean komatiites and greenstone belts (Bickle et al. 1994; Pearce 2008).
This observation rules out oceanic settings where high degrees of melting are observed such as mid-ocean
ridges, and plume-generated oceanic plateaux. Instead, we propose that the high degrees of melting
necessary to produce the Winnipegosis Komatiites are best explained by their emplacement within an
evolving rift, near the Superior Craton margin. A rift setting is also consistent with points 6 and 7; the
progression of volcanism from tholeiitic basalt to komatiite up section could represent increasing mantle

melting as rifting progressed, and the style of sedimentation is consistent with a rift environment.

7.2.2 Thermal anomaly or ambient mantle?

Whether or not the Winnipegosis Komatiites can be generated from ambient mantle or require thermally
anomalous mantle depends critically on the potential temperature of the mantle during the
Palaeoproterozoic. Traditional models of secular mantle cooling (e.g. Davies 1999) suggest that
Palaeoproterozoic mantle potential temperatures (T,) may not have been significantly higher than today,
with T, = 1300 °C at 1.9 Ga relative to a modern MORB T, = 1220 °C (AT = 80 °C). In this case a thermal
anomaly is clearly required to produce Winnipegosis magmas with a liquidus temperature of 1501 °C. By
contrast, Herzberg et al. (2010) argue that the Proterozoic ambient mantle was capable of producing

primary melts with MgO of 18 — 24 wt%, with ambient T, as high as 1600 °C at ~1.9 Ga (relative to a modern



MORB T, of 1350 + 50 °C, AT = 250 °C). However, all of the highest temperature estimates (T, > 1500 °C) for
Proterozoic magmas examined by Herzberg et al. (2010) are for samples from the Cape Smith Belt, part of
the larger Circum-Superior Belt. As the Circum-Superior Belt has previously been interpreted as a plume—
derived LIP (Ernst & Bleeker 2010; Minifie et al. 2013), the evidence for high T, estimates in ambient

Proterozoic mantle is equivocal.

Excluding samples from the Cape Smith Belt, the highest T, suggested for the Proterozoic by Herzberg et al.
(2010) is ~1490 °C for the 2056 Ma Lapland basalts. Given the inevitable temperature drops due to the
latent heat of fusion and decompression during ascent, ambient mantle of T, = 1490 °C cannot produce the
Winnipegosis Komatiites. Calculations using Primelt3 software (Herzberg & Asimow 2015) indicate mantle
T, of 1644 * 33 (20 of all bulk rock compositions that did not experience clinopyroxene fractionation) for
Winnipegosis compositions. As such, the formation of the Winnipegosis Komatiites likely requires thermally
anomalous mantle, regardless of the model of mantle thermal history used. This is supported by the
observation that the MgO content of the Winnipegosis Komatiites is substantially higher than the average
MgO content of mafic rocks during the Palaeoproterozoic, which was similar to the present day at <10 wt%

MgO (Keller & Schoene 2012).

7.2.3 A model for the Winnipegosis Komatiites and Circum-Superior Belt

The requirement of above ambient mantle temperatures to generate the Winnipegosis Komatiites allows us
to rule out several models previously suggested for the Circum-Superior Belt, which generate high degrees
of melting but do not predict elevated mantle temperatures (Heaman et al. 2009 and references therein).
Instead, we believe the formation of the WKB and the wider CSB are best explained as a mantle plume

derived LIP (Ernst & Bleeker 2010; Minifie et al. 2013).

In addition to generating above ambient mantle temperatures and high degrees of melting, a plume origin
is consistent with the relatively short time span (1885 — 1870 Ma) of the majority of CSB magmatism

(Heaman et al. 2009). Within the WKB, erosion of the underlying Superior Craton tonalites can also be



understood as occurring during a period of plume—driven uplift, followed by extensive volcanism and

deposition of sediments occurring as rifting continued.

However, a number of other features of the CSB require refinement of a simple plume model. Despite the
relatively tight age range for the majority of CSB mafic/ultramafic magmatism, the revised age of 1870.3 +
7.1 Ma for the WKB extends the range of mean ages for ~1.9 Ga CSB magmatism to ~30 Myrs, with no
evidence for a progressive migration of the magmatism over time (Heaman et al. 2009). The distribution of
magmatism along ~3000 km of continental margin also appears at odds with the expectation of

approximately equant plume heads (Campbell & Griffiths 1990).

We suggest that these inconsistencies can be resolved by a ‘focussed’ plume model (Figure 14), in which an
upwelling plume is deflected to the margins of the Superior Craton by the underlying thick cratonic
lithosphere (Thompson & Gibson 1991; Sleep et al. 2002; Minifie et al. 2013), and interacts with a series of
pre-existing rifts around the Superior margin. The presence of pre-existing rifts in the CSB, either due to
back arc rifting or pull apart basins formed by oblique convergence (Skulski & Wares 1993), might be
expected due to convergence and closure of the Manikewan Ocean along the northern and western
margins of the Superior Craton (Section 2; Corrigan et al. 2009). This is especially clear for the WKB, which
formed contemporaneously with, and inboard of, the pericratonic Snow Lake Arc (Percival et al. 2005), and

therefore plausibly formed over lithosphere thinned in a back arc setting.

The presence of rifts around the Superior margin would have generated a steep lithospheric gradient
between the centre of the craton and its margins, focussing the plume head and leading to the observed
distribution of magmatism around the craton margins. This type of lithospheric control on the distribution
of komatiitic magmatism has previously been suggested for Archaean komatiites of the Yilgarn craton (Mole
et al. 2014). Pre-existing rifts can also explain the large, ~30 Myr spread in magmatic ages. In our model,
magmatism in back arc or pull apart rifts accounts for the earliest ~1900 Ma magmatism (Heaman et al.

2009), with the arrival of a plume causing a large outpouring of high temperature magmatism at 1885 —



1870 Ma. Our model differs from previous plume models for the CSB in that we envisage the plume
impinging beneath the Superior craton and emphasise the control of lithospheric architecture in deflecting
plume material towards the craton margins, rather than impinging outboard of the northern margin of the
Superior craton (Ernst & Bleeker 2010). Decompression and therefore melting would have been limited
beneath the thick Superior Craton lithosphere, though plume impingement may have triggered the

generation of numerous carbonatite complexes in the Superior Craton at ~1.88 Ga (Rukhlov & Bell 2010).



8. Conclusions

The Winnipegosis Komatiites formed at 1870.3 £ 7.1 Ma as part of the Circum-Superior Belt LIP. They occur
as both massive and differentiated flows containing olivine spinifex layers. Their parental melt contained ~
24 wt% MgO, which, along with the presence of spinifex layers and a median MgO of 22.4 wt% over >250 m

thickness of flows, confirms that these lavas are Proterozoic komatiites.

The parental melts crystallised only olivine from 1501 °C to approximately 1424 °C, and then a mixture of
olivine + chromite phenocrysts until eruption at approximately 1321 °C. Olivine and chromite phenocrysts
were entrained and variably mixed with residual melts shortly before and/or during eruption. Bulk rock
compositions represent mixing lines between these phenocryst phases rather than the liquid line of

descent.

The coincidence of Al-in-olivine temperatures with temperatures calculated from olivine Fe-Mg partitioning
requires that the mantle source of the Winnipegosis Komatiites was nominally dry. This is supported by
trace element patterns, which indicate a DMORB like, dry, parental melt. This melt was subsequently
contaminated by small amounts of assimilated Superior craton continental crust, through which the
Winnipegosis magmas erupted. Low absolute abundances of trace elements are consistent with high
calculated liquidus temperatures, indicating high degrees of mantle melting. In the context of the broader
Circum-Superior Belt, we suggest the Winnipegosis Komatiites were generated by a mantle plume that was
deflected towards the margins of the Superior craton by strong gradients in lithospheric thickness. The
interpretation of the Circum-Superior Belt as a plume derived LIP casts doubt on ambient mantle potential

temperatures as high as 1600 °C during the Proterozoic (Herzberg et al. 2010).
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Figure Captions

Figure 1. a) Map showing location of Winnipegosis Komatiite Belt in relation to the Circum-Superior Belt
and Trans-Hudson Orogeny, modified from Baragar & Scoates (1981) and Corrigan (2012). Boundaries of
cratons and CSB shown are surface exposures except Sask craton and WKB, which are have little and no
surface outcrop respectively, and are identified geophysically. b) Map of the Superior Boundary Zone on the
Western Superior Craton, modified from McGregor (2011) and Corrigan (2012). The portion of the map
south of the thick dashed line lies beneath Palaeozoic cover: burial depth increases to southwest. Units in
this region are interpreted based on aeromagnetic signatures supplemented with borehole data; 1.90 —
1.86 Ga arc plutons are only identified where aeromagnetic signatures match those in outcropping parts of

Flin Flon — Snow Lake Belt (McGregor 2011). c) Reconstructed stratigraphy of the WKB based on core

logging.

Figure 2: Photomicrographs of Winnipegosis komatiite in plane polarised light, with olivine (ol), chromite
(chr), clinopyroxene (cpx) and glass (gl) labelled. a) Example of a chromite (in thick dashed circle) included in
fresh olivine used for Al-in-olivine thermometry. b) Typical sample from near the base of a massive flow.
Subhedral olivine phenocrysts with pseudomorphed skeletal overgrowths set in a matrix of clinopyroxene
dendrites (typically <200 um wide) and devitrified glass (brown). c) Typical chill margin sample: olivine
phenocrysts in a matrix of straight pseudomorphed olivine dendrites, which divide patches of extremely
fine grained clinopyroxene dendrites and spherulites (brown, with elongate crystals just visible). d) Random
olivine spinifex layer: pseudomorphosed olivine dendrites (longest, straight crystals) divide patches of
coarse clinopyroxene dendrites (shorter interstitial grains) and devitrified glass (brown), virtually phenocryst

free. Note larger scale.

Figure 3: X-ray map of relative Fe content. Bright green and red equant grains are chromite with magnetite-
rich metamorphic overgrowths. Olivine fragments show low Fe (blue colours) in their cores, zoning to high

Fe (yellow) adjacent to serpentinised cracks.



Figure 4: Variation of major and minor elements as a function of MgO. All plots show linear regressions of
RP1A data (solid black lines), along with 95% confidence limits about the regression (dashed grey curves).
Cr,05 vs. MgO plot shows a mixing line between the average olivine and chromite compositions, ticks
indicate percentage of chromite in mixture. FeO is plotted as 0.90 * FeO,, based on our estimate of the
Fe?* /Y Fe at the time komatiite crystallisation (see Section 6.3.1. for details); plot also shows model
olivine compositions as a thick black line, tick marks indicate olivine Mg#. Thin grey line represents the
FeO/MgO ratio of the liquid in equilibrium with the highest Mg# olivine, and the dashed red line indicates

the calculated parental liquid MgO.

Figure 5: Variation of trace elements as a function of MgO, showing linear regressions of all RP1A data with
95% confidence limits. RP1A data for Nb is split into samples from the lowermost 50 m of the borehole
(‘RP1A lower’, orange circles) and samples from the remainder of the borehole (‘RP1A upper’, blue
diamonds). An average value of 5.8 ppm Sc measured from LA-ICP-MS analyses of Winnipegosis Komatiite
olivine (P. Waterton, unpublished data) is plotted at the average olivine MgO of 49 wt%. Scandium in
chromite was not measured; although previous work has indicated up to 16 ppm Sc in chromite from high
MgO volcanic rocks (Pagé & Barnes 2009), this is not expected to have a large effect on the whole rock
budget of Sc due to the low proportion of chromite. Nickel in olivine and chromite were measured by
EPMA. All other trace elements plotted were present in negligible quantities in Winnipegosis olivine, and

assumed to be negligible in chromite; their MgO ranges are plotted at 0 ppm trace element concentration.

Figure 6: Trace element spidergram normalised to PUM (Hofmann 1988). Element order after Sun &

McDonough (1989), except the position of Pb. All massive flow samples (n = 27) analysed are shown in the
top diagram, samples from differentiated flows are subdivided in the lower plot. Fluid mobile elements are
highlighted in grey. Thick black line is the average DMORB of Gale et al. (2013). Slight negative Zr anomalies

are likely an analytical artefact (Section 4.2).



Figure 7: Average Al-in-olivine temperatures for olivine-chromite pairs, plotted as a function of olivine Mg#.
Olivine-chromite pairs are grouped by sample and Fe-Mg equilibration temperature (Ballhaus et al. 1991);
solid symbols indicate high equilibration temperatures (>900 °C), open symbols indicate low equilibration
temperatures (<900 °C). Error bars are 1 standard deviation of the 5 repeated analyses for each olivine.
Histogram (light blue blocks) and probability density function (red line) show Mgt of olivine cores (n = 183).
Grey curves are temperatures determined from anhydrous olivine Fe-Mg partitioning as a function of Mg#,
shown for liquid Fe?* /Y. Fe = 0.90 (our preferred value), 0.95, and 0.98 (upper bounds determined from
V/Sc partitioning). Green dotted curve shows temperature — Mg# relationship for Fe?* /Y Fe =0.90in a

melt containing 0.5 wt% H,0. See section 6.4 for details.

Figure 8: Minor and trace elements in olivine plotted as a function of Mg#. Solid black line in Cr plot is a
regression of the random olivine data, with dashed lines showing 3o uncertainty about the regression. Only
three of the random olivine data plot outside these bounds, whereas many of the analyses from olivine—
chromite pairs show elevated Cr, indicative of secondary fluorescence. No similar distinction can be made
for the Al data, except for the lower Mg# of the olivine—chromite pairs. Dotted lines are approximate trends

for all other minor and trace elements.

Figure 9: ‘REE alteration plot’ summarising olivine control line regressions for the REEs. Thick solid blue line
plots the MgO intercept of regressions of REEs data. Grey box shows range of olivine compositions
measured in Winnipegosis Komatiites; to satisfy an olivine control line, the MgO intercept of REE
regressions should lay within this range. Thin dashed red line shows R” value of regressions against MgO,
used here as a proxy for data scatter. MREEs and HREEs have consistently high R* values of >0.9 and
intersect measured olivine compositions, indicating they were unaltered. By contrast, R* values fall rapidly,
and MgO intercepts are shifted to higher values than measured olivine compositions, for LREEs lighter than

Sm.

Figure 10: Models of contamination of a DMORB like melt with subduction zone fluids, enriched mantle



sources, and continental crust. Tonalite data (green symbols and lines) from the GSC database
(Supplementary Data); as Th was not measured for these samples, the median Th/Yb from Superior
tonalites (Whalen et al. 2002) was used. a) Sr/Yb vs Nb/Yb plot modified from Pearce & Stern (2006); Sr
shows far less scatter due to mobility during metamorphism than Ba. Only RP1A samples are shown as
metamorphism has variably enriched Sr in most RP12 samples. b) Th/Yb vs Nb/Yb plot (Pearce 2008).
Crosses and percentages indicate amount of contaminant in mixture. c¢) DMORB (Gale et al. 2013)
normalised trace element patterns. Dotted blue line is the trace element pattern for RP1A-87, a sample
with MgO content close to the calculated parental melt (Section 6.3). Solid black line is DMORB of Gale et
al. (2013) normalised to Lu in RP1A-87. Grey lines show mixtures of DMORB-like melt mixed with 1, 2, and

3% tonalite.

Figure 11: Schematic cooling history of the Winnipegosis Komatiites, showing crystallising assemblage at
different temperatures. Temperatures of significant events are arranged assuming monotonic cooling of a
single batch of magma. Straight lines are not intended to indicate linear cooling, as we have no constraints
on the cooling rate, but the break in slope separates slow cooling during phenocryst growth from rapid
cooling and growth of dendritic forms after eruption. All temperatures and errors are derived from Fe-Mg

partitioning for consistency.

Figure 12: Comparison of regressions of bulk rock compositions to calculated LLDs. Bulk rock data omitted
for clarity, see Figure 4. Crosses are 10 wt% increments of olivine removed from parental magma by
fractional crystallisation, negative percentages correspond to olivine addition. Tick marks indicate Mg# of
olivine. Red tie lines link highest and lowest Mg# olivines with their respective equilibrium liquids; these are

tangential to the LLD.

Figure 13: Chondrite normalised Gd/Yb ratios (Gd/Yb)y plotted as a function of Al,05/TiO,. Winnipegosis
Komatiites are compared to Al-depleted, Al-undepleted, and Al-enriched komatiites from Barberton (Robin-

Popieul et al. 2012), a global database of fresh MORB (www.earthchem.org/petdb; accessed Dec. 2012),



and the primitive mantle values of Hofmann (1988). MORB are likely shifted towards lower Al,O3/TiO, due

to plagioclase fractionation, but (Gd/Yb)y should remain representative of their parental melts.

Figure 14: Schematic diagram illustrating a possible environment of formation for the Winnipegosis
Komatiites. Thermally anomalous mantle generated by a mantle plume is deflected towards the margins of
the Superior craton by a strong lithospheric gradient between the thick lithosphere of the Superior craton

and back arc rifting along its margins.
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Fig. 9
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Fig. 14
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Highlights

e Exceptionally fresh Palaeoproterozoic komatiites are described, and their cooling and crystallisation
history is reconstructed

e Parental melts were nominally dry, with depleted compositions, and MgO contents = 24 wt%

e Liquidus temperature of ~1501 °C requires anomalously hot mantle

e Proposed formation of the Winnipegosis Komatiites and Circum-Superior Belt from a mantle plume
that was deflected by strong gradients in lithospheric thickness towards pre-existing rifts

e New U-Pb zircon age of 1870.3 + 7.1 Ma for the Winnipegosis Komatiite Belt



