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Figure 2.4: Summary of contrast in thermal regime between the Cordillera and North American craton, as inferred 
from surface heat flow data. Maps modified from Hardebol et al. [2013] showing; a) the variation in crustal 
thickness, and b) the distribution of measured surface heat flow. Note RMT = Rocky Mountain Trench. c) calculated 
geothermal gradients and their extrapolated uncertainty. Modified from Currie and Hyndman [2006].

The surface elevation of the Cordillera is ~1.0-1.5 km [Hyndman and Currie, 2011]. As 

previously discussed, the crust of the Cordillera has a thickness of ~30-35 km, whereas the 

craton has an average crustal thickness of ~40-45 km (Figure 2.4a). Airy isostasy predicts that 

the surface elevation of the Cordillera should be less than that of the craton, owing to its smaller 

crustal thickness. An analysis of the thermal structure of the Cordillera and craton shows that the 

high elevation of the Cordillera is consistent with this being an area of high temperatures and 

thin lithosphere; the density reduction resulting from thermal expansion provides the support to 
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maintain the high elevation [Hyndman, 2010; Hyndman and Currie, 2011]. Studies of thermally 

supported topography have shown that the high geothermal gradient can account for as much as 

1.6 km of elevation in the Cordillera relative to the North American craton, after correcting for 

crustal density differences between the two regions [Hyndman and Currie, 2011].

The disparity in crustal thickness and temperature gradients between the Cordillera and 

craton also has important consequences for lithosphere strength and deformation styles across the 

Cordillera-craton boundary. A Moho temperature of 800-900°C below the Cordillera implies that 

the lower crust is within the granulite facies, and the basalt solidus (1200°C at a pressure of ~3

GPa) occurs at a depth of <100 km [Hyndman and Lewis, 1999]. The strength of crust and 

mantle rocks decreases with increasing temperature [Karato and Wu, 1993; Hirth and Kohlstedt,

2003]. Given the high temperatures below the Cordillera, the strength of the lower crust and 

upper mantle lithosphere is relatively low, thus concentrating strength in the upper crust 

[Hyndman and Lewis, 1999]. The effective elastic thickness of the lithosphere in the Cordillera 

has been estimated to be between 5 km and 15 km, and does not exceed 20 km [Hyndman et al.,

2009; Hardebol et al., 2013]. In comparison, the low temperatures below the craton indicate both 

crust and upper mantle possess a strength at least a factor of 10 greater than the Cordillera 

[Hyndman and Lewis, 1999]. Furthermore, the integrated strength of the craton lithosphere is 

thought to be approximately an order of magnitude greater than the Cordillera, and estimates of 

effective elastic thickness are in the range of 40-80 km [Hyndman et al., 2005, 2009; Hardebol et 

al., 2013].

The thermal characteristics exhibited in the Cordillera, including high surface heat flow, 

effective elastic thickness of less than 30 km, and high surface elevation despite thin crust, are 

thought to be inherent traits of subduction zone back arcs in general [Hyndman et al., 2005; 
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Currie and Hyndman, 2006; Hyndman and Currie, 2011]. Furthermore, high temperatures at 

such shallow depths below back arcs have been attributed to vigorous mantle convection, 

facilitated by dehydration of the subducting slab, resulting in a lower melting temperature and 

reduced viscosity of the surrounding asthenosphere [Hyndman et al., 2005; Currie and 

Hyndman, 2006; Hyndman and Currie, 2011]. Numerical models of such thermal conditions 

suggest that even after subduction has ceased, the high temperatures observed in back arc 

environments like the Cordillera can persist for up to 300 Ma [Currie and Hyndman, 2006].

2.4.3 Seismic Anisotropy and Mantle Flow

In addition to inherent characteristics of the Cordillera and North American cratonic 

lithosphere, other factors, such as large-scale flow of the asthenosphere or mantle wind (i.e. 

motion of the asthenosphere relative to the overlying lithosphere), add to the complexity of the 

geodynamic environment and may affect the structure of the lithosphere. One indication of 

mantle flow patterns comes from seismic anisotropy. Mantle anisotropy results from the 

preferred orientation of mantle minerals, such as olivine and pyroxene, in response to shear strain 

[Savage, 1999]. Dislocation creep, an important mechanism for deformation in the mantle, 

occurs when imperfections in a crystal migrate through its lattice to the outer boundary of the 

crystal. This results in lattice preferred orientation (LPO) of olivine crystals, and consequently, 

anisotropy [Savage, 1999]. Seismic anisotropy occurs when phases of a wave travel at varying 

speeds depending on either the direction of travel or the polarization of the energy [Savage,

1999]. Seismic anisotropy can be measured using compressional (P-waves), shear (S-waves) or 

surface (Rayleigh or Love) waves. A large number of studies that explore seismic anisotropy in 

the mantle concentrate on polarization anisotropy in olivine using technique called shear wave 

splitting. It should be noted that anisotropy measurements have 180° of ambiguity, and thus the 
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direction of mantle flow inferred from seismic anisotropy also has 180° of ambiguity; 

additionally, seismic anisotropy can not be used to determine mantle flow velocity.

Based on observations of azimuthal anisotropy, Yuan and Romanowicz [2010a] and Yuan 

et al. [2010] have argued for the presence multiple anisotropic layers below the Cordillera. They 

suggest alignment of olivine fast axes below the Cordillera are in agreement with North 

American absolute plate motion to depths of ~70 to 100 km [Yuan and Romanowicz, 2010a; 

Yuan et al., 2011]. However, below the Cordillera at depths of ~ 150-200 km the fast axis 

orientation changes, and the fast axis orientation is aligned with absolute motion of the Pacific 

plate, suggesting mantle flow below the Cordillera may change direction with depth [Yuan and 

Romanowicz, 2010a; Yuan et al., 2011]. Interestingly, this change in azimuthal anisotropy also 

occurs at the Rocky Mountain Trench, which further suggests that mantle flow not only changes 

with depth but may also change laterally across the Cordillera-craton boundary [Yuan and 

Romanowicz, 2010a, 2010b; Yuan et al., 2011].

Seismic anisotropy for the Cordillera mantle also exhibits local variation. As shown in 

Figure 2.5b, within the central portion of the Cordillera backarc, shear wave splitting 

measurements yield fast directions that are oriented NE-SW [Currie et al., 2004; Courtier et al.,

2010; Gu et al., 2011]. This orientation is consistent with the direction of absolute plate motions 

between the overriding North American plate and the subducting oceanic Juan de Fuca plate

[Currie et al., 2004; Courtier et al., 2010; Gu et al., 2011]. Anisotropy in this region has been 

interpreted as the result a combination of deformation in the shallow portion of the overriding 

backarc mantle lithosphere and in the mantle wedge below [Currie et al., 2004]. Anisotropy 

measured using Rayleigh waves indicate that, within the lower crust of both the Cordillera 

backarc and the adjacent Foreland Belt (Figure 2.5a, 20 s), fast directions are aligned parallel to 
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the strike of the deformation front (NW-SE) and interpreted as evidence of ductile flow as a

consequence of the Laramide Orogeny [Bao et al., 2016]. More complex seismic anisotropy has 

been reported in the southern region of the Canadian Cordillera.

Null anisotropy in shear wave splitting data and low to null anisotropy in Rayleigh wave 

data have been reported below the southern portion of the Canadian Cordillera (shown by dashed 

black circles in Figure 2.5a) [Currie et al., 2004; Bao et al., 2016]. Several explanations have 

been proposed to explain the apparent lack of horizontal mantle anisotropy in this region. As 

previously discussed in Section 2.4.2, due to the high thermal gradient and the presence of slab-

derived fluids, the lithosphere of the Cordillera is thin (~60 km) [Bedle and Van Der Lee, 2009; 

Kao et al., 2013; Bao et al., 2014], and thus, deformation may occur via diffusion creep in the

asthenosphere, which does not produce mantle anisotropy [Currie et al., 2004]. Null 

measurements could also result from vertically directed mantle flow caused by the presence of a 

slab window, delamination of Cordillera lithosphere, edge-driven convection, or some 

combination of these mechanisms [Currie et al., 2004; Gu et al., 2011; Bao et al., 2016].

Overall, the observed seismic anisotropy in the Cordillera shows along-strike variation and is 

thought to be particularly complex below the southern Canadian Cordillera.
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Figure 2.5: Observations of seismic anisotropy from western Canada. a) Slices through combined tomographic 
inversion model of Rayleigh wave phase velocities overlain by azimuthal anisotropy from Bao et al. [2016]. The 
period corresponding to each slice is shown in the upper left-hand corner of each slice. The dashed circles at 70 s 
and 90 s indicate the region of observed null anisotropy discussed in text. The approximate depths within the 
Cordillera (LHS of map) and craton (RHS of map) lithosphere are indicated as follows; LC = Lower Crust, UM = 
Uppermost Mantle, M-LM = Middle to Lower Mantle, ~LAB = approximate Lithosphere-Asthenosphere Boundary 
below the craton. Note; the velocity scale indicates the percentage of perturbation relative to the average velocity for 
each period. Modified from Bao et al. [2016]. b) Shear velocity map (background grey-scale) overlain by olivine 
fast directions (black and white arrows) in the mantle lithosphere below Alberta from shear wave splitting study by 
Gu et al. [2011]. The location of seismic stations used in the study are indicated by dots and abbreviated station 
names, white arrows indicate regions potentially exhibiting two anisotropic layers. Dashed black lines indicate 
distinct anisotropic zones identified by Gu et al. [2011] and described in text. Modified from Gu et al. [2011].
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Complex seismic anisotropy is also reported from studies of the North American craton 

lithosphere. Rayleigh (Figure 2.5a) and shear wave splitting data (Figure 2.5b) indicate the

presence of two anisotropic layers and several regions of anomalous anisotropic patterns within 

the lithosphere of the North American craton [Currie et al., 2004; Courtier et al., 2010; Gu et al.,

2011; Bao et al., 2016]. An upper anisotropic layer with olivine fast directions oriented 

approximately N-S has been reported in many studies, and has been interpreted as “frozen” 

anisotropy representing fossil deformation that occurred during the accretion of the craton in the 

Paleozoic [Currie et al., 2004; Yuan and Romanowicz, 2010b; Gu et al., 2011; Bao et al., 2016].

Based on shear wave splitting parameters, this upper layer has been estimated to be between 

~140 km and 220 km thick [Currie et al., 2004; Yuan and Romanowicz, 2010b; Bao et al., 2016].

The lower layer of anisotropy has olivine fast directions that are oriented NE-SW and align with 

present-day relative motion of the North American plate [Currie et al., 2004; Yuan and 

Romanowicz, 2010b; Gu et al., 2011] and an estimated thickness of approximately 200 km 

[Currie et al., 2004; Bao et al., 2016]. Within the cratonic lithosphere below central and eastern 

Alberta, an anomalous region of anisotropy has been reported by Gu et al. [2011]. Olivine fast 

axes in this region appear to be tangentially aligned with a N-S oriented elliptical feature in the 

craton mantle lithosphere that Gu et al. [2011] interpret as the presence of a possible tectonic 

boundary within the craton lithosphere or a potential cratonic keel at the base of the mantle 

lithosphere which may locally disrupt mantle flow patterns. In addition to anisotropic anomalies 

in the deeper part of the cratonic lithosphere, other small-scale features (~50-200 km in length) 

have been identified and interpreted as being associated with surface and/or crustal tectonics 

[Courtier et al., 2010].
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The studies described above illustrate the lateral and vertical variations in radial and 

azimuthal anisotropy, observed in studies of both shear waves and Rayleigh waves below 

western Canada. Interpretation of these observations suggest complex mantle flow patterns that 

vary laterally and vertically within the lithosphere of the Cordillera and the North American 

craton. However, future investigation of seismic anisotropy is required to further constrain our 

understanding of these complex flow patterns and their influence on local and regional dynamic 

processes within the lithospheric domains of the Cordillera and North American craton and at the 

boundary between them.
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Chapter 3: Methods

3.1 Numerical Modelling Approach

Numerical modelling for this study are conducted using SOPALE, a two-dimensional, 

plane-strain finite element (FE) code [Fullsack, 1995; Beaumont et al., 2006]. The finite element 

algorithm uses an arbitrary Lagrangian-Eulerian (ALE) method to calculate large-scale 

deformation of the lithosphere, which is mathematically represented as viscous-plastic Stokes 

flow [Fullsack, 1995]. The ALE method combines the Lagrangian and Eulerian descriptions of 

motion of continuum mechanics. The Lagrangian description of motion uses a reference frame 

which tracks the motion of a particle in a continuum by recording the particle’s initial position 

(x) at some time (t), and then records its new position (x + ) at a later time (t + ) [Malvern,

1969]. In FE computations, the Lagrangian reference frame has several advantages; it allows for 

irregular geometry, tracking of material interfaces and easily enables free-slip boundary 

conditions [Fullsack, 1995; Duarte et al., 2004]. However, because the Lagrangian reference 

frame results in deformation of the Lagrangian mesh, instabilities arise when calculations 

involve large deformations within the domain of the model [Fullsack, 1995; Duarte et al., 2004].

Conversely, in the Eulerian description of motion, the reference frame is fixed in space, 

and therefore the mesh is rigid and does not undergo deformation over time [Malvern, 1969; 

Duarte et al., 2004]. When compared to the Lagrangian description of motion, the Eulerian mesh 

can be used to model large deformations [Fullsack, 1995; Duarte et al., 2004]. However,

because the reference frame is fixed at a point in space, two unfortunate consequences arise; 1)

material interfaces are not easily resolved, and 2) variable resolution in the model domain is 

difficult to implement in comparison to the Lagrangian method [Fullsack, 1995; Duarte et al.,

2004].
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The ALE algorithm used in SOPALE provides the advantage of combining the material

tracking capabilities of the Lagrangian method with the large deformation capabilities of the 

Eulerian method. The Eulerian mesh, which is fixed in space, is used to solve the constitutive 

equations of mass, momentum and energy, described below [Fullsack, 1995; Beaumont et al.,

1996]. The Eulerian mesh consists of quadrilateral elements, with a node positioned at each 

vertex. The horizontal position of the nodes remains fixed in space, and the horizontal resolution 

is constant over the model domain [Fullsack, 1995]. The side boundaries and bottom boundary 

of the Eulerian mesh are fixed. When a stress-free boundary is used for the top surface (as in the 

models in this study), topography can develop along the top boundary, resulting in vertical 

dilation of elements [Fullsack, 1995].

A Lagrangian pseudo mesh (so called here as it is not a true mesh) is used in order to 

track materials in the model domain [Fullsack, 1995]. The Lagrangian pseudo mesh consists of a 

cloud of points, such that each point represents a material particle in the model domain 

[Fullsack, 1995; Beaumont et al., 1996]. A specified number of Lagrangian particles are 

assigned to each element in the Eulerian mesh. When distortion of the particles reduces the 

number of Lagrangian particles in an Eulerian element, particles are injected into the model 

domain to maintain a minimum number of particles within each element [Fullsack, 1995]. For 

example, in the present study, a minimum of three Lagrangian particles are required in each 

Eulerian element; if the number of Lagrangian particles is less than three, four new Lagrangian 

particles (two along the horizontal edge and two along the vertical edge) are injected into the 

Eulerian element. The newly injected particles are assigned the thermal and material properties 

of the Eulerian element into which they have been injected.
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At each time step, Eulerian velocities combined with applied boundary conditions are 

used to advect the Lagrangian particles. This information is then used to update materials within

the Eulerian mesh [Fullsack, 1995]. Thus the Eulerian and Lagrangian meshes are iteratively re-

gridded via interpolation of their respective nodal values [Fullsack, 1995]. The rheological

properties of a given Eulerian element are updated using a “majority” rule which is dictated by 

the Lagrangian particles contained within said element; the density of the element is the average 

density of the Lagrangian particles [Fullsack, 1995]. Because particles are tracked by the 

Lagrangian pseudo mesh it is possible to model large magnitudes of particle displacement,

provided these displacements do not exceed resolution of the Eulerian mesh in a single time step, 

thus surface processes such as erosion and deposition can also be calculated with relative ease

[Fullsack, 1995]. It is important to note that the described method for calculating material 

advection in SOPALE is also applied to the calculation of the thermal field [Fullsack, 1995].

3.2 Governing Equations

As mentioned previously, the SOPALE code solves the viscous-plastic Stokes flow 

equations for creeping flows [Fullsack, 1995; Pysklywec et al., 2010b]. The system is governed 

by the equations of the conservation of mass, momentum and energy. The conservation of mass 

is described by the continuity equation, which is given by:

+ = 0 (3.1)

where is the density, t is time, i i is the divergence of the velocity field (vi). The index i is 

the component of the velocity field (i=1,2 for the 2D model) and repeating indices imply 

summation The SOPALE code makes use of the incompressibility assumption, which states that 
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the density of a material point (i.e. a Lagrangian particle) does not change over time [Gerya,

2010]. With this assumption, equation (3.1) reduces to:

= 0 (3.2)

If volume-changing phase transitions are absent and pressure and temperature changes are not 

very large, then the assumption of incompressibility is valid for numerical geodynamic models; 

however, it should be noted that this assumption results in a simplification of the modelled 

system [Gerya, 2010].

The conservation of momentum is described by the momentum equation:

+ = (3.3)

where ij is the stress tensor, xj is the position, is the density, and g2 is the downward 

acceleration of gravity. The SOPALE code assumes static equilibrium, which implies that the 

internal acceleration of the system is negligible, and thus equation (3) reduces to the form shown 

in Equation (4) below.

+ = 0 (3.4)

The assumption of static equilibrium is valid for highly viscous flows, like the Earth’s 

lithosphere over time scales of millions of years, in which gravitational forces and the viscosity 

are large enough to render the system’s internal acceleration negligible [Gerya, 2010].

Conservation of energy is described by; 

+ = + + + (3.5)
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where cp is the specific heat capacity at a constant temperature, T is absolute temperature, k is the 

thermal conductivity, A is the radiogenic heat production, and is the volumetric coefficient of 

thermal expansion. The term on the left hand side of Equation 3.5 represents the change in 

temperature over time ( ) and the heat advection ( ). The first term on the right 

hand side of Equation 3.5 is the heat conduction. The second term represents radiogenic heat 

production from decay of radioactive elements in the material (A). Shear heat production, which 

results from dissipation of mechanical energy as heat that occurs during material deformation,

can be described as the product of the deviatoric stress ( ij) and strain rate ( ij) and is 

represented by the third term in Equation 3.5, [Currie and van Wijk, 2016; Huismans and 

Beaumont, 2003]. An adiabatic temperature gradient is used to calculate the temperature at the 

base of the model domain, and this temperature is imposed as a boundary condition on the model

domain. Therefore, because the SOPALE code assumes incompressibility, the last term on the 

right-hand side of Equation 3.5 is used to correct for adiabatic heating (i.e. heat transport is 

purely convective) resulting from material that moves vertically with velocity v2 [Currie and van 

Wijk, 2016; Beaumont and Ings, 2012].

At each time step, Equation 3.5 is used to calculate the evolution of the temperature field 

in the models and Equation 3.2 and 3.3 are used to calculate the mechanical evolution (i.e., 

velocity and stress fields). It should be noted that the thermal and mechanical fields are coupled, 

as the model includes materials with a viscous rheology (see below), material movement 

redistributes radiogenic heat production, and deformation causes shear heating [Beaumont and

Ings, 2012; Currie and van Wijk, 2016].
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3.3 Rheology and Density Equations

All materials undergo frictional-plastic and viscous deformation. At each time 

step the deformation style is determined in SOPALE by calculating both frictional plastic and 

viscous yield stress; the lesser of the two values at each node determines the deviatoric stress,

and thus the mode of deformation [Pysklywec et al., 2010a]. The stress tensor here is defined as:

= + = + 2 (3.6)

where P is the pressure, ij is the deviatoric stress, ij is the Kronecker delta, eff is the effective 

viscosity, and is the strain rate tensor, which is given by:

= + (3.7)

Frictional plastic yield stresses ( y) are used at shallower depths where deviatoric stresses 

are high; under such conditions deformation occurs via brittle failure, and stress calculated using 

the Drucker-Prager yield criterion, defined as;

=  ( ) / = cos + sin (3.8)

where eff is the internal angle of friction and co is the material cohesion [Beaumont and Ings,

2012; Currie and van Wijk, 2016]. It should be noted that deformation in SOPALE is modelled 

as viscous creep; thus, brittle deformation is represented by a narrow viscous shear band over the

width of 1-2 elements, and the yield stress is used to calculate an effective viscosity [Fullsack,

1995; Beaumont et al., 2006].

At greater depths, deviatoric stress is reduced, and thus materials behave viscously. The 

viscous yield stress ( v) is defined by;



37

= 2 (3.9)

where is the second invariant of the strain rate tensor and eff is the effective viscosity. The 

effective viscosity is calculated in SOPALE using a power law expression for dislocation creep, 

which is given by;

= ( ) ( )/ ( ) (3.10)

where B* is pre-exponential factor, Q is activation energy, P is pressure, V* is activation volume, 

n is stress exponent, R is the gas constant, T is the temperature, f is a viscosity scaling factor that 

linearly scales the viscosity relative to experimentally derived values [Currie and van Wijk,

2016.; Beaumont et al., 2006; Pysklywec et al., 2010b]. This approach allows for the consistent 

use of well-constrained, experimentally derived flow laws, such that materials with rheologies 

that are weaker or stronger than the reference material can be represented by using the viscosity 

scaling factor (f) to reflect differences in rheological behaviour, without necessitating the use of 

additional parameters [Beaumont et al., 2006]. As described in detail by Beaumont et al. [2006],

the use of the viscosity scaling factor is understood to be representative of differences in bulk 

composition or water content in the modelled materials [Beaumont et al., 2006].

Because flow laws are experimentally derived, values often reported in terms of uniaxial 

laboratory conditions, in which the effective viscosity ( eff) is given by;

= ( ) ( ) (3.11)

where Auni is the uniaxial pre-exponential factor that is obtained from the laboratory 

deformation experiments. In contrast, the 2D SOPALE models assumes plane strain conditions.
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Therefore, the pre-exponential factor B* in Equation 3.10 is used to convert the experimental pre-

exponential factor (Auni) into a plane strain pre-exponential factor (Aps) [Beaumont et al., 2006].

Equation (3.13) gives the relationship between the pre-exponential factors used in SOPALE flow 

laws (B*), uniaxial flow laws (Auni) and plane strain flow laws (Aps), as shown below in Equation 

(3.12).

= / = ( ) / / (3.12)

For the present study, the rheology of mantle material is defined by the flow law of Hirth and 

Kohlstedt [2003] for dislocation creep of wet olivine, which includes a term for water content. 

The pre-exponential factor used here follows Currie and van Wijk [2016];

= ( ) / ( ) (3.13)

where COH is the water content of the material measured in ppm H/Si and r is the water content 

exponent. Thus, the pre-exponential factor allows for the water content of the material to be 

varied [Currie and van Wijk, 2016].

Material densities in the system are temperature dependent. At temperature T, the density 

is given by:

= 1 ( ) (3.14)

where o is a reference density, is the coefficient of thermal expansion, To is the reference 

temperature.
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3.4 Rheological Parameters for Model Materials

The rheological parameters of each material in the reference model are given in Table

3.1. The plastic deformation parameters follow those used in previous SOPALE studies [e.g., 

Beaumont et al., 2006; Beaumont and Ings, 2012; Currie and van Wijk, 2016]. Strain softening, 

which occurs when a materials strength decreases through time in response to continuous plastic 

shear strain, is incorporated into the modelled rheologies by linearly scaling the internal friction 

angle ( eff,) of Equation 3.8 [Huismans and Beaumont, 2003].

All of the viscous rheologies are based on flow law parameters from well-known 

laboratory experiments that have been extensively benchmarked for use with the SOPALE code 

[Beaumont et al., 2006]. The upper crust is modelled using the wet Black Hills quartzite 

rheology of Gleason and Tullis [1995]. An effective viscosity scaling factor of f = 5 is used to 

reflect the fact that in general the upper crust contains minerals more mafic than quartz and is 

less hydrated than wet quartz [Beaumont et al., 2006]. The dry Maryland diabase of Mackwell et 

al. [1998] is used to represent the rheology of the lower crust with a viscosity scaling factor f =

0.1, which benchmarked in SOPALE, and is found to closely resemble the rheological behaviour 

of a granulite with an intermediate composition [Beaumont et al., 2006]. The mantle lithosphere 

and sub-lithospheric mantle are modelled using rheology values reported from laboratory 

experiments on synthetic olivine aggregates by Hirth and Kohlstedt [2003]. As noted above, this 

flow law includes a term for water content. As a reference, it is assumed that the mantle is 

partially hydrated, with a water content of 1000 ppm H/Si. It should be emphasized that this does 

not imply that the mantle lithosphere is composed entirely of olivine. However, olivine 

represents ~60% or more of the modal mineralogy of mantle rocks and is therefore considered 

the rate-determining mineral for diffusion creep in the mantle [Bürgmann and Dresen, 2008].
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The mantle lithosphere of the left (Cordillera) and right (craton) hand sides of the model domain 

are assigned a reference density of = 3250 kg/m3 and a viscosity scaling factor of f = 1.

Table 3.1: Viscous and plastic rheology material properties used in the reference model for model experiments

Parameter Upper Crust Lower Crust Mantle 
Lithosphere

Sub-
Lithospheric 

Mantle

Viscous Rheology

Stress Exponent; n 4.0 4.7 3.5 3.5

Uniaxial Pre-
Exponential Factor; 

Auni (Pa-n/s)
1.10×10-28 5.05×10-28 9.00×10-20 9.00×10-20

Plane Strain Pre-
Exponential Factor; 

Aps (Pa-n/s)
8.57×10-28 5.78×10-27 2.12×10-15 2.12×10-15

Pre-Exponential 
Factor; B* (Pa·s1/n) 2.92×106 1.91×105 7.79×103 7.79×103

Activation Energy; Q
(J/mol) 223000 485000 480000 480000

Activation Volume; 
V*(m3/mol) N/A N/A 1.1×10-5 1.1×10-5

Viscosity Scaling 
Factor(f) 5.0 0.1 1 1

Plastic Rheology

Cohesion Co 20 0 0 0

Effective Internal 
Angle of Friction; eff

15-2° 15-2° 15-2° 15-2°
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Table 3.2: Thermal properties used for the reference model

Parameter Upper 
Crust

Lower 
Crust

Mantle 
Lithosphere

Sub-
lithospheric 

Mantle

Thermal Parameters

Thermal Conductivity; k
(W/m·K) 2.5 2.5 2.5 2.5

Heat Production; A 3) 1.1 0.4 0 0

Specific Heat; cp (J/kg·K) 1250 1250 1250 1250

Temperature Dependent Density

Reference Density at To; o
(kg/m3) 2800 3000 3250 3250

Reference Temperature; To
(°C) 627 627 1327 1327

Volumetric Thermal 
Expansion Coefficient;

(K-1)
3.0×10-5 3.0×10-5 3.0×10-5 3.0×10-5

3.5 Boundary and Initial Conditions

The initial geometry of the numerical models for this study is shown in Figure 3.1. The 

model domain is 2400 km in length and extends to a depth of 900 km. Across the entirety of the 

model domain, the upper and lower crust were assigned constant thicknesses of 20 km and 15 

km, respectively. Although in reality the craton has a crustal thickness of ~10 km greater than the 

Cordillera (see Section 2.4.1), a uniform crustal thickness is chosen to simplify the model and
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isolate the effects of differing mantle lithosphere thickness and rheology at the boundary 

between the Cordillera and North American craton. The mantle lithosphere on the left hand side 

of the model domain corresponds to the Cordillera and has a thickness of 25 km, whereas the 

mantle lithosphere on the right hand side of the model domain corresponds to the North 

American craton and has a thickness of 215 km. Thus, the Cordillera and North American craton 

have total lithosphere thicknesses of 60 km and 250 km. respectively, and a step in the 

lithosphere of 190 km occurs at the boundary. An initially vertical craton margin geometry was 

used for simplicity in the model design, as well as to preclude an initially west dipping margin 

geometry that is simply maintained during the experiments. These initial lithosphere thicknesses 

are consistent with observations from geophysical data discussed in Chapter 2.

The models use an Eulerian mesh that has a horizontal resolution of 10 km over the 

whole model domain, whereas the vertical resolution decreases with depth. The upper 50 km has 

a resolution of 2.5 km, decreasing to 5 km from 50-400 km depth and then decreasing to 15 km 

resolution from 400-700 km. Finally, a 20 km resolution is used in the bottom 200 km of the 

model domain, which extends to a total depth of 900 km.
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Figure 3.1: Initial geometry, boundary conditions and material parameters used in the reference model. The upper 
crust is shown in yellow, the lower crust is shown in green, and the mantle lithosphere is shown in blue and light 
blue for the Cordillera and craton, respectively. The location of the modelled Moho is indicated by a dashed red line. 
Note that a vertical exaggeration of 5:1 is used.

Numerical experiments are conducted in two phases; an initialization phase, followed by 

an experimental phase. During the initialization phase, the 2D thermal structure is computed and

the model domain is isostatically balanced. The temperature structure is calculated based on 

material thermal properties and assigned boundary conditions (Figure 3.1). The thermal 

properties of the Cordillera lithosphere (crust and mantle) are given in Table 3.2. For the craton, 

an artificially high thermal conductivity of k = 5.989 W/m·K is assigned to the upper crust, lower 

crust and mantle lithosphere. This conductivity is chosen in order to create an initial geothermal 

gradient that is compatible with the 250 km lithosphere thickness (i.e., the base of the lithosphere 

coincides with the adiabatic mantle temperature at this depth). This approach is needed because 
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the SOPALE code does not permit lateral heat flux variations from the sub-lithospheric mantle, 

which is assigned a value of 32 W/m·K. After the initial thermal structure is calculated, the 

model is run for 200 Ka in order to allow for isostatic adjustment. For this, a free-slip boundary 

is applied to the right hand side of the model domain. The free slip condition allows the craton to 

sink, owing to its cooler temperatures and thus higher density than the adjacent mantle. In the 

reference model, the craton sinks by ~3.5 km, creating a topographic step at the Cordillera-craton 

boundary.

After the initialization phase, the thermal conductivity of materials in the craton and 

Cordillera is assigned a value of k = 2.5 W/m·K, as shown in Table 3.2. Both the left and right 

hand sides of the model are assigned to be no-slip boundaries, which are thermally insulated. 

This means that there is no heat flux through the sides of the model domain. The base of the 

model domain is also assigned a no-slip boundary, and a temperature of 1660°C, which 

corresponds to the adiabatic temperature at 900 km depth. The top surface of the model has a 

fixed temperature of 0°C and is stress free. This means that both horizontal and vertical 

velocities are permitted on this boundary. This condition allows for the formation and evolution 

of topography during the experiments.

Numerical modelling experiments are then carried out to observe how the thermal and 

rheological transition from the Cordillera to the craton margin changes over time. Two aspects 

are of particular interest: (1) the stability of the craton margin (i.e., can a sharp change in 

lithosphere thickness be maintained) and (2) is there a set of conditions under which the step 

between the Cordillera and craton evolves to a west-dipping (i.e. toward the Cordillera) 

geometry, as suggested by the seismic observations (see Section 1.1). For this, a range of 

densities and viscosity scaling factors are applied to the craton mantle lithosphere, representing 
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varying degrees of chemical depletion and dehydration, respectively. The effects of dynamic 

processes, such as mantle wind and crustal shortening, on the geometry of the lithosphere step 

are also examined. In total approximately 400 numerical modelling experiments are conducted 

and numerical solutions are calculated over 200 Ma of geologic time. A time scale of 200 Ma is 

chosen to reflect the onset of subduction along the Cascadia subduction zone [Monger and Price,

2002; Dickinson, 2004].
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Chapter 4: Model Results

4.1 Overview of Models

The numerical modelling results from this study focus on how the geometry of the craton

margin evolves through time. The results of the reference model are presented first to examine 

effects related to gravitational instability of the lithosphere. Then a series of modelling 

experiments are presented to emphasize the effects of varying the viscous strength and density of 

the craton mantle lithosphere relative to the surrounding sub-lithospheric mantle. Then the 

response and sensitivity of the craton margin to large-scale horizontal mantle flow (mantle wind)

and crustal shortening are considered.

For each model, the craton margin geometry is quantified by measuring its dip relative to 

the horizontal (see Figure 4.1). The dip of the craton mantle lithosphere is measured primarily by 

considering the orientation of the 1300°C isotherm between 100 km and 220 km depth at the 

westward margin of the craton, which is coincident with the material boundary in most cases (i.e.

the boundary between particles of cratonic mantle lithosphere and sub-lithospheric mantle). 

Exceptions occur when material that is dripping away from the craton margin causes significant 

deflection of the 1300°C isotherm in a way that does not reflect the geometry of the materially-

defined craton margin. In such cases the material boundary is used to measure dip angles. This 

approach is used for two reasons: 1) it ensures consistency in angle measurements, which allows 

for direct comparison between individual numerical models; and 2) within the upper mantle, 

seismic velocities are highly sensitivity to temperature, whereas the effects of composition can 

be considered secondary [Goes and Van Der Lee, 2002; Cammarano et al., 2003], which is 

important when comparing the numerical models with seismic tomography models.
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Figure 4.1: Schematic diagram showing the classification system used for measuring craton margin dips. Craton 
margins whose dips are <75° are considered east dipping. East dipping craton margins have been further sub-divided 
into shallow (<45°) and steep (45-75°). A craton margin whose dip is 75-105° is considered vertical and only craton 
margins with dips exceeding 105° are considered west-dipping. Note that east and west directions correspond to the 
right and left hand sides of the mode, respectively, and that the initial position of the Cordillera-craton boundary 
used to delineate east and west directions. The colour scheme assigned here to each dip category is used in 
subsequent figures; light grey = shallow (<45°), grey = steep (45-74°), black = vertical (75-105°), red = west 
dipping (>105°).

Craton margin dip measurements are classified into four categories which are shown 

schematically in Figure 4.1: 1) craton margins that dip eastward (i.e. toward the right hand side 

of the model domain) at angles <45° relative to the surface are considered shallow; 2) eastward 

dip angles that fall between 45 and 75° are considered steep; 3) dip angles between 75 and 105°

are considered vertical; and 4) craton margins with dip angles >105° are considered as west-

dipping. The use of categorized dip angles as opposed to exact measurements is deliberate; 

resolution disparities between the seismic tomography models of Chen et al. [submitted 

manuscript 2016] and the numerical models of this study do not allow for direct comparison of 
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precisely measures angles. Thus, categories are used to avoid inappropriate comparisons between 

numerical models and tomography models.

4.2 Reference Model

The results for the reference model, which uses the parameters given in Tables 3.1 and 

3.2, are shown in Figure 4.2. It is important to note that in the reference model there is no 

difference in rheological parameters or density between the craton mantle lithosphere and the 

surrounding mantle materials (i.e. the sub-lithospheric mantle and Cordillera mantle lithosphere). 

Furthermore, there are no velocities imposed on boundaries of the model, and thus motion of 

material throughout the evolution of the model is a direct result of thermally-induced convection.

At t = 0 Ma, a convection cell has already initiated in the sub-lithospheric mantle of the 

reference model and the most vigorous flow is concentrated at the sharp edge of the craton 

mantle lithosphere. The concentration of flow at the edge of the craton mantle lithosphere is 

caused by the lateral temperature gradient between the craton and the surrounding sub-

lithospheric mantle [King and Anderson, 1998]. The cold temperatures in the craton mantle 

lithosphere create gravitational instability, as thermal contraction makes the craton mantle 

lithosphere denser than the underlying sub-lithospheric mantle by approximately +52 kg/m3

(compared to approximately +22 kg/m3 for the Cordillera). This results in edge-driven 

convection, with downwelling of cold material along the edge of the craton mantle lithosphere 

and upwelling of hot material below the Cordillera mantle lithosphere [King and Anderson,

1998]. Thus a clockwise convection cell forms at the step in the lithosphere. By 50 Ma, the 

craton mantle lithosphere has undergone extensive erosion caused by downwelling of thermally 

unstable craton mantle lithosphere. The dip of the craton margin has been reduced to <45°, and 

thinning of the mantle lithosphere by ~50 km is seen not only at the craton margin, but up to 
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~200 km inboard of the craton. By contrast, the mantle lithosphere of the Cordillera remains 

comparatively intact; minor thinning and downwelling of mantle lithosphere material only 

occurs close to the craton margin, where edge-driven convection occurs.

Thinning of the craton mantle lithosphere by 50 km or more is pervasive at 100 Ma of 

model evolution, extending ~600 km into the craton and convection at the edge of the craton 

margin has further decreased the dip angle of the craton margin. At t = 150 Ma, thinning of the 

craton mantle lithosphere extends 800 km inboard of the craton margin, with the greatest degree 

of thinning occurring within 300 km of the boundary between the craton and Cordillera 

lithosphere. By 200 Ma of model evolution, the mantle lithosphere of the craton has been thinned 

by ~50-100 km or more over its entire lateral extent, as convection cells in the sub-lithospheric 

mantle have migrated away from the initial position of the craton margin and toward the interior 

of the continent. Interestingly, due to its high temperature (and thus minor thermal density 

contrast), the Cordillera mantle lithosphere remains largely intact. The dip angle of the craton 

margin remains shallow throughout the evolution of the reference model, dipping below 45° after

less than 20 Ma.
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Figure 4.2: Evolution of the reference model over 200 Ma shown at 50 Ma intervals. Colours represent materials 
assigned to the model domain as outlined in Tables 3.1 and 3.2; the upper crust is shown in yellow, the lower crust is 
shown in purple, and the mantle lithosphere is shown in green. The scale for the material velocity vectors (black 
arrows) is shown in the white box in the bottom right-hand corner. Temperature contours are shown as black lines at 
200°C intervals.
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4.3 The Effects of Strong Mantle Lithosphere

In the reference model, the initially vertical boundary between the Cordillera and craton 

is rapidly erased by thermal convection. After 50-100 Ma, the transition from thin to thick 

lithosphere occurs over a lateral distance of ~300 km, with the boundary dipping eastward (i.e. 

toward the interior of the craton, refer to Figure 4.1). This is inconsistent with seismic data of the 

craton edge in western Canada and other places, which show a sub-vertical lithosphere step 

[Currie and Wijk, 2016, and references therein] or one which dips westward (Figure 1.2). 

Therefore; numerical modelling experiments are conducted in which the strength of the craton 

mantle lithosphere is increased, in order to determine if a higher viscosity can prevent the 

convection-driven erosion of the lithosphere step seen in the reference model (Figure 4.2).

The reference model uses a damp olivine rheology for the mantle lithosphere, which has 

a water content of 1000 ppm H/Si. The viscous strength of olivine increases as the water content 

decreases [Hirth and Kohlstedt, 2003], as shown in Figure 4.3a. Xenolith and other data suggest 

that the mantle lithosphere below cratons may be relatively dry [Karato, 2010; Wang, 2010]. The 

models presented below investigate the effect of drier (and therefore stronger) craton mantle 

lithosphere by using the scaling factor of Equation 3.11 to linearly increase the effective 

viscosity. In these experiments, the relative strength of the craton mantle lithosphere is varied 

relative to the reference value by factors of 2, 5, 10, 15 and 20. The relationship between the 

scaling factor used in the numerical models and the water content of olivine is shown in Figure

4.3b, and indicates that a dry olivine rheology is ~5-40 times stronger than the reference damp 

olivine.
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Figure 4.3: a) The relationship between effective viscosity and water content of olivine (concentration of OH in 
ppm H/Si) given in the numerical modelling experiments for this study. b) The relationship between the viscosity 
scaling factor (f) of Equation 3.11 and the water content of olivine (COH=1000 ppm H/Si); this is calculated by 
dividing the viscosity profile for each water content by the reference damp olivine rheology. Calculations assume a 
craton geotherm and a strain rate of 1.0 × 10-15s-1.

The results for increasing the strength of the craton mantle lithosphere by factors of 5 and 

20 are shown in Figure 4.4a and b, respectively. In comparison with the reference model,

increased strength of the craton mantle lithosphere results in thermally-driven convection that is 

more spatially confined to the craton margin at 0 Ma, and convective flow velocities are 

significantly reduced. In particular, increased strength by a factor of 20, confines flow of 

material in the sub-lithospheric mantle is to the edge of the craton margin, only extending to a 

depth of ~250 km, and there is little deformation of the surrounding craton mantle lithosphere 

(Figure 4.4b, 0 Ma). At lower strengths, convection affects both the craton mantle lithosphere

and the surrounding mantle (Figure 4.4a, 0 Ma). After 50 Ma, the craton margin maintains steep 

(45-75°) dip for strength increases by both a factor of 5 and 20; however, neither successfully 

maintains a vertical dip and no west-dipping margins are observed. When strength is increased 

by a factor of 5, a steep dip angle is maintained for 90 Ma, but dips shallowly by 100 Ma. In 
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contrast, increasing strength by a factor of 20 allows a vertical margin to persist for 30 Ma and a 

steep craton margin is maintained throughout the model evolution. Increased strength also results 

in less downwelling of craton mantle lithosphere material throughout the modelled time span. 

Therefore, the results of the numerical models suggest that two important consequences of 

strengthened craton mantle lithosphere are the persistence of both lithosphere thickness and a 

steeply dipping craton margin.

Figure 4.4: Results for increasing the relative strength of the craton mantle lithosphere by a factor of a) f = 5 and b) f
= 20. Note that all other material/thermal parameters used are the same as those in the reference model (Table 3.1 
and 3.2) and no velocity boundary conditions are imposed on the model, thus all velocities are a direct result of 
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thermally-induced mantle convection. The 10 cm/yr velocity vector shown in the white box in column b) at t = 0 Ma 
is included for scale.

A summary of the results for all strength values tested is shown in Figure 4.5. Vertical 

craton margins are only observed when the strength of the craton mantle lithosphere is greater 

than the surrounding mantle by a factor of 5 or more, and no west-dipping craton margins are 

observed for any of the tested strength values. Although a dry olivine rheology is 5-40 times 

stronger than the reference strength (Figure 4.3), it is unlikely that the craton mantle lithosphere 

is completely dry. Laboratory measurements of water contained in olivine from kimberlite 

mantle xenoliths indicate that the mantle lithosphere below cratons contains an average of ~17 ± 

13 ppm H20, which corresponds to ~270 ± 200 H/106Si [Wang, 2010] and a modelled strength 

factor of between 1 and 2 (Figure 4.3). However, Karato [2010] argues that because kimberlite 

magmas tend to be rich in volatiles, mantle xenoliths from kimberlites can overestimate cratonic 

mantle lithosphere water content, and that electrical conductivity and olivine fabrics are more 

consistent with water contents no greater than ~10 ppm H2O (i.e. ~150 H/106Si or less) 

Therefore, despite the fact that a completely dry olivine rheology is up to ~40 times stronger than 

the reference damp olivine, strengths 5-20 times greater are probably more realistic for typical 

craton mantle lithosphere.
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Figure 4.5: Measured dip angle of the craton margin through time for experiments in which the strength factor
(viscosity scaling factor f of Equation 3.11) of the craton mantle lithosphere is increased. Light grey dots indicate 
shallow dip angles (<45°), grey dots indicate steep dip angles (45-75°) and black dots indicate vertical dip angles 
(75-105°). Note that when the reference density (3250 kg/m3) is used, no west-dipping craton margins are observed 
for any of the tested strength values.

4.4 The Effects of Buoyant Mantle Lithosphere

Increasing the strength of the craton mantle lithosphere in the previous set of modelling 

experiments helped to increase the longevity of a steeply dipping craton margin and vertical 

geometries are observed when strength is increased by a factor of 5 or greater. However, none of 

the tested strength increases successfully maintains a vertical craton margin for more than 30 Ma 

and no west-dipping craton margins are observed (Figure 4.5). This is inconsistent with seismic 

data that suggests the craton margin has a nearly vertical to west-dipping geometry throughout 

the southern Canadian Cordillera (Figure 1.2); furthermore, it has been suggested that the craton 

margin has been stable for ~50 Ma or longer [Bao et al., 2014]. Therefore, experiments are 

presented in which the density of the craton mantle lithosphere is reduced relative to the 

surrounding mantle to test the effects of increased mantle lithosphere buoyancy and to determine 

if buoyant mantle lithosphere can increase the durability of the craton margin and/or produce a 

west-dipping geometry.
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Chemical depletion through metasomatic processes (e.g. partial melting) reduces the 

density of mantle lithosphere material, and the degree of mantle lithosphere depletion has been 

shown to increase with age [Poudjom Djomani et al., 2001]. As discussed in Section 2.1, the 

tectonic domains of the North American craton that form the craton margin are of Archean and 

Proterozoic age. Geochemical studies of mantle xenoliths indicate that Archean aged craton 

mantle lithosphere becomes progressively depleted in iron relative to cratons of Proterozoic age; 

moreover, both show chemical depletion relative to a primitive mantle composition [Poudjom 

Djomani et al., 2001, 2005]. Using the estimates of Poudjom Djomani et al. [2001], this 

corresponds to a density reduction of ~1.9-2.8% and ~0.6-1.7% for Archean and Proterozoic 

craton mantle (relative to primitive mantle) lithosphere, respectively.

In the present study, the reference density of the craton mantle lithosphere is decreased 

relative to the surrounding mantle lithosphere by 50 kg/m3 in steps of 10 kg/m3. This range of 

densities is equivalent to a density reduction of ~0.3-1.54% relative to the reference density 

(Table 3.1) or ~0.7-1.9% relative to a primitive mantle composition [Poudjom Djomani et al.,

2001]. Figure 4.6 shows the evolution of a craton margin that is 5 times stronger than the 

reference model for density reductions of 30 kg/m3 (Figure 4.6a) and 50 kg/m3 (Figure 4.6b).

These models can be compared to the model in Figure 4.4a, in which the craton mantle 

lithosphere has a strength of f = 5 and the standard reference density. In all of these models, the 

craton mantle lithosphere is gravitationally unstable and the craton margin deforms during model 

evolution. However, density plays an important role in determining the fate of the detached 

material.
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Figure 4.6: Results of numerical experiments for reducing density for a craton mantle lithosphere that is 5 times 
stronger than the reference model. a) The reference density reduced by 30 kg/m3 and b) the reference density 
reduced by 50 kg/m3. Note that the scale for velocity vectors in the models is given by the 10 cm/yr velocity vector 
in the white box located in the lower right-hand corner of column b) at t = 0 Ma.

For a craton mantle density that is 50 kg/m3 less than the reference value, vigorous 

convection is observed along the craton margin at 0 Ma (Figure 4.6a). Although it maintains a 

steep angle, mantle lithosphere that is 50 kg/m3 less dense than the sub-lithospheric mantle is too 

buoyant to sink downward. Thus, despite the fact that it is cold, the buoyant material upwells as 

it drips away from the craton margin and accumulates below the Cordillera mantle lithosphere, 

which becomes gravitationally unstable as a result. By 150 Ma, the upwelling buoyant material 
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has spread laterally to infill the step in the lithosphere reducing the craton margin to a shallow 

dip. Furthermore, the boundary between the Cordillera and craton has migrated westward by 

~100-150 km. Westward migration of the boundary in the models may be significant, as it 

suggests the sub-surface location of the current Cordillera-craton boundary may not correspond 

to the present-day location of the boundary at the surface (i.e. the Rocky Mountain 

Trench/Tintina Fault system).

The results for an intermediate density reduction of 30 kg/m3 (Figure 4.6b) exhibit a 

combination of the two end-member densities discussed above. Downwelling material is a mix 

of both Cordillera and craton mantle lithosphere. Less material is removed throughout the 

evolution of the numerical model compared to the reference density (Figure 4.4a) because the 

compositional reduction in density is large enough to counteract the increase in density caused 

by thermal contraction. Vigorous convection at the lithosphere step combined with increased 

buoyancy of the material successfully produces a west-dipping craton margin by 50 Ma. A small 

amount of upwelling material that has been removed from the edge of the craton margin begins 

to accumulate at the step in the lithosphere at 100 Ma; however, a westward dip is maintained 

throughout most of the evolution of the numerical model. Mantle lithosphere that is 30 kg/m3

less dense that the reference density is too buoyant to quickly sink into the sub-lithospheric 

mantle, but it is also dense enough to prevent rapid upwelling (Figure 4.6a), as observed when 

density is reduced by as much as 50 kg/m3(Figure 4.6b). The intermediate density value 

successfully produces and maintains a shallowly westward dipping craton margin over time 

scales >100 Ma, but the angle does not exceed ~115°.

The results of all numerical modelling experiments in which the density and relative 

strength of the craton mantle lithosphere are varied relative to the reference values are 
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summarized in Figure 4.7. Under the influence of thermal convection alone, the results suggest 

that relative to the reference model, both increased buoyancy and strength are required to 

produce and maintain near vertical to west-dipping craton margin geometries. Mantle lithosphere 

that is highly buoyant (i.e. -50 kg/m3 relative to the reference value) causes upwelling at the 

craton edge and under-plating adjacent to the lithosphere step, which erodes the craton margin. 

Conversely, mantle lithosphere that is dense (i.e. the reference value) causes erosion of the 

craton margin via a downwelling Rayleigh-Taylor type instability. Similarly, if the craton mantle 

lithosphere is weak (i.e. f 2), the craton margin is quickly eroded by thermal convection at the 

lithosphere step, and if the mantle lithosphere is too strong (i.e. f 15) a west-dipping craton 

margin can not be produced, even if it is highly buoyant. Overall, the numerical models suggest 

that the optimal balance between buoyancy and strength for producing a west-dipping craton 

margin is when the craton mantle lithosphere is approximately 30 kg/m3 less dense and ~5-15

times stronger than the reference values.
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Figure 4.7: Diagrams summarizing the evolution of modelling experiments for all tested combinations of varying 
the density (y-axis) and strength (x-axis) of the craton mantle lithosphere relative to the reference model at; a) t = 50 
Ma, b) t = 100 Ma, c) t = 150 Ma, and d) t = 200 Ma. Colours are used to indicate the dip angle of the craton margin; 
light grey circles represent shallow dip angles(<45°), grey circles represent steep dip angles (45-75°), black circles 
represent vertical dip angles (75-105°) and red circles represent west-dipping craton rmargins (>105°).

4.5 The Effects of Mantle Wind

In the modelling experiments described above, there is no relative motion between the 

continental mantle lithosphere and the underlying sub-lithospheric mantle. In those experiments

only a narrow range of tested strength increases and density reductions preserve vertical craton 

margins or produce west-dipping craton margins, for all other tested values the craton margin is 

gradually eroded to an eastward dip. Therefore, the effects of large scale mantle flow and/or 
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relative plate motion (referred to here as mantle wind) on the evolution of the craton margin are 

also considered. The numerical models are solved in a continental reference frame; thus mantle 

wind is incorporated into the models by imposing a velocity boundary condition on the sub-

lithospheric mantle.

As discussed in Section 2.4.3, observed seismic anisotropy provides evidence for mantle 

flow. Studies of azimuthal anisotropy in the mantle below North America indicate a change in 

mantle flow patterns across the Cordillera-craton transition, coinciding approximately with the 

Rocky Mountain Front [Yuan and Romanowicz, 2010a, 2010b; Yuan et al., 2011]. Below the 

Cordillera, strong azimuthal anisotropy is observed at depths of ~70-100 km, and is aligned with 

the absolute plate motion of the North American plate (i.e. NE-SW); however, in the ~100-150

km depth range the fast axis becomes approximately aligned with the absolute motion of the 

Pacific plate [Yuan and Romanowicz, 2010a; Yuan et al., 2011]. In the craton, weak azimuthal 

anisotropy is observed at depth shallower than ~200 km, but becomes strong at ~250 km 

(approximately corresponding to the lithosphere-asthenosphere boundary) and is also aligned 

with absolute plate motion on the North American plate [Yuan and Romanowicz, 2010b; Yuan et 

al., 2011]. Unfortunately, seismic anisotropy can only delineate the trend in mantle flow, not the 

direction of flow (i.e. NE to SW or SW to NE directed flow). Several authors have used models 

that combine GPS data, seismic anisotropy, and geodynamic models of mantle convection, and 

provide estimated present-day mantle flow velocities of ~0.2-5.5 cm/yr below North America, 

but there is no consensus on the direction of flow [Silver and Holt, 2002; Conrad et al., 2004; 

Eaton and Frederiksen, 2007]. Thus numerical modelling experiments for this study test a range 

of mantle wind velocities in both west-to-east and east-to-west directions.
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Figure 4.8: The influence of the range of tested mantle flow velocities on the geometry of the craton margin after 
100 Ma of model evolution. Mantle wind velocities are shown for both a) an east to west directed flow, and b) a 
west to east directed flow. The craton mantle lithosphere is 5 times stronger and 20 kg/m3 less dense than the 
reference model. Imposed velocity boundary conditions are shown in the lower left-hand corner of each model, and 
all models use the same velocity scale, indicated by the 10 cm/yr velocity vector shown in the white box in the top 
right-hand corner of the 0 cm/yr model plot in b).

Mantle wind velocities of 0.5 cm/yr, 1 cm/yr, 2 cm/yr and 4 cm/yr are tested on all 

density and strength combinations presented in sections 4.3 and 4.4, and flow is tested in both 

the east-west and west-east directions (i.e. right to left and left to right through the model 

domain, respectively) for a total of 288 experiments. Figure 4.8 shows the results for mantle 

lithosphere that is 5 times stronger and 20 kg/m3 less dense than the reference model after 100
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Ma of model evolution. In the absence of mantle flow (i.e. a mantle wind of 0 cm/yr), this 

particular combination of density and strength produces a shallowly dipping (<45°) craton 

margin (Figure 4.7 and top row of Figure 4.8). The deformation and removal of the craton 

lithosphere results in gravitational instability. The addition of horizontal mantle flow shears the 

base of the craton mantle lithosphere and alters the style of the removal process. In general, 

mantle wind slows the descent of removed craton mantle lithosphere material through the sub-

lithospheric mantle; however, this effect is highly sensitive to direction and, to a lesser degree,

speed of the imposed flow.

When mantle wind is directed east-to-west (or right to left through the model domain),

removed mantle lithosphere material is pushed westward as it drips away from the craton (Figure 

4.8a). In addition, the clockwise convection cell at the edge of the craton margin is intensified, as 

the flow of mantle material is drawn into this region by a lower pressure gradient. If mantle flow 

is less than 2 cm/yr, this westward push and clockwise convection cell help prevent erosion of 

the craton margin and its initially vertical geometry is maintained. At velocities of 2 cm/yr,

mantle wind is too slow to induce significant shearing on the lithosphere. The gravitational 

effects (i.e. the high thermal density of the cratonic mantle lithosphere) dominate dynamics, and 

material sinks into the sub-lithospheric mantle as in the case without mantle wind. This prevents 

the development of a west-dipping craton margin. Conversely, a mantle wind velocity of 4 cm/yr 

is much larger than the velocities associated with convective flow. In this case, the destabilizing 

lithosphere is sheared and any mantle lithosphere that dips away from the bottom of the craton is 

carried sideways as it descends. This prevents it from sinking to depths greater than ~600 km,

and overall, the margin maintains a near vertical geometry such that no westward dip is 

observed. For the model shown in Figure 4.8a, a velocity of 2 cm/yr is the only mantle wind 
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velocity that successfully produces a west-dipping craton margin. In this case, corner flow at the 

lithosphere step is balanced by the westward push of the mantle wind; mantle flow is fast enough 

to entrain the downwelling cold lithospheric material, but not so fast that the material is 

immediately removed from the craton margin. Thus, the drip is carried away sideways below the 

Cordillera, and the geometry of the craton margin evolves to a westward dip (~105-110°).

The effects of mantle wind that flows from west-to-east (or from left to right through the 

model domain) are shown in Figure 4.8b. Contrary to the westward flow discussed above, 

eastward mantle wind generally enhances erosion of the craton margin for the range of tested 

velocities. This is because the edge of the lithosphere step is entirely exposed to erosion from 

both convective and mantle wind flow velocities. In contrast, when flow is in the opposite 

direction the step is protected from mantle wind. Furthermore, material that is eroded from the 

edge of the lithosphere step is re-deposited along the base of the craton lithosphere as it is 

transported eastward, resulting in locally thickened craton mantle lithosphere. When a velocity of 

0.5 cm/yr is imposed on the model, upward flow of material resulting from convection at the 

lithosphere step is counteracted by the eastward flowing mantle wind, and thus the craton margin

maintains a vertical geometry. All other mantle wind velocities tested result in craton margin that 

dips shallowly eastward (<45°) for the combination of density and strength shown in Figure 4.8b.
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Figure 4.9: Diagrams summarizing and comparing the evolution of craton margin geometry in numerical modelling 
experiments for three tested velocities of mantle wind flowing in an east to west direction. a) Evolution of the 
models after 50 Ma for mantle wind velocities of 1 cm/yr (top), 2 cm/yr (middle) and 4 cm/yr (bottom); b) same as 
in a) but at 100 Ma of model evolution; c) same as in a) and b) but at 200 Ma of model evolution. Circles represent 
tested combinations of increased strength (i.e. viscosity scaling factor (f) of Equation 3.11) and decreased density, 
relative to the reference values. Colours represent the dip angle of the craton margin; light grey = shallow dip 
(<45°), grey = steep dip (45-75°), black = vertical (75-105°) and red = west-dipping craton margins (>105°).
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Figure 4.10: Diagrams summarizing and comparing the evolution of craton margin geometry in numerical 
modelling experiments for three tested velocities of mantle wind flowing in a west-east direction. a) Evolution of the 
models after 50 Ma for mantle wind velocities of 1 cm/yr (top), 2 cm/yr (middle) and 4 cm/yr (bottom); b) same as 
in a) but at 100 Ma of model evolution; c) same as in a) and b) but at 200 Ma of model evolution. Circles represent 
tested combinations of increased strength (i.e. viscosity scaling factor (f) of Equation 3.11) and decreased density, 
relative to the reference values. Colours represent the dip angle of the craton margin; light grey = shallow dip 
(<45°), grey = steep dip (45-75°), black = vertical (75-105°) and red = west-dipping craton margins (>105°).

A summary of modelling results for all mantle wind experiments are shown in Figures 

4.9 and 4.10 for eastward and westward directed mantle flow, respectively. Overall, the 

modelling experiments indicate that under the influence of mantle wind, the geometry of the 
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craton margin is strongly dependent on the direction of flow. A comparison of Figures 4.7 and 

4.9 show that east-west flowing mantle wind increases the range of density and strength values 

that produce west-dipping and vertical craton margin geometries. Without mantle wind, only 

models in which the craton mantle lithosphere is 5-15 times stronger and 30-40 kg/m3 less than

the reference value facilitate the formation of a westward dipping craton margin, and vertical 

margins are only observed for mantle lithosphere 2-20 times stronger and 10-50 kg/m3 less dense 

than the reference value (Figure 4.7). However, for an imposed east-west mantle wind, vertical 

craton margins are observed over the whole range of tested densities and at strengths a factor of 

5 or greater than the reference value (Figure 4.9). In addition, west dipping craton margins are 

observed for mantle lithosphere that is 20-40 kg/m3 less dense and 5-20 times stronger than the 

reference values. An east-west flowing mantle wind also preserves vertical and west-dipping 

craton margins over longer periods of geologic time.

Conversely, a comparison of Figures 4.7 and 4.10 shows that a west-east mantle wind 

greatly impedes the formation of both west-dipping and vertical craton margin geometries, for 

the range of tested strength and density values. Only models in which the craton mantle 

lithosphere is 30-50 kg/m3 less dense and 5-15 times stronger than the reference values produce a 

west-dipping craton margin (Figure 4.10). Vertical craton margins are also observed over a 

narrower range of density and strength values (mantle lithosphere 5-15 times stronger and 

between 20-50 kg/m3 less than the reference value) compared to models without imposed mantle 

wind. Furthermore, vertical and west-dipping geometries are maintained over shorter periods of 

time, and their persistence decreases with increasing mantle wind velocity (Figure 4.10c); when 

the velocity is greater than 1 cm/yr none of the models produce a craton margin with dip greater 

than 75° after 100 Ma of model evolution.
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4.6 Effects of Crustal Shortening

The experiments described above focus on erosion of a craton margin due to gravitational 

effects (Sections 4.2 to 4.5) and shearing by mantle wind (Section4.5) for a range of craton 

mantle lithosphere densities and strengths. A third hypothesis is tested here. A west-dipping 

craton margin may arise from crustal shortening, where far-field tectonic forces induce thrusting 

of the Cordillera crust over the Craton. As a result, the upper craton margin may move eastward 

relative to the deeper margin, resulting in a westward dip.

In western Canada, geological and geophysical data show that during Cordillera 

deformation, the Foreland Belt (Figure 2.2) behaved as a thin-skinned fold and thrust belt; it is 

inferred to have accommodated ~150-200 km of shortening between approximately 100 and 50 

Ma, from the Late Cretaceous until the Early Eocene [McClelland and Oldow, 2004; Evenchick,

2007; Simony and Carr, 2011]. The goal of the experiments described below is not to directly 

simulate convergent tectonic events within western Canada but to test the influence of crustal 

shortening on the geometry of the craton margin. However, parameters are chosen to be 

reasonable with respect to the Late Cretaceous-Early Eocene shortening events. A constant 

shortening rate of 0.4 cm/yr is used everywhere, and the numerical models are run for 50 Ma, for 

a total of 200 km of shortening. Equal convergence rates are imposed on the left and right hand 

side of the model; thus a 0.2 cm/yr velocity boundary condition is applied to each side of the 

model domain.

A series of model experiments incorporating crustal shortening are conducted to 

determine if plate convergence and crustal shortening can produce or enhance west-ward dipping 

geometry of the craton margin. All of the models presented in this section are preliminary, and 

thus the reference density (Table 3.1) is assigned to the mantle lithosphere everywhere, such that 
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no change in compositional density occurs at the step in the lithosphere; however, the strength of 

the mantle lithosphere and upper crust are varied in both the Cordillera and craton.

Figure 4.11 shows the results at 50 Ma for the reference strength (Table 3.1) and mantle 

lithosphere that is 50 and 100 times stronger, and is applied to the mantle lithosphere of both the 

craton and Cordillera. Strength values this large are not realistic, but are used here to counteract 

gravitational instability of the mantle lithosphere and to concentrate deformation at the 

Cordillera-craton boundary. As in the experiments discussed above (Figure 4.5), when the 

lithosphere of both the Cordillera and the craton are assigned the reference strength, the craton 

margin is quickly eroded. Downwelling of Cordillera mantle lithosphere occurs at distances 

>300 km away from the craton margin, as thickening in the crust is compensated by thinning of 

the mantle lithosphere which prevents a significant increase in total lithosphere thickness. 

Because it is cold, the lithosphere of the craton is much stronger than the Cordillera, and the 

imposed velocities result in deformation throughout the weaker Cordillera, rather than localizing

at the Cordillera-craton boundary. As a result, the boundary between the two migrates westward 

by ~100 km over 50 Ma of model evolution and there is little crustal thickening in the craton.

In an attempt to prevent Cordillera deformation and localize deformation at the boundary, 

the strength of the mantle lithosphere is increased in both the craton and Cordillera (Figure 4.11). 

For mantle lithosphere strength increases by factors of 50 and 100, a dramatic decrease in 

lithosphere removal is observed in both the craton and Cordillera. Increased mantle lithosphere 

viscosity allows the craton margin to maintain a vertical geometry and the stronger Cordillera 

lithosphere allows it to thicken over the 50 Ma model time. However, if the models were allowed 

to evolve over a longer period of time, it is likely that the high temperatures in the Cordillera 

would still result in thinning of the lithosphere. Furthermore, the boundary between the two 
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lithospheric blocks still migrates ~100 km westward, despite increased strength in the 

lithosphere.

Figure 4.11: The results of crustal shortening models at 50 Ma in which the strength of the mantle lithosphere in 
both the craton and Cordillera are increased by factors of 50 (middle) and 100 (bottom) relative to the reference 
strength (top). Note that the scale for velocity vectors is shown in the white box at bottom right-hand corner of the 
bottom plot.

None of these convergence experiments successfully produces a westward dipping craton 

margin, and over-thrusting of the Cordillera crust is not achieved. Even for an extremely strong 

Cordillera lithosphere, deformation is not localized at the Cordillera-craton boundary. Thus a 

weak seed is introduced to determine if the addition of a zone of weakness will concentrate 
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deformation at the boundary. Tables 4.1 and 4.2 list the tested variety of weak seed geometries. 

All weak seeds are placed within the hot Cordillera lithosphere, adjacent to the Cordillera-craton 

boundary. The wet olivine rheology of Hirth and Kohlstedt [2003] (Table 3.1) is assigned to the 

weak seed; however, the viscosity scaling factor (Equation 3.11) is reduced to 0.1 and the 

internal friction angle (Equation 3.9, Table 3.1) is reduced to 2° to remove strain softening and 

promote the concentration of deformation within the weak seed. The rheological parameters used 

here are similar to those that have been applied to numerical modelling experiments with 

lithosphere extension [Huismans and Beaumont, 2003; Beaumont and Ings, 2012].

Table 4.1: Non-dipping weak seed geometries used for crustal shortening experiments. Dimension values are for 
width and height respectively; depths reported are for depth to the top of the weak seed. All weak seeds are placed 
within the Cordillera lithosphere, such that the easternmost side is located at x = 1200 km. Mantle lithosphere 
scaling factors divided with a “/” denote tests for strength values in the Cordillera and craton, respectively (e.g. 
50/40 indicates a strength of 50 in the Cordillera mantle lithosphere and 40 in the craton). ML = Mantle Lithosphere; 
LC = Lower Crust; UC = Upper Crust, WO*0.1= Wet Olivine (i.e. the reference damp olivine with a viscosity 
scaling factor of f = 0.1). For details on materials, see Table 3.1 in Section 3.4.

Dimensions 
(km)

Depth (km) Material Location Scaling Factor f

(Mantle 
Lithosphere)

Square Geometries

10 × 10

10 ×10*

20 × 20

50 × 50

37.5

25

37.5

10

WO* 0.1

WO*0.1

WQ

WO*0.1

WO*0.1

ML

LC/ML

ML

UC/LC/ML

1, 50, 50/40, 50/20, 
100, 100/80, 

100/50

1, 25, 50, 100

25

1, 25, 50, 100

1, 25, 50, 100
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Rectangular Geometries

10 × 20

10 ×20

30 × 50

37.5

25

10

WO*0.1

WO*0.1

WO*0.1

ML

LC/ML

UC/LC/ML

1, 50, 100

1, 50, 100

1, 25, 50, 100

As with the convergence experiments discussed above, models with both the reference 

rheology for the craton and Cordillera mantle lithosphere and models with increased strength 

mantle lithosphere strength are tested for all weak seed geometries. None of the square or 

rectangular weak seed geometries (Table 4.1) effectively concentrate deformation at the 

boundary between the Cordillera and craton or produce a westward dipping craton margin, 

regardless of the tested viscosity scaling factor. Weak seeds geometries with dips of 45° toward 

the west (Table 4.2) are also tested to act as “ramps” to help initiate thrusting of the Cordillera 

crust over the craton. However, neither over-thrusting nor west-dipping craton margin 

geometries are observed for the range of viscosity scaling factors and geometric variations tested.

Table 4.2: Dipping weak seed geometries used in crustal shortening experiments, note that all weak seeds dip 
westward (i.e. toward the Cordillera). Dimension values for parallelograms are given for width and length, 
respectively; depths are reported with respect to the shallowest portion of the weak seed. All weak seeds are placed 
within the Cordillera lithosphere and lie adjacent to the Cordillera-craton boundary at x = 1200km. 

Shape Dimensions 
(km)

Dip Angle 
(°)

Depth  
(km)

Material Scaling Factor f

(Mantle Lithosphere)

Dipping Geometries

Parallelogram 10 × 14 45 37.5 WO*0.1 1, 50, 100
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Parallelogram

Trapezoid

10 × 28

30 × 71 × 
42

45

45

37.5

10

WO*0.1

WO*0.1

1, 25, 50, 50/20, 
50/40, 100, 100/50, 

100/80

1, 25, 50, 100

Composite Geometry*

Parallelogram 
(ramp)

Square

(base)

20 × 56

10 × 10

26

-

0

25

WO*0.1 25

25

In all the above models, the Cordillera and craton strength are varied by the same 

amount. A few weak seed geometries are selected to test the effects for varying the craton mantle 

lithosphere strength relative to the Cordillera mantle lithosphere. Because of its high geothermal 

gradient, the strength of the Cordillera mantle lithosphere is increased relative to the craton 

(strength values separated by a “/” in Tables 4.1 and 4.2) as an attempt to offset the thermally-

induced relative strength contrast between the Cordillera and craton. However, these experiments 

are also unsuccessful in creating a west-dipping craton margin and over-thrusting of the 

Cordillera crust. The main issue appears to be that the Cordillera persists as a region of 

weakness, and therefore shortening causes deformation here, rather than at the Cordillera-craton 

boundary.

Owing to the high temperatures and small mantle lithosphere thickness, the main strength 

of the Cordillera lithosphere resides within its crust. Therefore, the square weak seed marked 

with an asterisk in Table 4.1 is selected for further experimentation, to determine if increased 

crustal strength helps initiate over-thrusting during imposed shortening. For these experiments, a
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mantle lithosphere rheology 25 times stronger than the reference value is used for both the 

Cordillera and craton. This value is chosen because previous experiments indicate a trade-off 

between material strong enough to resist gravitational erosion of the craton margin and material

weak enough to sufficiently deform over the modelled 50 Ma time frame. The upper crust of 

both the Cordillera and the craton are initially assigned a viscosity scaling factor of 25, which is 

20 times stronger than the reference value (Table 3.1). However, because the craton crust is cold 

compared to the Cordillera, the Cordillera remains a zone of weakness and over-thrusting is not 

achieved. Thus the upper crust of the craton is assigned the reference strength while the upper 

crustal of the Cordillera is 25 and 50 times stronger than the reference value. The effects of a wet 

quartzite weak seed rheology (Table 3.1, with a scaling factor of f = 1) is also investigated. Wet 

quartzite is weaker than olivine, and therefore this rheology could enhance the effect of the weak 

seed. Unfortunately, neither of these models concentrate deformation at the Cordillera-craton 

boundary, which suggests the weak seed may not be large enough. The geometry of the weak 

seed is subsequently modified to include a “ramp” that extends to the Earth’s surface, as outlined 

by the composite weak seed geometry given in Table 4.2. The ramp is a shallowly dipping (30°)

weak zone that dips westward, toward the Cordillera.
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Figure 4.12: Results of convergence models for a composite geometry weak seed (Table 4.2) with a) a wet olivine 
rheology, and b) with a wet quartzite rheology. The upper plot shows the model result, the center plot shows the 
magnitude of the maximum shear strain (logarithmic scale), and the bottom plot shows the magnitude of the 
effective viscosity (logarithmic scale). The upper crust of the craton is assigned the reference value, whereas the 
upper crust of the Cordillera is 50 times stronger than the reference value. The mantle lithosphere in both the craton 
and Cordillera are 25 times stronger than the reference value. 

Figure 4.12 shows the model results with the composite weak seed geometry for a wet

olivine weak seed rheology and a wet quartzite rheology after 50 Ma of model time. The addition 

of a shallow ramp successfully concentrates strain at the Cordillera-craton boundary, as shown 

by the region of high strain rate in Figure 4.12 (second row). It appears the presence of a weak 

zone within the crust is necessary for shortening to localize deformation; in previous models, a 

simple change in crustal strength is not sufficient. By 50 Ma and 200 km of shortening, a west-

dipping craton margin is produced for both weak seed rheologies, although the dip does not 

exceed ~110° in either model. However, the weaker quartzite seed better concentrates strain at 
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the craton edge and facilitates thrusting of ~60 km of Cordillera crust onto the craton. For the 

olivine weak seed rheology, only ~50 km of over-thrusting is observed. The Cordillera mantle 

lithosphere is uniformly thickened by ~10 km in both models, and the Cordillera-craton 

boundary remains vertical down to the base of the Cordillera lithosphere; at depths below this, 

the craton margin has a westward dip. However, in the model with a quartzite weak seed, there is 

little deformation elsewhere in the crust of both the Cordillera and craton relative to the weak 

seed with a wet olivine rheology at distances >200 km from the craton-Cordillera boundary.

Overall, the results of the crustal shortening experiments discussed here suggest that a 

west-dipping craton margin and over-thrusting of the Cordillera crust can not be created via 

crustal shortening without the addition of a substantial zone of weakness. Without a weak zone,

deformation is largely concentrated in the lithosphere of the Cordillera due to high temperatures, 

which weaken the material significantly. The weak seed used here is a modelling parameter to 

test the effect of heterogeneities in the lithosphere. In nature, the weak zone may correspond to 

sedimentary rocks of either the continental passive margin or accreted terranes, or a mid to lower 

crustal décollement, associated with the long tectonic history of the lithosphere of western 

Canada [McClelland and Oldow, 2004; Simony and Carr, 2011]. Because west-dipping and 

vertical craton margin geometries are presently observed in seismic images from the Canadian 

Cordillera (Figure 1.2), further experimentation is required to determine the post-shortening 

stability and evolution of this craton margin geometry over time scales greater than 50 Ma, 

which corresponding to the cessation of shortening in the Canadian Cordillera ~59-52 Ma 

[Simony and Carr, 2011].
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4.7 Summary

This work is motivated by complex structures observed in seismic studies of the 

Canadian Cordillera. The goal of the modelling experiments presented in this chapter is to 

explore the evolution of craton margin geometry over long (>100 Ma) periods of geologic time

to determine whether various dynamic processes create, enhance or destroy vertical and west-

dipping craton margin geometries. Initially, the strength and compositional density of the craton 

mantle lithosphere are varied to investigate the effects of mantle convection and edge-driven 

flow. Subsequent experiments test the influence of large scale mantle flow (or mantle wind) that 

is varied in both direction and speed, and finally, the effects of crustal shortening are also 

explored. Models that test convection and east-west flowing mantle wind of 2 cm/yr of less are 

more successful in producing vertical and west-dipping craton margin geometries than crustal 

shortening models. Ultimately, experiments in which the craton mantle lithosphere is both 

buoyant and strong are most successful. In particular, craton mantle lithosphere that is 30 kg/m3

less dense and 10-15 times stronger than the reference values produce and best maintain both 

vertical and westward dipping craton margins with dip angles of approximately 105-120°,

consistent with the observations described in Section 1.1 (Figure 1.2).
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Chapter 5: Discussion

The objective of this study is to investigate the dynamics of the margin of thick cratonic 

mantle lithosphere. It was motivated by observational seismic data from western Canada, which 

shows that the transition from thin (~60 km) Cordillera lithosphere to thick (~250 km) craton 

lithosphere occurs over a lateral distance of less than 100 km [e.g., Bao et al., 2014a], suggesting 

a sub-vertical step in lithosphere thickness. Recent high-resolution seismic data shows that in 

southwestern Canada the craton margin may dip westward (i.e. toward the Cordillera) [Chen et 

al., submitted manuscript 2016] (Figure 1.2). Thus, a specific goal of this work is to determine 

whether a west-dipping craton margin geometry can be produced via geodynamic processes and 

whether such a feature can persist over timescales >100 Ma. The modelling experiments 

presented in Chapter 4 successfully produce west-dipping and vertical craton margin geometries, 

but only for craton mantle lithosphere that is both buoyant and viscous relative to the 

surrounding sub-lithospheric mantle. This suggests that dehydration and chemical depletion of 

craton mantle lithosphere play key roles in preventing erosion of the craton margin, and 

consequently determine the geometrical evolution of the craton margin.

Processes such as partial melting deplete the mantle lithosphere of REE’s (Rare Earth 

Elements) and lower its Mg# (Mg/ (Mg+Fe) × 100; a geochemical indicator of olivine depletion; 

a higher Mg# indicates greater depletion) [Salters and Stracke, 2004]. This chemical alteration 

results in a reduced mantle lithosphere density. Geochemical analysis of mantle xenoliths 

typically report Mg# numbers of ~90-92, with the degree of depletion increasing with lithosphere 

age [Bernstein et al., 2007; Karato, 2010]. Subsequently, the change in compositional density 

relative to a primitive mantle (Mg# of ~88) composition is estimated to be ~0.7-2.5% for 
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cratonic mantle lithosphere [Poudjom Djomani et al., 2001], like the Archean- to Proterozoic-

aged North American craton. Lowering the density of the craton mantle lithosphere counteracts 

the effects of thermal contraction, which results from cold temperatures in the craton mantle 

lithosphere relative to the surrounding mantle. Therefore, depletion contributes to the 

preservation of the craton margin by reducing gravitational instability in the craton mantle 

lithosphere.

Geodynamic studies that focus on the preservation of thick craton lithosphere demonstrate 

that a low density is a necessary requirement to prevent basal erosion of the lithosphere and 

maintain thick (>200km) lithosphere roots [Shapiro et al., 1999; Lenardic, 2003; Wang et al.,

2014]. However, these studies primarily focus on the central regions of continental plates. The 

current study focuses specifically on the margin of the craton. A key result from this study is that 

there appears to be an upper bound on the degree of mantle lithosphere depletion for the 

formation of a westward-dipping craton margin geometry, as is observed in western Canada. 

Figure 5.1 compares the evolution of the craton margin geometry under the influence of 

convection alone, and shows that over time scales of 50 Ma or more, west-dipping craton 

margins are exclusively observed when the mantle lithosphere is 30-40 kg/m3 (or 0.9-1.2%) less 

dense than the surrounding sub-lithospheric mantle. Xenoliths from below Alberta show 

compositional layering of the cratonic mantle lithosphere with depth; less depleted above ~115 

km depth, highly depleted from 115 to 150 km, and melt/metasomatized re-fertilized below 

160km [Griffin et al., 2004]. Therefore, the mid-range degree of depletion that successfully 

produces west-dipping and vertical craton margin geometries in the models appears to be 

consistent with regional mantle lithosphere composition.
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Figure 5.1 also shows that, although buoyancy is critical, strength of the craton mantle 

lithosphere appears to be more important for creating and preserving vertical and west-dipping 

craton margin geometries. Partial melting also results in dehydration of the mantle lithosphere, as 

water is incompatible and will preferentially partition into the melt phase [Karato, 2010]. There 

is an approximately linear relationship between increasing Mg# and decreasing water content 

[Karato, 2010]. As explained in Section 4.3, lowering the water content of olivine greatly 

increases its strength; laboratory experiments suggest that the difference in effective viscosity of 

olivine between water saturation and completely dry conditions can be as large as 4 orders of 

magnitude at constant stress [Hirth and Kohlstedt, 2003; Karato, 2010]. In this study, the models 

that most successfully result in westward dipping craton margins are those with viscosity scaling 

factors greater than 5, relative to the surrounding mantle. These values correspond to olivine 

compositions that range from dry to a water content of ~10 ppm H/106Si (Figure 4.3), and are 

consistent with estimates of water content for craton mantle lithosphere from laboratory 

experiments and long-period magnetotelluric conductivity studies [Hirth et al., 2000; Hirth and 

Kohlstedt, 2003; Karato, 2010]. Thus, it can be concluded that the viscosity contrast between the 

craton and surrounding mantle required for vertical and west-dipping craton margin geometries 

in the models is not unreasonable with respect to estimates from the literature. In addition, 

geodynamic models that focus on lithosphere evolution in continental interiors show that the 

preservation of thick craton lithosphere requires both a high viscosity and low density [Lenardic,

2003; Wang et al., 2014], consistent with the conclusions of the current study on the craton 

margins.

The results of this study have shown that west-dipping craton margin geometries can persist 

over time scales of 50 Ma or more; however, in many of the models, west dipping geometries 
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develop and are eroded over shorter time scales, on the order of tens of millions of years (Figure 

5.1). In some cases, the craton margin assumes a westward dip more than once throughout the 

200 Ma evolution of the model. This suggests that a west-dipping craton margin may be both a 

long-lived and transient feature, and in some instances, perhaps a recurring transient feature.

Figure 5.1: Diagrams summarizing the influence of relative density and strength of cratonic mantle lithosphere on 
the evolution of craton margin geometry through time. Models with different viscosity scaling factors (Equation 
3.11) are plotted versus time for each density reduction, relative to the reference density. Circles represent measured 
craton angles at each time step and colours are used to represent the dip of the craton margin; light grey = shallow 
dip (<45°), grey = steep dip (45-75°), black = vertical dip (75-105°), and red = westward dip (>105°).

An example of a recurring, transient west-dipping craton margin is shown in Figure 5.2 

for a model under the influence of thermally-driven convection. In this model the mantle 

lithosphere is 30 kg/m3 less dense and 5 times stronger than the reference values. At 40 Ma the 
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craton edge remains vertical, but the reduced compositional density of the craton mantle 

lithosphere results in the initiation of upwelling of the craton edge. By 60 Ma some of the 

material has detached from the craton edge and is deposited along the base of the Cordillera 

mantle lithosphere, adjacent to the Cordillera-craton boundary. However, smaller masses of

cratonic mantle lithosphere are entrained by the larger mass of removed material, resulting in the 

formation of a west-dipping craton margin geometry. By 80 Ma, continued upwelling and 

subsequent deposition of the entrained material smooths the craton margin to a steep (45-75°) 

angle. This process is repeated, resulting in the re-establishment of a westward dipping craton 

margin at 100 Ma. The recurrent formation of a west-dipping craton margin observed in the 

models implies that the westward dipping geometry of the craton margin observed in seismic 

tomography models of western Canada could represent a “snap-shot” of a dynamic process 

occurring at the Cordillera-craton boundary.
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Figure 5.2: An example of the transient nature of west dipping craton margins observed in some of the numerical 
models, see text for discussion.
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The model results in Section 4.5 (Figures 4.9 and 4.10) show that under the influence of 

large scale mantle flow (i.e. mantle wind), westward-dipping or vertical geometry of the craton 

margin can either be enhanced or diminished. In general, mantle wind velocities greater than 2 

cm/yr result in basal shearing of the craton lithosphere and has a greater influence on the 

evolution of the margin than gravitational instability. Thus, higher velocity mantle flow tends to 

narrow the range of modelled strength and density combinations over which vertical and west-

dipping craton margins are observed. However, Figure 4.9 suggests that vertical geometries may 

be more susceptible to erosion by increasing mantle wind velocity than west-dipping craton 

margin geometries. A possible explanation for this observation is that the density and strength 

contrasts that best resist shearing, and thus preserve the craton margin, appear to overlap with 

those that produce west-dipping craton margin geometries (i.e. buoyant, strong mantle 

lithosphere).

Although the speed of mantle wind velocity does affect the evolution of craton margin, a 

comparison of Figure 4.9 and Figure 4.10 shows that the geometry of the craton margin is much 

more strongly dependent on the flow direction. Overall, a westward flowing mantle wind 

enhances the formation of a west-ward dipping craton margin; as material flows from a region of 

thick to thin lithosphere, the thickness of mantle lithosphere helps shield the craton margin. 

Conversely, an eastward flowing mantle wind highly intensifies erosion of the craton margin, as 

the entire craton margin is exposed to erosion by mantle flow, and any material removed from 

the craton edge is carried and re-deposited eastward along the base of the craton mantle 

lithosphere.

Studies of seismic anisotropy offer conflicting views of mantle flow below western 

Canada; some authors argue for westward flow [Conrad et al., 2004], some argue for eastward 
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flow [Silver and Holt, 2002; Eaton and Frederiksen, 2007], and others argue for changing flow 

direction with depth [Yuan et al., 2011]. There is similar disagreement for estimates of flow 

velocity, with estimates as low as ~0.2-0.5 cm/yr [Eaton and Frederiksen, 2007] to as high as 

~5.5 cm/yr [Silver and Holt, 2002]. Despite the controversy, the model results presented here 

seemingly support either a westward mantle flow or a slow eastward flow of 2 cm/yr or less to 

facilitate the formation of west-dipping and vertical geometries observed at the margin North 

American craton.

The preliminary crustal shortening models presented in Section 4.5 suggest that crustal 

shortening alone is insufficient to produce a westward-dipping craton margin geometry. Only 

models which incorporate a significant zone of weakness that extends through strong upper crust 

(20 times the reference value) up to the Earth’s surface were successful in producing a westward 

dipping craton margin and thrusting of the Cordillera crust over the craton. This result suggests 

that upper crustal strength is particularly important to explain observed over-thrusting of the 

Cordillera crust, and agrees with previous studies, that estimate that ~80% of the strength in the 

Cordillera lithosphere is derived from the upper crust [Hardebol et al., 2013]. However, it should 

be noted that the crustal shortening models presented here are preliminary; therefore, more 

testing is required to determine the effects of increased buoyancy in the craton mantle 

lithosphere.

In summary, geophysical observations have led to wide recognition that the mantle 

lithosphere below western Canada dramatically thickens from west to east by ~150-200 km 

across the Cordillera-craton boundary and that the transition from thin to thick lithosphere is 

extremely abrupt, occurring over a lateral distance of ~100 km [Clowes et al., 2005; Mercier et 

al., 2009; Bao et al., 2014]. Additionally, new seismic tomography models from Chen et al. 
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[submitted manuscript, 2016] suggest that the geometry of the craton margin also shows along-

strike variation. indicating that the geometry of the craton margin changes from steeply east-

dipping at latitudes north of 53°N to west dipping between ~48-51°N, with a transition occurring 

between ~52-53°N, where the craton margin is approximately vertical (Figure 1.2). The 

geodynamic models of this study show that formation of a west-dipping craton margin is 

possible under a limited range of conditions, where the craton geometry evolves from vertical to 

west-dipping due to a variety of geodynamic processes, such as thermal convection, large-scale 

mantle flow. However, the development of a westward dipping craton margin requires thermal, 

rheological, and (perhaps to a lesser degree) density contrasts between the craton mantle 

lithosphere and the surrounding mantle. Namely, the craton mantle lithosphere must be stronger 

than the surrounding mantle by at least a factor of 5 and ~30 kg/m3 less dense Furthermore, the 

models imply that a west-dipping craton margin can be either a long-lived feature, persisting 

over time scales greater than 50 Ma, or a transient feature, resulting from the removal and 

entrainment of cold cratonic mantle lithosphere in response to thermally-induced gravitational 

instability.
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Chapter 6: Conclusions

Motivated by new geophysical observations from western Canada which suggest the 

craton margin dips westward below the southern Canadian Cordillera, this study had three main

objectives: 1) to investigate the effects of geodynamic processes on the evolution of craton

margin geometry; 2) to determine the rheological and compositional parameters required for the 

formation of a west-dipping craton margin; and 3) to establish whether or not such a feature is

transient or long-lived. To do this, the finite element code SOPALE was used to numerically 

model the dynamical evolution of a 190 km step in mantle lithosphere thickness. The models 

explore how contrasting thermal regimes, rheologies and densities across the lithosphere step 

influence the geometry of the craton margin, and its evolution over 200 Ma of model time. 

Additionally, velocity boundary conditions imposed on the models investigate the effects of 

dynamic processes such as large-scale mantle flow and crustal shortening. Several conclusions 

can be drawn from the results of the model experiments:

1. In general, the models evolve toward an eastward dipping geometry due to erosion by 

gravitational instabilities. However, highly strong craton mantle lithosphere

(approximately 15 to 20 times stronger than the surrounding mantle) can maintain a 

vertical craton margin, even in the absence of highly buoyant mantle lithosphere (i.e. 

~10-20 kg/m3 less than the surrounding mantle).

2. Owing to the thermal contrast between the hot mantle lithosphere of the Cordillera and 

the adjacent cold mantle lithosphere of the North American craton, craton mantle 

lithosphere that is at least 5 times stronger and ~30-40 kg/m3 less dense than the

surrounding mantle is required for the development of a westward dipping geometry at 
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the craton margin. This particular range of strength and density contrasts between the 

craton and the sub-lithospheric mantle provide a necessary balance between buoyancy 

and strength that prevents erosion of the craton margin by gravitational instability but is 

not so strong that no deformation occurs (i.e. boundary remains vertical).

3. Large-scale mantle flow, caused by relative motion between the continent and underlying 

mantle, can enhance both the formation and erosion of vertical and west-dipping craton 

margins. The response of the craton margin to imposed mantle wind suggests a greater 

sensitivity to the direction of mantle flow, compared to velocity. Perhaps unsurprisingly, 

mantle wind that flows from the interior of the craton toward the margin enhances and 

preserves vertical and west-dipping craton margins, whereas mantle wind that flows from 

the Cordillera toward the craton enhances erosion of the margin.

4. Preliminary models of crustal shortening suggest a zone of weakness which extends from 

the upper mantle up to the Earth’s surface is required for thrusting of the Cordillera crust 

over the craton, and for the development of a vertical to shallowly (<110°) westward 

dipping craton margin.

The results of the numerical models presented in this study show promising agreement with 

geophysical observations from western Canada and offer insight into the evolution of craton 

margins in general. However, future work is required to investigate other important processes 

and observations that are not incorporated in the models for this study. For example, the models 

use a constant crustal thickness across the Cordillera-craton boundary; as discussed in Section 

2.2, the crust thickens across the boundary by ~10 km, which may have an effect on the model 

results, particularly for crustal shortening models. Furthermore, tests should be conducted for 

mantle lithosphere that is layered (i.e. varying density and strength with depth), which has been 
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proposed for western Canada [Griffin et al., 2004]. Surface processes, such as erosion and 

deposition, are not included in the models but may be important to processes occurring within 

the lithosphere [Cloetingh et al., 2005]. It has been suggested that large-scale mantle flow may 

change direction with depth, as well as laterally across the Cordillera-craton boundary [Yuan and 

Romanowicz, 2010a, 2010b]; testing such variation in mantle flow could provide additional 

insight into observations from seismic anisotropy. 

It is also important to assess the models relative to geophysical observations. Although the 

craton margin geometries resulting from geodynamic models show good qualitative agreement 

with the seismic tomography models of Chen et al. [submitted manuscript, 2016] (Figure 1.1)

and the electrical conductivity models of Rippe et al. [2013] (Figure 1.2), a detailed quantitative 

comparison can not be made between these data sets. Conversion of the thermal model output to 

seismic velocity and electrical conductivity would allow for direct comparison between the 

geodynamic models of this study, the seismic tomography models and the electrical conductivity, 

and therefore further enrich our understanding of mantle lithosphere dynamics of western 

Canada.
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