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ABSTRACT

Doppler velocity measurements are combined with a numerical cloud model
quantify the effects of the mesoscale convergence profile on precipitation. Our investigatimn
involves two cases from Alberta, Canada: the 19 August 1992 convective storm, and the 7.
June 1993 stratiform rain event.

The area-averaged divergence profile for the stratiform case could be determingd
using the Extended Velocity Azimuth Display (EVAD) method, even for radars with low
maximum elevation angle. The accuracy of the EVAD-derived profile was sensitive to the
accuracy of Doppler velocity measurements, and the resolution of elevation angles. For the
typical operational setting of the Carvel radar, the divergence profile could only be obtained
for the lowest two or three kilometers. For convective, scattered precipitation, the Velocity
Volume Processing (VVP) technique provided the low-level convergence estimate accurately
if the analysis volume had a spatial dimension of about 40° in azimuth and 20 km in range.

Both rain events were simulated realistically using an axis-symmetric cloud model with
the initial conditions taken from observed soundings and radar-derived divergence estimates.
Numerical sensitivity experiments showed that the model rainfall is enhanced when either the
magnitude of the convergence or the depth of the convergence layer is increased. Rain
accumulation increases monotonically but nonlinearly with larger convergence. Stronger
convergence or deeper convergence layers accelerate the onset of rainfall reaching the
ground. While fixing the mesoscale vertical mass flux at the top of the convergence layer, yet
allowing the values of convergence magnitude and convergence depth to vary, we found that

a reduction in the convergence depth is associated with a larger vertical moisture flux which



supports stronger convection. The convective rainfall depends crucially on the average vapor
mixing ratio of the converging air. The water flux balance equation tends to underestimate
the area-averaged stratiform rainfall rates in comparison with the cloud model values. Model
results show that stronger upper-level divergence tends io enhance the surface stratiform

rainfall, but does not affect the time onset of rain.
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CHAPTER 1

INTRODUCTION

1.1 Research Topic

The formation, maintenance and decay of clouds and precipitation are closely
associated with the vertical motion in moist air. In a convectively unstable environment,
upward motion provides the required lift to release latent instability. As air rises, it cools
adiabatically, causing condensation, formation of cloud droplets, and development of
subsequent precipitation. During condsnsation, latent heat is released that strengthens the
cloud updraft. Rising of air at cloud base is often associated with convergence in the low-
level air flow.

Low-level convergence has been found to be present before the development of
organized convective systems (e.g., Lewis 1971, Lewis et al. 1974, Ogura et al. 1979,
Chen and Ogura 1982, and Purdom 1982). Byers and Braham (1949) found surface
convergence at least 30 min prior to a storm event. During a mesoscale experiment in
Florida, Ulanski and Garstang (1978) investigated the role of surface convergence in the
formation, maintenance and decay of convective storms. They concluded that surface
convergence is a cause, rather than an effect, of the storms, since strong surface
convergence developed at least 90 minutes prior to the first radar echoes. By examining
the kinematic structure of the pre-thunderstorm environment during the Severe
Environmental Storms And Mesoscale Experiment (SESAME), Sidkar and Fox (1 983)
found distinct cells of surface convergence preceding initial radar echoes by four hours.
Doneaud et al. (1983) confirmed the earlier studies that the development of convergence
areas precedes radar echoes. Cotton et al. (1983) found that the dominant feature which
influenced the development of a mesoscale convective complex was low-level

convergence.

Thunderstorms, developing frequently over the foothills of the Rocky Mountains,



are associated with regions of leeside convergence (Henz 1973, Barker and Banta 1984,
1985). The positions of radar-detectable convergence lines and the formation of
convective storms were strongly correlated in eastern Colorado (Wilson and Schreiber
1986). At least 80% of the storms were initiated along preexisting radar-detected
convergence boundaries. Subsequent investigations (Mueller and Wilson 1989, Carbone et
al. 1990) have confirmed the importance of boundary-layer convergence on storm

locations.

1.2 Alberta Storms and Relevant Research Review

Low-level convergence tends to precede summer severe convection in central
Alberta (e.g., Honch 1989). Central Alberta is affected by hail on an average of 80 or
more days each summer (Renick 1979), and experiences about 10 to 20 tornadoes
annually (Newark 1984). Alberta farmers suffer about 40 to 50 million dollars in crop
losses each year. A particularly disastrous event was the Edmonton tornado on 31 July
1987, which ieft 27 people dead, 300 injured and caused 250 million dollars in property
damage (Bullas and Wallance 1988). The severe hailstorm which swept over Calgary on 7
September 1991 cost insurance companies more than 400 million dollars (Charlton et al.
1995).

To study the formation and possible modification of hailstorms, field experiments
were conducted in central Alberta from 1956 to 1985. Some important findings of these
activities involved: formation and growth of hail (Longley and Thompson 1965, English
1973); distribution of hailstone size (Cheng and English 1983); water budget of hailstorms
(Rogers and Sakellariou 1986); and hail forecasting (Renick and Maxwell 1977). To
investigate the initiation of severe convection, the LImestone Mountain EXperiment,
(LIMEX) was conducted in the Alberta foothills in July of 1985 (Strong 1985). Smith and
Yau (1993a, b) used the high resolution surface and sounding data from LIMEX to
determine the factors that differentiate severe from non-severe convective outbreaks. They

concluded that under generally clear skies, cumulus convection begins over the Alberta



foothills as strong surface heating removes the capping lid. Convective outbreaks occur
when an approaching synoptic scale upper-level trough is in phase with strong surface
heating over the Alberta foothills. East and northeast surface winds transport moist air
from the plains to the foothills, and the normal mountain-plain circulation is amplified by
the deep destabilization which is localized over the elevated foothills. Honch (1989), also
using the LIMEX data, found that Alberta thunderstorm initiation is directly associated
with strong surface convergence in the lee of the Rocky Mountains. Strong upward

motion, resulting from convergence zones along the foothills of Alberta, appears five

four hours. The convergence below 750 mb remained during the entire period of storm
formation.

Radar studies on Alberta convection began in the 1960's with the installation of an
S-band polarization radar in Penhold (52°20' N, 113°08' W). The radar polarization
capability provides a useful tool to distinguish hail from heavy rain (Al-Jumily et al. 1991),
and improve on estimating rainfall rate for heavy precipitation (English et al. 1991). In
1990, the radar at Carvel (53°35' N, 114°09' W) was upgraded to allow Doppler wind
measurements. Carvel radar observations have been used to investigate the organization of
cloud and precipitation (Reuter and Nguyen 1993), the severe storm structure (Holt et al.
1994), and the kinematic characteristics of gust fronts and mesocyclones (Larochelle
1994).

In this thesis, data from the Carvel Doppler radar will be used to compute

mesoscale convergence. The main characteristics of the Carvel radar are: a 5.34 cm

echoes. Measurements of radar reflectivity factor and Doppler velocity are recorded in
220 gates each 500 m long spaced continuously along the beam. Data are sampled at three
elevation angles of 0.5°, 1.5° and 3.5° in 10 min cycles. The average spacing between
successive azimuths of data is 0.5°. More information about the Carvel radar

characteristics is provided in Appendix A.



1.3  Statement of Research Problems

Observations show that low-level convergence influences the development of
subsequent precipitation. So, information on the strength and location of convergence
should improve our understanding of cloud convection. The first objective of this thesis
is to retrieve convergence estimates from the Doppler velocity data measured by the
Carvel radar. Two different retrieval algorithms are used for convective and stratiform
precipitation cases, respectively. The focus is on quantifying how the accuracy of the
convergence estimates 1s affected by radar elevation an'glei:-s.i detecting ranges, the size of
the analysis volume and the error margin in Doppler velocity measurements.

The second objective of this thesis is to investigate the quantitative effects of
the divergence profile on cloud formation and precipitation using a numerical cloud
model. Previous numerical studies were focused on relating low-level convergence to the
occurrence of precipitation. This research is the first comprehensive attempt to quantify
this relationship and examine the effect of the entire vertical profile of divergence on cloud
formation and precipitation. To achieve this objective, the radar-derived area-averaged
convergence values are used to initialize a cloud model to simulate the subsequent
evolution of rain events. Model results are compared with observations to evaluate its
performance, and thus to examine the feasibility of using Doppler velocity data as input
parameters for numerical cloud simulations. Then, we investigate the effects of individual
convergence parameters (e.g., the magnitude and the depth of convergence) on surface
rainfall through numerical sensitivity experiments. The impact of upper-level divergence
on rain intensity is also examined.

This research is undertaken using two case studies for central Alberta. One is a
convective case associated with a multicell summer storm which occurred on 19 August
1992. Another case is a long-lasting stratiform rain event produced by a large-scale low-
pressure system on 23 June 1993. Although convective storms frequently occur in Alberta
region during summer, long-lasting heavy stratiform precipitation may also cause serious
flooding (Reuter and Nguyen 1993). So, the case study on the stratiform rain event is to

complement previous studies on the relation between convergence and stratiform rain.



1.4  Research Methodology for This Study
1.4.1 Radar data analysis techniques for estimatin g convergence

Before 1979, few mesoscale research experiments were made to investigate the
convergence in storm environments, mainly because of inadequate coverage of operational
networks. Doppler weather radars are now in place with sufficient sensitivity to measure
radial wind component even in pre-storm environments.

The inherent limitation of measuring only the radial component of the wind vector

of the wind field. The determination of a 3-D airflow pattern is possible when three or
more Doppler radars are deployed simultaneously to view the same volume (Armi jo
1969). Since multiple-Doppler techniques require elaborate coordination and are limited in
areal coverage, a multiple-Doppler radar analysis is conceivable in a rescarch environment,
but not economically feasible for operational application. From the radial velocitics
sampled by a single Doppler radar, only some kinematic parameters (such as divergence)
can be estimated, while others such as vorticity remain ambiguous.

The methods primarily used to retrieve the kinematic characteristics of mesoscale
wind are the Velocity Azimuth Display (VAD, Lhermitte and Atlas 1961 , Caton 1963,
Browning and Wexler 1968); the Volume Velocity Processing (VVP, Waldteufel and
Corbin 1979, Koscielny et al. 1982), and the Extended VAD (EVAD, Srivastava et al.
1986, Matejka and Srivastava 1991) algorithms. These techniques use the same
simplifying assumption about the structure of the wind field: that is, the wind field is
assumed to vary linearly in space. With this linear assumption the velocity components can
be approximated by a truncated Taylor series expression. Keeping only up to the first
derivative, the wind field inside the observed domain is described by the sum of the value
at the centre and the gradient terms. This removes the ambiguity of only radial component
of a velocity vector detected by a single Doppler radar. Kinematic parameters of the wind
are determined through the linear regression of Doppler velocities in corresponding spatial
volume.

The VAD technique is an analysis of radial velocities when radar detects the air at



onie constant range gate and one constant elevation angle over the entire 360 degrees of
azimuth. Doppler velocities are collected on each measured cirele or ring (horizontally
arranged). By fitting the zeroth, fundamental, and second Fourier harmonics to Doppler
velocities about the circle centred on the radar, areal-averaged estimates of horizontal
divergence, mean wind and deformation around the radar for that ring are obtained.
Srivastava et al. (1986) aad Matejka and Srivastava (1991) introduced the
Extended VAD analysis (acronym EVAD). Assuming the vertical component of air
velocity is negligible compared to the terminal velocity of hydrometeors, the divergence
and the hydrometeor fall speed are determined using least-squares fits in successive thin-
altitude sections. Then, the profiles of these two quantities are obtained. To estimate the
divergence only, the EVAD analysis does not require the assumption of linear wind
variation. However, the EVAD method is applicable for uniform wind fields (at most
quadratic variation) without significant gaps in echo regions, and therefore can only be
used in widespread, stratiform rain situations (Matejka and Srivastava 1991). Srivastava et
al. (1986) used the EVAD method to retrieve the profile of divergence within a region of

widespread precipitation associated with a summertime midlatitude squall line. The profile

EVAD divergence, compared well with that obtained from multiple Doppler radar
analysis.

Since wind is rarely uniform over large volumes surveyed by a radar, especially
during summer time convection, Doppler velocities have to be analysed within smaller
areas. Waldteufel and Corbin (1979) suggested processing data within a 3-D volume
sector (VVP) rather than within an area consisting of full azimuths as in the VAD and the
EVAD analyses. With the use of Doppler velocities within the volume sector, the
horizontal and vertical derivatives of the wind field are deduced. Because of the small
sampling volume, the VVP technique is applicable to small areas when radar echoes are
dispersed. Koscielny et al. (1982), using the VVP technique, found that areas of
convergence coincided with regions of subsequent storm development. Johnston (1984)

used a similar technique to examine the kinematic structure of cold frontal rainbands. The



potential of using the VVP method for nowcasting storm outbreaks in central Oklahoma
was illustrated by Smith and Rabin (1989). Long et al. (1990) used the VVP technique to
investigate the mesoscale kinematics of a winter mountain storm in southwest Utah. They
found that low-level convergence existed ahead of a cold front, and was maintained
throughout the lifetime of the winter storm.

In this study, we will use the EVAD method to retrieve the vertical profile of arca-
averaged convergence for the stratiform rain event occurring on 23 June 1993. With a
spatial resolution of about 20 km, the VVP technique is adopted to estimate the

convergence field in scattered echo regions for the convective storm on 19 August 1992,

1.4.2  Numerical cloud model

Radar, instrumented aircraft, and weather satellites provide essential information
about structure and development of cloud convection and precipitation. However,
observations alone are still inadequate to yield simultaneously the fields of temperature,
pressure, cloud water, rainwater etc., which are needed to improve the understanding of
cumuluas dynamics and cloud microphysics. To supplement observations, numerical cloud
models have emerged as useful tools to provide the relevant fields simultaneously in a
physically consistent way. A numerical cloud model is a mathematical description of the
complex interactions of the dynamic, thermodynamic and microphysical processes that
occur in clouds. The basic equations of a numerical cloud model are those for the
conservation of momentum, mass, and energy.

Using a time-dependent slab-symmetric two-dimensional model, Chang and Orville
(1973) found that model runs with the inclusion of boundary-layer convergence led 10 a
broader and more intense cumulus than runs without convergence. Using a more
sophisticated approach, Chen and Orville (1980) showed that the convection became more
intense when low-level convergence existed, while the convection was suppressed in the
presence of low-level divergence. More vigorous storms with greater precipitation
intensities occurred when low-level convergence instead of divergence was present in

three-dimensional simulations (Tripoli and Cotton 1980). The persistence of strong low-



(Crook and Moncrieff 1988).

The focus of the above modelling studies was on showing differences in model
simulations with and without convergence. Those results indicated the important role of
low-level convergence in the development of convection. In this thesis we will quantify the
effects of the magnitude and the depth of convergence on cloud formation and subsequent
precipitation. To make the computational demands manageable, our model adopts the
assumption of symmetry around a vertical axis. The advantages and limitations of using an

axi-symmetric cloud model will be discussed in detail in Chapters 4 and 5.

1.4.3  Initialization of numerical cloud model using radar data

In cloud models, the initial conditions are generally specified by horizontally
homogenous wind, temperature and humidity profiles obtained from an observed
rawinsonde sounding. For a convective cloud, the sounding presumably contains positive
Convective Available Potential Energy (CAPE). Then, a perturbation is introduced to
initiate the convection process. The most common method is that of a thermal (or moist)
bubble near the cloud base height (e.g., Miller and Pearce 1974, Klemp and Wilhelmson
1978, and Rotunno et al. 1988). Simulations employing this “bubble” technique, however,

often lead to unrealistic features in the simulated storms (Clark 1979, Tripoli and Cotton

Tripoli and Cotton (1980) used a horizontally homogeneous field of initial vertical motion
to simulate the effect of large-scale convergence on convection. Smolarkiewicz and Clark
(1985) used a surface-layer forcing calculated from mesonet data. Johnson et al. (1989)
used differential surface heating obtained from a surface energy balance model.

With the remarkable progress in Doppler radar observations of convective storms,
there is growing interest in the combined use of numerical cloud models and radar data to
“predict” the development of cloud and precipitation (Laroche and Zawadzki 1995).
Recently, an adjoint method has been developed to retrieve wind, thermodynamic, and

microphysics information by fitting radar-observed radial velocity and reflectivity values to



an anelastic cloud model (e.g., Sun et al. 1991, Gal-Chen and Zhang 1993, and Laroche
and Zawadzki 1994). Case studies using this method have been carried out by Sun and
Crook (1994), Shapiro et al. (1995), and Sun e1 al. (1995). However, this method is
computationally demanding and is not without flaws (Sun et al. 1995). Rather than
applying the adjoint method, Lin et al. (1993) used the 3-D wind fields directly derived
from multiple-Doppler radar data for a tornadic storm to initialize the convective storm
simulation. There was a fairly good agreement between the simulated storm and
observations.

Our research is a new attempt to combine the data measured by an operational
single Doppler radar with an axi-symmetric cloud model. The divergence profiles, which
are obtained from the EVAD (stratiform rain event) and the VVP (convective case)
analyses, are used to initialize the numerical cloud model. These divergence profiles are

utilized for the boundary conditions (i.e., the radial flow through the lateral boundary), and
also for the initial wind field.

1.5  Organization of the Thesis

In Chapter 2, the EVAD technique is described. It is then applied to a widespread
stratiform precipitation event occurring in central Alberta on 23 June 1993. Error analyses
are made to evaluate the reliability of the EVAD estimates when Doppler velocity data are
sampled at very few scans.

The VVP technique is described in Chapter 3. The dependence of the accuracy of
the estimated wind kinematic properties (e.g., divergence, deformation) on the size and
shape of sampling volumes and on the number of kinematic parameters in the algorithm is
examined. The multicell storm of 19 August 1992 is studied with the VVP analysis,
Interpretations are made on the analyses obtained.

Chapter 4 presents the axi- symmetric cloud model used in the current study. The
basic assumptions, model equations, parameterization schemes and numerical methods are

described.



Chapter 5 deals with the numerical simulation of the storm on 19 August 1992,
The VVP-derived convergence is used to initialize the model wind field, and the model
results are compared with radar observations. A series of sensitivity experiments are then
presented to show the effects of various convergence parameters ( such as the magnitude,
and the depth of convergence, and their ratio) on the time onset and intensity of
convection and precipitation.

In Chapter 6, we apply the EVAD divergence profile to modelling the stratiform
rain event. By performing numerical sensitivity experiments using different magnitudes and
depths of low-level convergence, and different patterns of upper-level divergence, the
effects of the divergence profile on the development of stratiform precipitation are
quantified.

The major findings of this research are summarized in Chapter 7. Suggestions for
future research regarding the combined use of a single-Doppler radar and a numerical

cloud model are also briefly presented.
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CHAPTER 2

DIVERGENCE PROFILE DERIVATION IN STRATIFORM
PRECIPITATION USING THE EVAD ALGORITHM

2.1  Introduction

The technique used most commonly for analysing the velocity measurements from
a single Doppler radar is the Velocity Azimuth Display (VAD, Lhermitte and Atlas 1961 .
Caton 1963, Browning and Wexler 1968). From the VAD analysis, the horizontal mean
wind and deformation can be estimated in a uniform wind field. However, information
about horizontal divergence is obtained only when the fall speed of hydrometeors is
known. To estimate the divergence without the knowledge of particle fall speed, the
Extended VAD (EVAD, Srivastava et al. 1986, Matejka and Srivastava 1991) technique
is developed. The EVAD method is applicable for fairly uniform wind fields without
significant gaps in radar echo regions. The Doppler velocity data over the entire range of
azimuths and several elevation angles are needed for the EVAD analysis.

Srivastava et al. (1986) used the EVAD method to infer the divergence in the

to those obtained from the analysis of rawinsonde data in tropical systems and in the mid-
latitude system described by Ogura and Liou (1980). Moreover, the EVAD-deduced
kinematic structures of wind field agreed well with those calculated from the multiple-
Doppler radar analysis. However, accuracy of the EVAD estimates is closely related to the
radar scanning protocol used for the EVAD analysis (Matejka and Srivastava 199] ). They
suggested that weighting data from different elevation angles and using weighted
regressions could improve the quality of kinematic estimates.

In this chapter, the EVAD technique is applied to the radial velocity data sampled

by the Carvel Doppler radar. Kinematic properties of wind field for a long-lasting
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stratiform rain event which occurred in Alberta on 23 June 1993 are retrieved and
analysed. Since the Carvel Doppler radar collects data only at three low elevation angles
(0.5°% 1.5° and 3.5°), such scans impose restrictions on the use of the EVAD analysis
because a fairly wide range of elevation angles is needed for the EVAD analysis (Matejka
and Srivastava 1991). Thus, before the investigation is made for the case study on 23 June
1993, the EVAD analysis is first performed in a simulated wind field to investigate how
the estimate accuracy is affected by radar parameters.

In section 2.2, details about the EVAD technique are presented. Error analyses in
the simulated wind field are discussed in section 2.3. Emphasis is placed on examining the
sensitivity of the divergence estimate to a) measurement errors in Doppler velocity; b)
radar maximum elevation angle; c) radius of the analysis cylinder; and d) fall speed of
hydrometeors. The EVAD analyses for the case on 23 June 1993 are carried out in section

2.4. Conclusions for this chapter are summarized in section 2.5.

2.2  The EVAD Technique
2.2.1 The VAD analysis

The EVAD method is an extension of the VAD technique which will be described
first. Figure 2.1 shows the essential geometry of the wind detected by the radar beam
which is pointing at an elevation angle o with respect to the ground. The centroid of the

sampling bin has coordinates (r,a,p) with r denoting radar range and ¢ the radar azimuth

point (r,e,p) is given by

V.(r,a,@) = (ucosgp +vsing)cosa + Wsina (2.1)

where i, v are wind components along the x (eastward) and y (northward) directions,
respectively. W= w-V, is the effective vertical motion of scattering particles with w
denoting air vertical motion and V, the terminal fall speed of the particles.

When the wind field is smooth, its local spatial variation can be assumed to be

linear in the horizontal dimensions. Thus the wind field inside the observed domain can be
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described by the sum of the value at the circle centre and the first derivatives (e.g.,

Browning and Wexler 1968):

1 7 4 = i -+ i B + ] ¥
M= MUY+ (2.2

VEv,t vty
where the subscript “0”" denotes the value at the centre of the circle being scanned, and
subscripts “x”, “y” and “z” denote partial derivatives. By substituting (2.2) into (2.1), and

using the transformation from rectangular (x,y,z) to spherical coordinates (r.a,¢)
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the radial wind component V, is given by
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Provided V, is smooth, we can write V, as a Fourier series in terms of the variable
¢. Truncating this series to keep only the first (leading) five terms, we have the

approximation:

V(rog) =a, -+ a, sing + a,cosg + a,sin2¢@ + a,cos2¢p . (2.5)

According to the orthogonal characteristics of trigonometric function, the Fourier

coefficients, a,, (m=0,--,4), can be determined uniquely by
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V,(r,a,cp,.) Cos2¢, m=4
i1 .

where N is the total number of the velocity measurements around one VAD ring (azimuth

varying from 0° to 360°). By comparing (2.4) and (2.5), the Fourier coefficients are related

to kinematic parameters as

= 2 :
a, = 7 rcos o (u +v)+ Wsine 2.7)
a, = v_cose
a, = u,coso
a, = + rcos’e (1, +v,) (2.8)
=1 2 -
a, = 5 rcos o (u, v_v) .

For one horizontal circle (i.e., a single VAD ring), r and « are both constants. So,
kinematic properties of a local wind field, such as mean wind components u, and v,
stretching deformation (u,-v,) and shearing deformation (u,+v,), can be derived directly
from the Fourier coefficients a, to a,in (2.8). However, in (2.7), the divergence

(DI V=ux+v.‘.) is contaminated by the vertical motion of particles (W), and cannot be
directly calculated from a,. The VAD technique determines DIV on the basis of assuming
a zero contribution of W to a,. Browning and Wexler (1968) found that this requirement
can be met when radar scans at low elevation angles (<7°) as in such case the particle

vertical motion, W, contributes insignificantly to the radial component (see Figure 2.1).
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2.2.2 The EVAD rechnique
To determine the divergence without the knowledge of W, the EVAD method is
adopted. In extensive precipitation areas where the EVAD method is used, the vertical
component of the air velocity, w, is negligible compared to the terminal fall speed of
hydrometeors, V, i.e., W= w-V, = -V, Hence, (2.7) is rewritten as
2a, 2sina

brv -v, 'L cose

-0 29
L cosa (2.9)

where L = rcosa is the radius of one VAD ring, and also the horizontal range from the
radar. In the volume scan by a radar (see Figure 2.2), each a,, determined by (2.6), relates
to radar ranges and elevation angles, and formulates a set of values along the vertical axis

through the radar site. To estimate DIV and V, separately we can assume that, in (2.9), the

VAD scans for many paired values of L and o such that the resulting VAD circles lie in a
narrow interval of height, over which DIV and V, are regarded constant within a maximum
horizontal range, L., (see Figure 2.3), Under these conditions, the values of (2a,/ Lcosa)
as a function of (2sine /Lcose) are distributed over a straight line. The slope and intercept
of the line determined by least-squares fit yield V, and D/V estimates simultaneously. These
quantities are determined in successive thin-layer sections, in which the assumption of DJV
and V, constant are supposed to be satisfied. In this way, the vertical profiles of DIV and V,
are obtained.

It should be pointed out that for estimating the divergence there is no need to

assume that the wind field varies linearly in x and y. It is sufficient to assume « and v to

horizontally uniform within the analysis domain. Specifically, the linear and quadratic
variations in # and v would yield that DIV does not depend upon L (Caya and Zawadzki
centred over the radar. As L varies, the area of the circle changes quadratically, and
equally in all directions, leaving DIV unchanged by quadratic variations in the wind

components.



2.2.3 Variable regression
The first step in the EVAD analysis is to perform the VAD analyses on the entire

volume of radial velocity data collected by a single-Doppler radar. For each VAD ring, a,
is calculated using (2.6). As a result of the VAD analyses, a, varics as a function of the
ring radius, L, and the elevation angle, ¢, as given by (2.9).

It is convenient to introduce the notation Y=2a,/ Lcosa ; p,=DIV, p,=-V, , g, =1,
and g, = 2sine/ Lcosa, Let the column vector P = [p,] and define the column vector g and

the matrix P by

M
q; = Z Y. 840 L) Yo, L))
o (2.10)

M
P, = Z Y 8¢ L) gey L)
1

where indices i,j = 1, 2, and the summations range over the M rings in the thin layer. The

factor vy, is a weight associated with the kth ring, and is computed by

g = L} cos’e, @11
k 4n, Var(ao)k )

where Var(a,) is the estimated variance of a,, defined by (Draper and Smith 1966, p-88)

1 2
Vi = e \% P, -V (O} s, 12
ar(ao) N-5 ~ [ r( 1)abs r( l)e.rI] (21 )

In (2.11), n, denotes the number of rings that belong to the same elevation cone as ring k
and that are also in the same horizontal layers as ring k. The weighted least-squares

solution for the coefficients p, (i.e., DIV and V) is

p=Plg. (2.13)

The reason for using the weighted regressions (2.10) instead of regular regressions
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is that the radar collects data at finite interval along the radar beam rather than at a
continuous pattern. Consequently, lower elevation cones contribute more rings to a layer
than higher elevation cones for low-levels (see Figure 2.3). This leads to an exaggerated
contribution to the regression by data from greater ranges. The inclusion of vy, in (2.10)

restrains this effect for the finite thickness of the layers (Matejka and Srivastava 1991 ).

2.3  Examination of the EVAD Analysis in a Simulated Wind Field

The EVAD analysis is based on processing radial velocity measurements, and
involves the VAD regressions from different elevation angles within a vertical cylinder of
radius, L,,.. Therefore, the effects of the uncertainty in V, measurements on the accuracy
of the divergence estimates needs to be determined. Likewise, how the radar maximum
elevation angle and the cylinder radius L, affect the profile of DIV has also to be
evaluated. Finally, we examine the impact of the particular choice of the terminal fall speed

of hydrometeors on the divergence estimates.

2.3.1 Influence of measurement errors in Dappler velocity

To study the influence of inaccuracies inherent in radial velocity measurements on
the divergence estimate, sensitivity analyses are carried out for a simulated wind field. The
wind field is simulated by specifying mean wind components and their first derivatives
over the radar site according to (2.2). The values of u, and v, are set to be constant, but
Uz, Uy, v, and v, are assumed to vary linearly with height. Specifically, we assume the

following conditions:
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(2.14)

]
I

-0.6x10* 7 + 1.3x1074 z 25 km
u, =y = 034':!{10;? z - 3.0x10* S5km<z=<175kn
2.2x107° z - 1.7x107* 2> 7.5 km .

Here z denotes the height in km, and Uy, U, v, and v, are partial derivatives of wind

components in s”'. From (2.14), the divergence profile in the simulated wind field is given
by:

7 sLélx'lDé% z + 3.0x10% Z =5 kmn
1.6x107* z - 1.2x1073 Skn<z=175bbn (2.15)
3.3x10°% z - 2.5x10™* z2>75km

Drv

It is assumed that air flow is divergent beneath the altitude of 2.1 km, but convergent
between 2.1 and 7.5 km, and divergent again above 7.5 km. This convergent / divergent
flow structure is a typical profile found in mesoscale convective systems (Ogura and Liou
1980, and Zhang et al. 1989).

In meteorology, the measurements of all quantities are subject to uncertainties due
to instrument and sampling errors. Velocity measurements by Doppler radar are no
exception. In fact, the uncertainty of Doppler velocity measurements is about 10 to 30%
of their true values (Doviak and Zrnic 1993). To treat this uncertainty, we assume that the
wind field given by (2.14) is affected by random errors. Specifically, each Doppler velocity
measurement is assumed to have a random perturbation. These errors are spatially

uncorrelated. Thus,

<
n

-V, + A (5-0.5) (2.16)
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where <V> is the expected value of V,, and <V >= V.- The second term on the RHS of
(2.16) is associated with the statistical uncertainty in the V_ measurement made by the
Doppler radar. A, =<V, -V..J’>1" denotes the magnitude of errors in radial velocity. §is
an uncorrelated random variable whose probability density function is uniform over the
[0,1] interval. Simulated Doppler velocity data are computed every 450 m along the radar
beam from sweeps at five elevation angles (0.5° 11.9° 23.9°, 37.1°, and 53.3°, sce Figure
2.3). The radius of analysis cylinder, L, 1s set at 60 km, and layers of 300 m in depth
(4z) are used. The terminal fall speed of raindrops, V,, in (2.9) is assumed to be 3.0 ms"!
over all layers.

Figure 2.4 and Figure 2.5 illustrate the vertical profiles of the deviation of the
divergence estimate from its real value when different A, and § values are selected. The

departure of the estimated divergence from its original value is represented by the relative
error, ADIV%, which is defined as | DIV,,,-DIV,,, |/ DIV, x100%. Over the layers of 7
km, ADIV% becomes larger when the A, value is increased (Figure 2.4). This indicates
that the inaccuracy of the divergence estimate increases with the measurement errors in
radial velocity. With the height, ADIV% repeatedly increases as the largest VAD ring from
a low elevation vacates the analysis cylinder. The large spike around 1.0 km occurs where
the lowest elevation cone drops out and the largest ring is supplied by the second elevation
elevation lower than 1° here), and could be eliminated by spacing the lower elevations
more closely. The curves shown in Figure 2.4 indicate that relative errors in divergence
estimates are less than 12% when the inaccuracy in V, measurements is smaller than 28%
(ie.,A,=5.0ms™).

Figure 2.5 shows the 4DIV% profiles when § is “picked” at random between 0 and
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could impose restrictions on the use of the EVAD analysis. In this section, we investigate
how the DIV estimate depends on the upper limit of elevation angles. Six scan designs
with a maximum elevation angle (a,,,.) as 3°, 5°, 10°, 20°, 40°, and 60° are evaluated. Each
scan design consists of different sweeps with Ae=1° for &, =3°, 5°, 10°, and Ae=2° for
@, =207, 40°, and 60°, The numbers of sweeps in the six scan designs are thus 3, 5, 10,
10, 20 and 30, respectively. Data coverages for the six designs are depicted in Figure 2.6.
The simulated wind field given by (2.14) is adopted. The estimated uncertainty in V., is
assumed to be A,=3.0 ms™'. The analysis cylinder radius, L,,. is taken as 60 km.

Variations of 4DIV% versus height for the six a,,,, designs are shown in Figure
2.7. In Figure 2.7a, the EVAD analysis yields the precise divergence estimate (ADIV%
<10%) only below 1.8 km when radar elevations are restricted lower than 3°. For the e
raised to 2.4 and 5.7 km, respectively (neglecting the large spike around 2.2 km). It is
possible to deduce the divergence up to 7.5 km when the maximum elevation angles of
radar sweeps are higher than 20° (Figure 2.7b). Below 1.0 km, 4DIV% increases when the
interval of elevation angles, Ae, is increased from 1° (@, < 10°) to 2° (e, > 20°). This
feature suggests that errors in estimating the divergence could be reduced by using more
elevation angles at a finer elevation step.

For the Carvel Doppler radar, radial velocity data are taken only at three low

analysis can yield accurate divergence estimates up to 2.0 km when the measurement

errors in radial velocity are 16% (i.e., A,=3.0 ms™') and the analysis radius is 60 km.

2.3.3  Influence of analysis cylinder radius
Matejka and Srivastava (1991) pointed out that the accuracy of the EVAD results

depends on the radius of the analysis cylinder, particularly when higher elevation angles
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are not used. Considering the limited sweeps at a few elevation angles made by the Carvel
radar, we need to find an appropriate L, . Beyond this analysis radius, the divergence can
be estimated accurately and the EVAD analysis can be applied to the radial velocity
Analyses with different L, are carried out in the simulated wind ficld give by
(2.14) with A =6.0 ms’'. Radial velocity data are computed at 0.5°, 1.5°, and 3.5% the
three elevation angles used by the Carvel radar. Figure 2.8 shows the ADIV% profiles
when the radii of analysis cylinder, L, ., are 40, 60, 80, and 100 km, respectively. Larger
analysis radius raises the permissible altitude (denoted by Z;,p), below which the
divergence can be estimated with ADIV% less than 50%. For example, Z;,,=1.2 km when
L, .. is 40 km, while Z,,, can be increased to 2.4 km for L,,=100 km. To estimate the
divergence profile to the altitude of Zrop = 1.8 km, the radius of an analysis cylinder

should be at least 60 km for the Carvel radar.

2.3.4  Influence of hydrometeor fall speed

In this section, we investigate the effect of the terminal fall speed of the
hydrometeors (e.g., raindrops) on estimating the EVAD divergence values. To quantify
this, we will compare the results for two conditions. In the first, the fall speed remains
constant over the entire vertical layers, whereas in the second, the fall speed varies linearly

with height. Specifically, we have:

Condition I: V.=30 ms! ; (2.17)

Condition II: 1%

i

3.0-0.22z ms™. (2.18)

In (2.18), z is height in km. For widespread precipitation, evaporation of raindrops below
cloud base is of no concerr:. 5o, the relationship in Condition II is an attempt to model the
increase in raindrop size w::» the falling raindrops grow by collecting smaller drops
through the coalescence process. In both conditions, the wind field is given by (2.14).

Profiles of ADIV% for Conditions I and II (Figure 2.9) are very similar. This
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implies that the EVAD-deduced divergence estimate is indeed insensitive to the specific
Srivastava et al. (1986): the EVAD analysis can provide the divergence estimate without
knowledge of V,. Tic large spike at the altitude of about 1 km is artificial, reflecting the
improper arrangement of sweeps at low elevation angles. This spike could be eliminated
when applying the EVAD analysis to actual velocity data sampled by the Carvel radar

because enough low elevation angles are used.

24  Application of the EVAD Analysis on 23 June 1993
2.4.1 Synoptic situation

On 22 June 1993, a mid-latitude cyclone developed, spanning the region from
western British Columbia to central Manitoba. A complex, slow moving, low pressure
system moved over central Alberta and produced abundant precipitation. Along the
northern foothills of the Rocky Mountains, rainfall amounts exceeded 50 mm. On 23 June,
an additional 30 mm of rain was brought to the most northern and central regions of
Alberta with some stations recording up to 180 mm. This resulted in local flooding in
northern Alberta. The lowest station pressure in Edmonton in 113 years (91.13 kPa) was
recorded on this day.’

Synoptic conditions on 23 June 1993 are shown in Figure 2.10. The dominant 500-
mb feature at 0000 UTC 23 June 1993 (Figure 2.10a) was a cold low over southern
Alberta. A trough of warm air aloft (TROWAL) wrapped around the low centre, and the
warm air was southeastward being advected from southern Manitoba. On the surface map
(Figure 2.10b), the low pressure system was centred at east central Alberta with a
northeastward warm front and a southeast-directed cold front. Extensive clouds and rain
were produced on and to the rear of the surface cold front.

"The information was obtained from the Climatic Perspectives (Monthly Review) for June
1993, issued by Environment Canada.

28



2.4.2  Radar observations of precipitation

Satellite images suggested that clouds covered most areas of Alberta starting at
about 0200 UTC on 22 June 1993. Radar observations showed that the precipitation was
fairly uniform between 2300 UTC on 22 June and 0600 UTC on 23 June. Figure 2.11
depicts the 1.5-km CAPPI (Constant Altitude Plan Position Indicator) of rainfall rate at
times 0030, 0100, 0200, 0300 and 0400 UTC on 23 June. The image of echo top height at
0030 UTC (Figure 2.11b) is also included to show the upper height of the precipitation
field. The echo top varied from 4 to 8 km, averaging at about 6 km. Radar images for
rainfall rates were obtained from radar reflectivity by using the Carvel radar Z-R relation:
Z = 295R', |

At 0030 UTC, precipitation was characterized by a northwest-southeast oriented
wide zone accompanied by an area with stronger echo cells in the northeast part of the
radar display (Figure 2.11a). An echo-free gap formed at the connection of the wide zone
and the heavier echo area from azimuths 0°-20° and ranges 80-220 km. In the following
few hours, the precipitation field became smoother as the echo gap diminished and the
stronger echo cells weakened. The region scanned by the radar in Doppler mode (its
maximum scanning radius of 110 km) was completely covered by uniform precipitation at
0400 UTC. During the period shown in Figure 2.11, the rainfall rate was relatively steady,
at around 2 mmh™ at 1.5 km level.

2.4.3 The EVAD results for 23 June 1993

The EVAD analyses are applied to the Doppler velocity data sampled at times
0030, 0200, 0300 and 0400 UTC on 23 June 1993. Data over the entire azirnuths (0°-
360°) and ranges (20-100 km) at three elevation angles of 0.5° 1.5° and 3.5° are used. The

radar data are edited prior to the EVAD kinematics analysis. Detailed procedures for data
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within the radius of an analysis cylinder (L,,,). These data are then classified into narrow

height intervals (Az=200 m). The coefficient a, is used to yield the estimates of DIV and
V, as a function of height. L,,,, was set to 80 km based on the discussion in section 2.3.4.
Figure 2.12 shows the divergence profiles deduced from the EVAD analyses at
times (a) 0030, (b) 0200, (c) 0300 and (d) 0400 UTC. Due to the radar scans limited at
three low elevation angles, the radial velocity data above 2.4 km were spotty and the

EVAD analyses were not applied. Throughout the 3.5 hours of the analyses, the flow

associated with the precipitation fallout below cloud base. Above 0.6 km, the wind field
was convergent. The convergence maximum, CON,,,, varied between -2.0x10" s°! (0200
UTC) and -6.5x10™ s (0400 UTC). The altitude, at which the convergence reached its
maximum, ZCON,,,,,, fell from 2.2 kmto 1.8 km during these 3.5 hours. It should be
pointed that large variations in CON,,_ did not correlate with big differences in surface

km remained similar and the ZCON,,,, was too far above the cloud base level.

c. ,
From the divergence profile, air vertical velocity, w, can be obtained by numerical

integration of the continuity equation (incompressible assumption):

piv = 9, o

| DL

= - 2.19
dy dz (2.19)

%

where p is the air density. Assuming W= =0, the vertical velocity is given by
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wi) = - f DIiV(2)dz . (2.20)
0

Figure 2.13 shows the profiles of w (from the surface to the altitude of 2.4 km) at
times 0030, 0200, 0300 and 0400 UTC. The vertical air motion was downward at low
levels but upward aloft. The downdraft, with a maximum varying between 1.5 cms™' and
3.5 cms™, dominated the layers beneath 1.0 km. It was probably associated with the
precipitation fallout below the cloud base. Aloft, air ascended at an updraft speed of a few
tens of centimetres per second. Such an updraft speed, supplied by the large low-pressure
system, is typical of nimbostratus clouds (Rogers and Yau 1989, p.74). The updraft lasted
for a long time (> 3 h) to produce the widespread, continuous rain. Corresponding to the
strongest convergence at 0400 UTC, the resultant peak updraft intensified to around 33
cms™'. However, it contributed little to surface rainfall due to its occurrence at a level

much higher than the cloud base.

Mean values of horizontal wind components, u, and v,, can be retrieved from
(2.8). Wind derivations for the four times were made. The profiles of w, and v, at 0200
UTC are shown in Figure 2.14. Similar profiles were obtained for the other times. Over
the vertical depth of 2.7 km, a northwest flow prevailed. In Figure 2.14a, the zonal wind
component (u,) first increased and then decreased with height. The meridional wind
component (v,) increased with height over the lowest 2 km (Figure 2.14b).

To evaluate the EVAD-deduced wind estimate, Figure 2.15 compares the EVAD
wind profiles with those obtained from VAD analyses and the 0000 UTC rawinsonde
sounding recorded at Stony Plain. There are good agreements among the results from the
three sources, especially when comparing the VAD, the 0030 UTC EVAD and the
sounding results. A low-level “jet” with a magnitude of 25 ms™' was found around 1.2 km.

Wind veered from 290° near the surface to 320° at 2.4 km. The estimates of u, and v, from
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the EVAD analysis should be more accurate and stable than the VAD result because the

VAD analysis was performed using only one elevation angle.

2.5  Conclusions

Kinematic properties of the wind field in stratiform precipitation regions can be
deduced from Doppler radar velocity measurements using the EVAD data analysis
technique. The EVAD analysis applied to a volume of data in widespread echo areas can
estimate vertical profiles of divergence, hydrometeor fall speed, and horizontal wind
components. The values obtained are horizontal means over the analysis region which is a

vertical cylinder centred over the radar site.

specific factors on the EVAD-deduced divergence estimate. Inaccuracy of the divergence
estimate was found to increase with the errors in Doppler velocity measurements. When
the uncertainty of the radial velocity was 5 ms" (about 30% of the real V, value), the
errors in estimating the area-averaged divergence were 12% or less beneath 1.5 km, and
<10% aloft. The retrieval of the divergence profile crucially depended on the maximum
elevation angle and the radius of the analysis cylinder used in the EVAD analysis.
Adoption of either higher elevation angles or larger cylinder radius would raise the altitude
below which the divergence profile could be derived with high accuracy. For the limited
scans used by the Carvel radar, the observing cylinder radius should be at least 60 km so
that the divergence estimate up to an altitude of about 2.0 km could be obtained.
Experiments in the simulated wind field also showed that the divergence estimate is almost
independent of the fall speed of hydrometeors, confirming the results of Srivastava et al.
(1986).

Wind kinematic properties in the widespread precipitation of 23 June 1993 were
analysed using the EVAD technique at four different times. Divergent air flow occurred
beneath 0.6 km, presumably related to the outflow below the cloud base. The wind field
aloft was convergent up to the altitude of 2.4 km. The divergent/convergent flow structure

was maintained for more than three hours on that day. The convergence caused a weak
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but long-lasting ascending motion such produced widespread, continuous rain. Also, we
found that the EVAD-derived estimates of horizontal wind agreed reasonably well with
those from the VAD analysis and the sounding data recorded at 0000 UTC.

boundary conditions for an axis-symmetric cloud model. A numerical modelling study will
be carried out to simulate this stratiform precipitation event and to investigate the effects

of the divergence profile on the development of stratiform precipitation.
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Figure 2.1 Geometry for the scan of velocities on a circle.
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Figure 2.2 The radar volume scans consisting of different elevation angles.
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Figure 2.3 Vertical sections depicting the constant-elevation cones of data
JSfrom various elevation angles for the EVAD analysis.
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Figure 2.4 Vertical profiles of the relative errors of the EVAD
divergence estimate (ADIV%), varying with the amplitude of measurement
errors in Doppler velocities, A,
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Figure 2.5.  The variation of ADIV% with height. Erroneous Doppler
velocities with A,=6.0 ms™ are randomly produced (denoted by a-f)
according to [0,1] uniform probability distribution. Referring to the text
Sfor more details. B
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Figure 2.8 The ADIV% as a function of height, plotted when Jour radii of analysis

cylinder (L, in km) are used. The elevation angles used are same as the Carvel Doppler
radar at 0.5°, 1.5°, and 3.5".
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Figure 2.9 Effects of the fall speed of hydrometeors on the EVAD-
retrieved divergence estimate. The particle fall speed is assumed
constant over the whole layers at Condition I, but to vary linearly with
height at Condition I1. Vertical profiles of ADIV% are obtained with
L,,,=60 km, and A,=3.0 ms’'.
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Figure 2.10 (a) 500-mb analysis ar 0000 UTC on 23 June 1993. Solid lines are
geopotential height contours in decameters while dashed lines are isotherms in °C.
Conventional station model used for winds (half bar 5 knots and full bar 10 knots).
(b) surface analysis with mean sea level pressure contours in mb.
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Figure 2.10b.
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Figure 2.12  Vertical profile of divergence of the horizontal wind from the EVAD
analysis at (a) 0030, (b) 0200, (c) 0300, and (d) 0400 UTC. The EVAD analyses are
based on data collected by the Carvel Doppler radar on 23 June 1993. The divergence is
in unit of 107 5.

45



3 3 = = - —
a b
25 1 - 25
E 2 4 E 24
x =
£ 151 £15
K= R
£ 1 E
05 4 8.5
0 — T — 0 = e
-5 5 15 25 35 =5 5 15 = 35
Vertical Air Veloclty (cm/a) Vertical Air Velocity (cm/s)
3 — — - 3 = — e
- c
25 1 - 25
— b= -
E 2 E 24
= E
Es E1is
2 =
£ 11 g 1
05 05 4
0 S T 0 B T —
-5 15 25 a5 =5 5 15 25 kL

5 5
Verticail Alr Velocity (enva)
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assuming w=0 at the surface and cjp/=0.
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CHAPTER 3

ESTIMATION OF DIVERGENCE IN SCATTERED ECHO
REGIONS USING THE VVP TECHNIQUE

Remark: The revised version of this chapter has been submitted as a research note to the

Journal of Atmospheric and Oceanic Technology for publication.

3.1 Introduction

The Velocity Azimuth Display (VAD) and Extended VAD (EVAD) techniques
used to analyse radial velocity measurements sampled by a single Doppler radar are not
feasible when precipitation echoes do not fill the entire radar scanning area. In many cases,
particularly during summer convection, precipitation echoes are often organized into cells
or lines with echo-free regions interspersed. To estimate wind properties for less
widespread convective precipitation, the Volume Velocity Processing (VVP) method can
be used (Waldteufel and Corbin 1979, Koscielny et al. 1982, Smith and Rabin 1989). For
the VVP analysis, radial velocity <ata are required only within a small volume delimited by
an azimuth range of about 30°, a radial range of about 30 km, and an elevation angle range
of about 1°.

Despite its attractive ability to deal with scattered precipitation, the VVP method
has been used sparingly in the past. The first attempt at using this method was made by
Waldteufel and Corbin (1979) who studied wind kinematic properties in frontal
precipitation zones. They found that departures from linearity in the actual wind field
constitute the basic limitation to wide application of the VVP method. Koscielny et al.
(1982) applied the VVP method and showed that areas of convergence coincided with
regions where cumulus clouds and storms later developed. Johnston (1984) used the
technique to reveal the kinematic structures of cold frontal rainbands. Smith and Rabin
(1989) assessed the accuracy of this technique in a case study of a severe storm outbreak

in central Oklahoma.
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In this chapter, the VVP approach is applied to the Doppler velocity data sampled
by the Carvel radar to estimate the low-level convergence field. The case considered
occurred on 19 August 1992. A multicellular thunderstorm passed through central Alberta
and spawned two tornadoes. Hailstones were reported with sizes ranging from pea to

golf-ball. Before this case is investigated, the VVP method is first applied to simulated
number of model parameters and the analysis volume resolution.

3.2  The Method

The VVP technique can be best described with reference to Figure 3.1. Data are
sampled in the range from r to r+4r, azimuth from ¢ to $+Ad, and elevation angle from
o to a+Aa. The volume element ArxAdxAd is referred to as the analysis volume. It is
convenient to use a Cartesian coordinate system xyz as shown in Figure 3.1. The z axis
points upwards, while the x-axis and the y-axis are directed eastwards and northwards,
respectively. The coordinate (x, y, z) is related to the spherical radar coordinates (r, d, a)
by:
r sing cose

r cos¢ cosa (3.1
r singa

-
I

e

The basic assumption of the VVP method is that the spatial variation of the wind

—

can be approximated by a linear function. Specifically, the wind vector V=(u, v, w)ata
point (r,¢,a) is assumed to vary linearly in x, y, and z:

s Yor Z,) * ‘?EV'(XEXQ) + i(y*-yﬂ) + ‘?—V(zizﬂ) ,
ox dy 0z

Vix, y, 2) = V(x, (3.2)

£

where 1'7:: (44, Voo W,) is the wind at the point (x,, Yo» Z,)» which is usually taken as the

centre of the analysis volume.
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The radial component of air velocity along the radar beam, V, is the projection of
V onto 7 which is the position vector from the radar to the data point (r, ¢, ). That is,

V.= V-F

r

usind cose + veosd coser + wsine
! .

= u, sincosa
Do

+ v, cospcosa

+ (urv) [n:cssasincbcgscb—é(xﬂcascbﬂ;,sinci:)]ccsa

u, [rsindcose -,tr}]sinclzgosa

v, Emcsc[;cagtg*-yﬂ]cascbcasci

u, [rsine-z Jsingcoso

v_ [rsine-z, Jcosdcose

w, sine

w, [rsina-z ]sine

W, [i‘Siﬂd?CDSC!"xﬂ]Sim!

w, [rcosdeosa-y ]sina

+ o+ + 4+ o+ o+ 4+

N

where u,' = [u,+ Y2y, (veu)l, v, = [v, - Vax, (v-14,)]. The subscripts x, y and z denote
partial derivatives. Since the 11 unknowns (' v)s kv, g, v, u, v, wy, w, w, and w.)
are multiplied by different functions of r, ¢ and «, the kinematic properties of the wind
field can be discriminated through the different dependencies that they predict on the
linear wind parameters, u,, v, Uy, V., appear in (3.3) in combined forms multiplied by
unique trigonometric functions. Additional assumptions have to be made to determine all
of the 12 parameters. For example, the vertical component of vorticity, (v,-u,). cannot be
discriminated from u, and v, because they share a common trigonometric dependency. If x,
and y, were zero, then u, and v, would be uncoupled from vorticity and hence could be

retrieved. However, this would require the analysis volume to be centred directly above

To simplify notation, a column vector U 11 18 introduced with its definition:
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Uy =1u,v, UtV Upy Vi Uy Vi W, W W, w.] 7
(3.4)
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Using this notation, the radial component of air velocity can be expressed as

V=P -U, . (3.6)

F

determined by n,, n,4, and n,, which, respectively, represents the V, numbers measured at
various ranges, azimuths and elevation angles. Typically, the value of n (=n,xn xn,)
reaches about 10* to 10, All V, measurements within the analysis volume are grouped into
a vector V,,,"=(V,;, V,,, ..., V,,.). The associated predictor functions, P, are arranged into an
(n x m) matrix Q,,,"= (P;,, Py, -, P,7,, P,,T), where P,, is determined by (3.5) for m

(=11 here) predictors with index i=1, 2, n. Therefore, we have V,, = @,,-U,,. Estimation

of parameters becomes a multivariate regression problem which can be solved by standard
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techniques such as the least-squares fit. The least-squares estimate of U,.denoted by O,
is computed from (Draper and Smith 1966, p-59)

£y

v =¢6..-0r v |, (3.7)

m mm i

where G,,, = 0,,,"Q,,, contains the covariances between the predictor functions, and the
superscript "-1" indicates the matrix inverse.
The number m in (3.7) can be chosen as a value equal to or less than /1. Usually,

spread over more regressors. This results in a loss of confidence in each corresponding
parameter estimate. When the parameters of the model (3.7) are less than 11, Koscielny et

al. (1982) called such processing the Modified Volume Velocity Processing (MVVP).

3.3 The VVP Zrror Analysis and Geometry of Analysis Volume
3.3.1 Seven-parameter VVP technique

To examine how the selection of m affects the estimates of kinematic parameters,
the VVP analysis is first applied to simulated radial velocity data. The twelve parameters
defining a linear simulated wind field are u, u_, Uy, Usy Vs Vs Vyy Vs W, W, W, and w,,
Typical values for these parameters, as suggested by Waldieufel and Corbin (1979) based

on earlier observations, are listed in Table 3.1.

Table 3.1 Typical values of mesoscale wind parameters (adopted from Waldteufel
and Corbin 1979).

Zeroth Derivative Terms (ms™) First Derivative Terms (1045

U, Vv, 10.0 Uy Uy, V,, Vy 1.0
u, v, 10.0

: 5.0 W, W, 0.1
w, 5.0
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chosen to be a sector of 40°x40 km with elevation angles of 0.4° and 0.8°. The VVP
estimates of kinematic parameters for the simulated wind, 0, are obtained using (3.7).
Table 3.2 lists the comparison of the estimates with their initial control values, U,, , for
m=7, m=9, and m=11, respectively. When m=11, the differences between U,,and flm for
U, V,, and u, are not small (relative errors around 30%), but still tolerable. However, the
estimates for u,, v,, w,, w,, w, and w, are extremely in error. As m is reduced in the

postulated model, more of the estimates approach their initial control values. When m=7,

Table 3.2 Comparison of the estimates of kinematic parameters from the VVP
analysis with their simulated control values when the processing includes 11, 9, and 7
parameters. The analysis volume consists of a sector of 40°x40 km with elevation angles
of 0.4" and 0.8°. The simulated control values are taken from Table 3.1.

Control Values Estimates

Parameters Units 7 . o N )
v 0, (MVVP)  Oy(MVVP) U, (VvP)

Hii}

ms’! 10.0 10.01 11.14 12.56

ms’ 10.0 10.05 12.95 12.94
UV, 10757 2.0 1.99 0.66 11.75
u 107 s 1.0 1.00 0.96 1.88
10757 1.0 0.97 0.52 14.98
u 107 57 10.0 10.08 142.7 695.07

v, 10757 10.0 13.02 358.58 -121.29

W ms’ 5.0 / 265.31 -4459.0
W, 10757 5.0 / -17295.0 -15219.0
W, 107 51 0.1 ’ ’ -8034.7
W, 107 57 0.1 ’ / -1786.8

Therefore, the proper selection of m for the postulated model is crucial in order to

obtain valid U,, estimates. To estimate divergence, terms w,, w,, w, and w, are
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mathematically considered to be nuisance parameters in the least-squares regression
(Draper and Smith 1966, p.81), and will be left out of the model. The vertical derivatives
of horizontal wind, u. and v., will be kept in the model (3.6) to remove the contamination
of horizontal derivatives caused by the vertical shear (Koscielny et. al 1982). This

regression model with seven parameters will henceforth be called the VVP7 algorithm.

3.3.2  Error analysis

The error analysis performed here is based on the statistical regression theory
presented in detail by Draper and Smith (1966). For a postulated model in which some
necessary parameters have been left out, the unbiased estimate of U, can be obtained from

(Draper and Smith, p.81):

E[0,) = U, +A,UT (3.8)

where E[U,] is the expected value of U,.and I = 11- m. Vector U = [ty s U3 1]

I

denotes the unmodeled parameters. The alias matrix A, is computed using

Aml G,i;tl:f Qni‘ in (3.9)

where Q,, = [P}/, Py, -, P, 1 and P = [P, 1, puear =+ Py). Since the alias matrix
depends on the predictors P, and the geometry of the analysis volume, the bias in f),,, can
be reduced if the analysis volume is properly designed.

Because the parameter-estimate variance resulting from unmodeled wind
parameters and velocity measurement errors is unknown, it is often estimated using the
variance errors of U, (e.g., Koscielny et al. 1982). For each parameter, the magnitude of
this variance is determined by the diagonal elements of the covariance matrix of U,,. The

covariance matrix C,,, is given by (Draper and Smith, p.61);

C,_=G!. g (3.10)



where a,? is the sum of squares of the residuals from the least-squares fit, which is
determined by (Draper and Smith, p.88)

T
EE,

gl (3.11)
(n-m)

L]

o
1]

andE,=[V,-Q,,"U,]. When the U, estimates are unbiased, o, represents the variance
of measurement errors in Doppler velocity. Measurement errors are assumed to be
uncorrelated normal random variables with zero mean and variance o/. The result of
(3.10) and (3.11) indicates that the inaccuracy of each parameter estimate increases

linearly with the statistical uncertainty in the V, measurement made by the Doppler radar.

0, = [ 0 +0; +2COV(u,v)1% / o, ,
' v : (3.12)

= (Cy¥egs+2e4 3"
where 0., and o, are the standard errors of u, and v,, COV(u,, v,) is the covariance of
errors in 1, and v,, and ¢, is an element of matrix C.... From the VVP analyses for the
simulated wind field, the standard errors in divergence estimate are 1.4x10" s!, 1.5x10°
s' and 1.5x107 s when m=11, 9, and 7, respectively. That is, the VVP7 technique yields
that from the VVP9. Therefore, the VVP7 algorithm will be adopted in the following

analyses to estimate divergence, deformation and vertical shear.

3.3.3  Effects of geometry of analysis volume on estimates

Since the VVP estimates I, are related to the predictor matrix @,,, in (3.7), the
size and shape of an analysis volume and the distribution of data therein will affect the
accuracy of the kinematic estimates. In this subsection, we examine how U, and g, depend
upon the geometry of the analysis volume in a simulated wind field. The simulated wind
field is specified in Table 3.1. Using spacings of 500 m in range and 1° in azimuth, radial

velocity data are computed at elevation angles of 0.4° and 0.8°. The least-squares
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estimates of U,, are obtained by using (3.7). Under various sector sizes of AdxAr, relative
errors in estimates, labelled as U, %, and the divergence standard error, g,, are listed in
Table 3.3. For all sectors, the estimates of horizontal mean wind, u,and v, agree with
their simulated control values within an error margin of U, % less than 10%. However, the
0, value and the estimates of horizontal deformation and vertical shear are fairly sensitive
to the variation of ApxAr. In general, with the increase of Ad or Ar, U, % decreases as a
consequence of the correlations among the regressors being reduced. All seven parameters
can be accurately estimated (U, % < 25%) when the sector sizes of 30°%30 km, 40"x20
km, 40°x30 km and 40°x40 km are used. Although larger analysis vclumes could contain
more radial velocity measurements (i.e., greater n), the estimates obtained from such
volumes would likely become questionable due to violation of the lincar wind assumption
(Waldteufel and Corbin 1979). The best compromise seems to use an analysis volume
which has an azimuthal width of about 40°, and a range extent of about 20 km. At lcast

two elevations are needed for estimating vertical shear.

Table 3.3 Relative errors in kinematic parameter estimates and the standard errors
in divergence estimation for a simulated wind field under various sized sectors of ApxAr
using the VVP7 with ¢,=0.4" and ,=0.8".

Relative Errors in U, Estimates [ 0,%=( 0,-U,.)/ moX100% | g,
Agxdr u, v, u+v, u, v, u, v, (10" 5)

10°430km 2.8 0.4 21.0 127.0 4.0 30.2 2.6 12.8
20°x30km 2.2 04 1.0 28.0 1.0 86.0 7.4 2.5
30°x30 km 1.2 1.1 0.5 4.0 1.0 20.6 20.3 0.9
40°x30km 0.2 1.0 5.5 17.0 2.0 49 16.6 0.5
40°x10km 0.6 1.3 17.0 320 8.0 3.5 36.4 1.4
40°x20km 0.2 1.2 12.5 25.0 5.0 0.6 19.9 0.7
40°%30 km 0.2 1.0 5.5 17.0 2.0 49 16.6 0.5
40°x40km 0.1 1.1 55 15.0 2.0 6.1 14.4 0.3
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3.4  Application of the VVP Technique to the Carvel Radar
The seven-parameter VVP algorithm is applied to the Doppler velocity data
collected by the Carvel radar on 19 August 1992. This day presents an interesting case

study for testing the VVP analysis.

3.4.1 Synoptic situations

Figure 3.2 shows the 850-mb weather chart at 0000 UTC on 19 August 1992. A
short-wave trough was over western Canada with the trough axis passing through central
Alberta. This trough axis remained essentially stationary during the next 12 hours. There
was significant baroclinicity over the region with 850-mb isotherms ranging from 8°C to
26°C. The alignments of geopotential height contours and isotherms suggest that there
was cold air advection at mid-levels on the lee-side of the Rocky Mountains overrunning
the warm and moist air near the surface. The cooling aloft likely contributed to the build-
up of potential instability for convective overturning.

The 1200 UTC sounding taken at Stony Plain (Figure 3.3) indicates the potential

surface to about 850-mb. However, the vapor mixing ratio was not well-mixed in the
boundary layer. The air was moist in the layer between 850 and 500 mb, but relatively dry
aloft. The airmass was convectively unstable with a Convective Available Potential Energy
of about 607 J kg™ for the surface air.

Surface observations from Alberta Forestry Lightning Detection network, weather
watcher and synoptic stations indicated that storms were quite vigorous on 19 August
1992. About 15,000 lightning strikes appeared in a wide band from Grande Cache to Cold
Lake. Hail (as large as golf-ball size) fell near Barrhead around 0130 UTC, at Morinville
at 0525 UTC, and later from Josephburg to Hillard. Pea-sized hailstones were reported at
Redwater, Fox Creek, Edmonton, Whitecourt, Grande Prairie, Edson and Slave Lake. A
tornado near Fort Assinibolne at 0130 UTC damaged a mobile home and levelled trees at
a campground. At 0315 UTC, another tornado picked up dust near Morinville. More

information about the storm observations can be found in Vickers (1992).
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3.4.2 Radar observations

Radar data were sampled by the Carvel operational C-band Doppler radar.
Doppler velocity measurements were made every 10 minutes at elevation angles of 4.5,
1.5 and 3.5 degrees within a detecting radius of 110 km. Observations showed that an
eastward-moving multicellular storm entered the radar coverage area from the northwest
at 0000 UTC. Precipitating cells within this storm evolved rapidly. A gust-front appeared
near the radar site at 0300 UTC and had echo cells stronger than 55 dBZ at its leading
edge.

Figure 3.4 shows the 1.5° PPI (Plan Position Indicator) of radar reflectivity at 0630
UTC. The Carvel radar is located at point (0,0). At this time, cloud clusters were
distributed in an azimuthal sector from 260° to 60°. There were three echo cells, labelled

as A, B, and C. Cell A was centred at (x=-65 km, y=50 km), Cell B at (x=-15 km, y=45

with its maximum reflectivity changing from 30 dBZ to more than 35 dBZ. The intensity
of Cell C, however, had been reduced from 35 dBZ to 30 dBZ. A new cell (Cell D)
developed between Cell B and Cell C at (x=0 km, y=45 km) with its maximum reflectivity
exceeding 35 dBZ. This observed decay, growth, and new development of convective

cells are typical of the evolution features occurring in most multicell storms.

3.4.3 The VVP results

Emphasis of our VVP7 analysis is placed on estimating low-level divergence,
deformation and vertical wind shear based on the velocity data sampled at 0630 UTC.
Before the VVP7 analysis was performed, observed radial velocity data were first pre-
processed. Procedures for data decoding, velocity dealiasing, and outlier removing are
described in detail in Appendix B. After this pre-processing, the corrected velocity data at
small sectors of size 40°x20 km. The two low elevation angles of 0.5° and 1.5° are used.

Divergence (i.e., u+v,) values are estimated and plotted at the centre of each sector. To
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obtain a better resolution, the analysis is repeated with the analysis sector shifted 10° in
azimuth.

The VVP7-deduced divergence estimates at 0630 UTC are contoured and shown
in Figure 3.6. The results beyond a range of 100 km were neglected because of low
Signal-to-Noise Ratio (SNR). Similarly, the estimate values at ranges less than 20 km are
doubtful because of ground clutter contamination. Figure 3.6 shows that (positive)
divergence appeared mainly in two large regions centred at (x=-12 km, y=45 km) and at
(x=25 km, y=45 km), respectively. This divergent flow was likely associated with the
precipitation outflow from echo cells (Cell B and Cell C shown in Figure 3.4). Meanwhile,
there were two convergence (i.e., negative divergence) zones in the northwestern (Zone 1)
and northern (Zone 2) sectors, respectively. The magnitude of the convergence in Zone 2
exceeded 1.5x10” s, In Zone 1, three small cells also had convergence values around
0.6x10" s™'. Previous studies have suggested that the convergence areas could influence
the later development of convective precipitating cells (Byers and Braham 1949, Ogura
and Chen 1977, and Ulanski and Garstang 1978). Their conclusion is supported by our
analysis results.

Comparisons of Figure 3.4, Figure 3.5 and Figure 3.6 show that the enhancement
of Cell A (from 30 dBZ at 0630 UTC to about 40 dBZ at 0700 UTC) was associated with
the convergence area - Zone 1 at 0630 UTC. The strong convergence in Zone 2 at 0630
UTC led to a new large precipitating cell (Cell D) at 0700 UTC. Conversely, echo cells in
the divergent flow areas, i.e., Cell B and Cell C, reduced their intensities during this 30
minutes period. This analysis confirms that the initiation or development of observed
storms occurred within regions of moderately strong convergence of about 10~ s°! (e.g.,
Schreiber 1986, and Wilson et al. 1992).

The normalized standard error of divergence estimate, g, obtained from the VVP7
analysis at 0630 UTC, is plotted in Figure 3.7. The accuracy of the divergence estimate is
of the order of 10° s! in most areas. Achieving this precision in divergence estimate is
useful in monitoring thunderstorm development because the typical convergence

magnitude in such environments is on the order of 10 to 107 s (e.g., Ogura and Chen
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1979). For the three regions where g, > 6.0x10* 5™, the divergence estimates become

unreliable due to insufficient V, measurements when either the detecting ranges were

Horizontal deformation and vertical shear of the wind field at 0630 UTC were also
retrieved using the VVP7 analysis. Figure 3.8 shows the deformation field (1= v,+u,).
Three closed centres with strong deformation values appeared in the northwest, north and
northeast areas, where Cells A, B and C were located (Figure 3.4). Horizontal
deformation tends to reshape the spatial pattern of the precipitation field (e.g., Holton
1979). For example, a circular-shaped echo region can be deformed into an elliptic-shape.
In our case, regions with positive deformation values would dilate northeastward, while
areas with negative deformation values would expand along the northwest direction. This
behaviour can be seen when the reflectivity fields at 0630 (Figure 3.4) and 0700 UTC
(Figure 3.5) are compared. These strong deformation areas also had strong divergence or
convergence values shown in Figure 3.6.

The field of the VVP7-derived vertical shear [(u2+v.2)%] at 0630 UTC is displayed
in Figure 3.9. In the two areas of divergence (shown in Figure 3.6), vertical shear was
strong with magnitudes reaching up to 8x107 s™'. The two convergence areas were also
affected by vertical shear: 3x10 s in Zone 2 and 8x10? s in Zone 1. Early observations

(e.g., Byers and Braham 1949) have suggested that vertical shear may suppress the

However, large convective cells tend to be enhanced by the presence of shear since the
updraft interacts with the sheared flow (e.g., Rotunno and Klemp 1985). For our case,
echo cells were reduced in the divergence areas with strong shear, but were enhanced in

the convergence regions with moderate-to-strong shear.
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3.5  Summary and Conclusions

In this chapter, the single-Doppler analysis technique known as the VVP has been
examined. By assuming linear wind variations within analysis volumes, some kinematic
parameters of the wind field are estimated. It was shown that the accuracy of the estimates
depends on several factors. First, estimation accuracy is largely influenced by the number
of kinematic parameters included in the postulated model. The comparison of the results
obtained from the VVP analyses with 11, 9 and 7 parameters in a simulated wind field
showed that, to estimate divergence ascurately, only the seven-parameter VVP algorithm
is acceptable. The seven parameters include the divergence, deformation, vertical shear,
and horizontal mean wind (modified by vertical vorticity). Secondly, the geometry of
VVPT analysis volumes affects the magnitudes of bias and variance errors in all parameter
estimates. Results computed with simulated velocity data indicated that an appropriate
analysis volume for estimating divergence should have an azimuthal width of about 30°-
40° and a range extent of 20-30 km. Two low elevation angles are required for estimating
vertical shear values. In addition, the VVP7 estimates also depend on the accuracy of
Doppler velocity measurements. The uncertainty in all kinematic estimates increases
linearly with random (i.e., spatially uncorrelated) errors in Doppler velocity measurements.

In the application of the VVP7 algorithm to the Doppler velocity data collected on
19 August 1992, the analysis volume was chosen to be 20 km x 40°. The standard error of
the divergence estimate was approximately 10 s, about one tenth of the typical
convergence magnitude observed during storm formation. Analyses of observations
showed that the initiation and enhancement of existing precipitating cells were both
associated with the low-level convergence which was estimated from the VVP analysis.
Conversely, echoes became suppressed in the areas of the VVP-deduced divergence.
Combined with the information of vertical shear from the VVP7 analysis, we found that
echo cells weakened in the divergent areas where strong wind shear appeared, but
intensified when moderate-to-strong wind shear was co-located with strong convergence.
The results from this chapter suggests that the VVP analysis technique has the potential

for aiding in forecasting convective rainfall.
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Figure 3.1 The geometry of analysis volume for the Velocity Volume
Processing technique. The r, ¢, e are the radar detecting range, azimuth and

elevation angles, respectively. The range vector, Fo is directed to the centre of the
analysis volume from the radar.
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Figure 3.3  Sounding recorded at Stony Plain, Alberta at 1200 UTC on 19 August
1992. The thick solid line depicts the temperature in °C, and the thick dashed line the
dew-point. Full wind barb is 5 ms”, and the wind flag 10 ms’'.
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Figure ™ - Radar reflectivity PPl in dBz at elevation angle of 1.5° observed at 0630
UTC on 19 August 1992. The radar is sited at (0,0), and echo intensities are contoured
in the interval of 5 dBz.
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Figure 3.5. Same as Figure 3.4 except at 0700 UTC.
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Figure 3.6. Horizontal divergence field computed from the Doppler velocity data at 0630
UTC on 19 August 1992 using the seven-parameter MVVP technique. The thick (thin)
contours represent regions of convergence (divergence). The contour interval is 5x 10"

N e -
AN\ Z/;

~96. -88. -80, ~72. ~BN. -55. 48, 0. 52, —2q. —1b. -6. 0. 8. 16. 24. 32. 4O. uB. 56, 6.

X DISTANCE ERST (KM)
Figure 3.7. Same as Figure 3.6 except for the normalized standard error of divergence
estimate ©, The cciitcur interval is 07 57
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Figure 3.8.  Same as Figure 3.6 except for the horizontal deformation, (u+v,). The

contour is plotted in a step of 2x10” s7.
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Figure 3.9.  Same as Figure 3.6 except for the vertical wind shear, (ul4v2)". The contour

interval is 2x107 s
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CHAPTER 4

NUMERICAL CLOUD MODEL

4.1  General Considerations

The advent and improvement of digital computers has made it possible to develop
numerical models that can simulate realistically the evolution of clouds and cloud
which changes both its direction and magnitude with height. To realistically simulate
cumulus development in such sheared conditions, a three-dimensional time-dependent

storage requirements, particular;_ “wiiaiions with high spatial resolution. This makes
fully 3-D cloud models cumbersoime for use when numerous sensitivity experiments are
required. Due to these constraints, modelling studies of clouds often make the simplifying
assumptions of either slab-symmetry or axial-symmetry.

plane producing unrealistic limitations on the flow, particularly for individual convective
cells (e.g.. Soong and Ogura 1973, Steiner 1973). Furthermore, the deviations of
hydrostatic pressure tend to be overestimated in the slab-symmetric geometry, causing
exaggerated perturbation pressure effects (Schlesinger 1984). Because of these concerns,
cylindrical coordinates, and the azimuthal gradients of all quantities are set to zero. Axis-
symunetric cloud models are suitable for simulating a single cumulus cell growing in an
environment with little or no vertical shear. A more detailed discussion of the advantages
of using the axisymmetry assumption rather than that of slab-symmetry is given in

Chapter 5. This chapter describes the major assumptions, equations, parameterizations,
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4.2  Basic Assumptions
The axi-symmetric cloud model used here is an extended version of the model

developed by Steiner (1982), Reuter and Yau (1987), and Guan and Reuter (1995). Reuter
and Yau (1987) used this model to investigate mixing mechanisms in cumulus congestus
clouds. Guan and Reuter (1995) extended the model by including a water cycle for warm-
rain processes to simulate industrial cumulus clouds in their study. In this thesis, the
model is further developed to incorporate large-scale convergence effects. The basic
modelling assumptions are:

1) The equations of motion are formulated in a cylindrical coordinate system (7, 6.2),
and all azimuthal derivatives are set to zero (ie., dF0=0).

2) The set of deep anelastic equations is used to eliminate numerically driven sound
waves. This allows us to use a long time step (>3 seconds) which still ensures numerical
stability.

3) A first-order sub-grid turbulence closure scheme is used, in which the Reynolds
stresses are assumed to be proportional to the velocity deformation and the buoyancy
frequency.

4) The effects of the earth's rotation and of friction at the earth's surface are
neglected.

5) Surface heat flux and radiation effects are not included in the model.

6) Large-scale convergence incorporated in the model is time-independent, and
maintained throughout the period of model simulation.

7) A bulk parameterization of the warm-rain process is used. The liquid water is
subdivided into cloud water and rainwater. Cloud droplets follow the air motion
passively, whereas rain drop falls with a mean terminal velocity consistent with the
Marshall-Palmer drop size distribution.

8) Condensation occurs whenever the vapor mixing ratio exceeds the saturation
value. Any cloud water in an unsaturated region evaporates until saturation is achieved. A
threshold value for the auto-conversion from cloud water into rainwater is assumed.

9) The ice phase (freezing, melting, deposition and sublimation) is not considered.
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In assumption 6), the mesoscale convergence is kept fixed (time-independent). In
nature, however, the cloud convection will feed back (positively and negatively) into the
convergence forcing. This interactive two-way feedback between small-scale and large-
scale circulations is probably most important for long-lasting organized convection such
as persistent rainbands, squall lines, or supercells. Based on the cases we choose, it is
reasonable and simple to assume the mesoscale convergence time-independent.

Omitting ice phase microphysical processes in the model simulation requires
some justification. Previous studies indicated that including ice microphysics is important
for simulating the precipitation in squall lines that have extensive stratiform rain from
broad rear anvils (e.g., Tao and Simpson 1993, Caniaux et al. 1994). Ice processes are
also desirable when simulating tall tropical storms that develop in a neutrally stratified
environment (e.g., Bennets and Rawlins 1981). However, ice microphysics does not
affect the precipitation and the dynamics of clouds developing in strongly convective-
unstable conditions with little vertical shear (Tripoli and Cotton 1982, Koenig and
Murray 1984, Reuter 1987, 1988). Based on the selection of our thermodynamic
soundings and the absence of ambient shear, it is expected that our model results would

not change significantly if an ice phase microphysics parameterization were adopted.

4.3  Model Equations

The motion of air is governed by Newton's Second Law of Motion, which can be

written in flux form as:

Qu _ _ 10(ru?® _ 10ewu) 1 gp! i

ot r or p, Oz p, Or @
, apw?) '

ow _ _ 10(ruw)  10P _lop v B 4.2)

ot r or p, 0z p, 02

where u and w are the radial and vertical components of wind velocity in r and z

directions, respectively; p is the air pressure, and p is the air density. B denotes buoyancy
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given by

TI ; 1'7
B:g[?+ﬂaﬁlq‘--q§§qr-igl (4.3)

P,

where ¢,, 4., and g, denote the mixing ratios for water vapor, cloud water, and rainwater:
& is the acceleration of gravity; and T is temperature. In (4.1), (4.2) and (4.3), the
variables with subscripts “o” represent those in the environmental base state in
hydrostatic equilibrium. All primed variables indicate departures from the hydrostatic
base-state values. Any quantity not subscripted or primed represents the sum of the base
state and the deviation. The mass continuity equation for deep convection, using the

anelastic approximation, is written as:

1ot 1 pgw) 44
r or pg 8'3 g (. )

]
o

A diagnostic equation for perturbation pressure, p', is obtained by taking the

divergence of (4.1) and (4.2) combined with the continuity equation (4.4):

Lo a3 an 13(p,rA,)  &p,A,~p,B) ]
109y, 2, . 1X0E)  XeARE) @3
ror or Oz 0Oz r or 0z

; . (oW
and G =- 2P SO 4.6)
ot r or oz '

Here A, and A, are the advective terms, consisting of the first two terms of the Right
Hand Side (RHS) in (4.1) and (4.2). The term G corresponds to the rate of local change
of the mass convergence flux. G is theoretically zero according to (4.4). However, in the

numerical model, it is not strictly zero because of its finite-difference truncation errors. It

Figure 4.1 shows, schematically, the microphysical processes used in the model.
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According to this parameterization scheme, cloud water q, first appears by the
condensation of water vapor, but vapor is 10t condensed directly onto raindrops. Once
sufficient cloud water has been produced, microphysical processes can then lead to the
auto-conversion of some cloud water to rainwater. After auto-conversion has started to
act, the amount of precipitation can then increase further through either auto-conversion
or collection of cloud water, or both. Cloud droplets are assumed to evaporate
instantaneously if the air is unsaturated.
Conservation of total non-precipitating water substance (gr=4g,.+¢q), and

rainwater (g,) is given by:

?qf _ igé(f{‘qT) _ lirra(épf,“—”gT) N

o roor P, oz

EV, - CL, - AN, 4.7)

0c | O(ruc | 9(p.wq.) apa,V,)
qr _l,,( 7 4, R ,(p“‘qf)é EV_+ CL,+ AN+ Li
ot r or p, Oz ' p, Oz

i

(4.8)

where EV,, denotes the rate of evaporation of rainwater to vapor, AN, the conversion rate

of cloud water into rainwater due to the auto-conversion, and CL,, the collection rate of

subscript indicates the water phase being depleted and the second subscript is the water

phase that is growing. The subscripts v, ¢, and r denote vapor, cloud and rain,

EV,, CL,, AN, and V, is given in the next section.
Conservation of heat results in a prognostic equation for total specific entropy (¢
= ¢+,

' (s dpwd) LEV, .
2 1 nd) 130 LEV, o
ot r or p, Oz T

(4.9)

where L is the latent heat of vaporization and O(¢) represents the influence of

precipitation fallout on ¢. We assume that O(¢) is negligible. However, O(¢) should be

77



modelled or parameterized in some conditions. The total entropy per unit mass, ¢, is

given by
d(r,z.) = (2 + ¢r.z.0)
v 4.10
= C,yInT - R, Inp + + const ( )
( 1
¢ (2) = C,yInT,- R, Inp,+ —= + const
with 3 , ) 4.11)
! ! L( v Tu_ voT )
$'(r,z,1) = Cyin(l +L) -R,In(1 Ly 7 9 + const
T, P, T,(T,+T)

where R, is the gas constant for dry air, and C.. the specific heat capacity at constant
pressure. Eq. (4.9) ensures the conservation of total entropy over all liquid water phase

changes.

4.4 Parameterization of Microphysical Processes

The cloud physics parameterization for warm-rain production follows Kessler’s
(1969) bulk-water scheme.
D) The autoconversion rate of cloud water to rainwater, AN, (s™), is given by

(Kessler 1969, Liu and Orville 1969):

107 (q,- B) q.> P

0 q. <P

AN, (4.12)

]

where parameter P is the cloud water mixing ratio threshold, assumed to be 10% kg kg
2) The collection rate of rainwater by sweeping out cloud water, CL_, (s), is given

by (Innocentini and Caetano 1992):
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CL, =22 q_q°*" (4.13)

The rainwater mixing ratio increases as a result of the large falling drops intercepting and

3) The rate of evaporation of rainwater is given by (Innocentini and Caetano 1992):

_ 0.675
- 0.2 4q. (q‘,_‘.- q‘) q. < q!‘.\'
EV

o

4.14)
|0 9 % 4,

where g, is the saturated vapor mixing ratio with respect to a plane surface of liquid
water.
4) The effective terminal fall speed of rainwater, V, (ms™), is given by:

Vo oAy io 02 -
V., = 2118 ¢ . (4.15)

(Marshall and Palmer 1948).

4.5  Subgrid Turbulence Parameterization
A field variable X can be decomposed as (Cotton and Tripoli 1978, and Tripoli
and Cotton 1980):

X(rz,0) = X(ra,t) + X (rzh) = X (z) + X' (rz) + X'(rz0) (4.16)

where the overbar represents the average taken over a given numerical grid box and one
time step, the superscript star represents the deviation from that grid-averaged value, and
the subscript “0” denotes the horizontally-averaged basic reference state in hydrostatic
balance. The primed quantity is a deviation from that basic state value.

Applying grid-volume averaging to (4.1), (4.2), (4.7) to (4.9) results in:
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— an’ = )
o g -l . F 4.17)
t p, or
= o
L WL Ay Sy -y (4.18)
ot p, 0z
Sy - —— . — ;
= A, *EV, - CL, - AN, + F, (4.19)
7 4 '
o,  — - _ ®,q, V) —
é’f = -4, -EV, +CL,+ AN p: +F, (4.20)
' Po 02
T . LEV. _
9 LA, Fy (4.21)
ot T

The grid-averaged advective term A, is given by
— (r i@ O o(p, W Q) ,
i laag)  1%e0 0 wm

- r or P, oz

where Q is any of u, w, gy, g,, and . The grid-averaged eddy term F,, is given by

1arugy 19, w'Q)

u
r or

. 4.23
0z ¢ )

©
o

It should be pointed out that for the case of radial velocity component, the eddy flux with
one extra term is given by:
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1) | Y 1 de, )
r or r P, oz i

£l
[i]

(4.24)

[
i~

The term - (v'v7/r) arises from the correlation effect of turbulent tangential motion. The

additional variables in the equations for the mean variables. Therefore, these fluxes must
be determined from known quantities in order for the system of equations governing the
air motion in cloud to remain a closed set. The parameterization scheme used most

are proportional to the gradients of the corresponding quantities. The thermodynamic and
water subgrid scale fluxes are parameterized in the same way, with an eddy coefficient
proportional to that for momentum. For velocity variables, the turbulent fluxes are

parameterized by:

while for the scalar variables gy, g,, and @, the fluxes appear as
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-, —
-nug, =K —: Wwgs = —
= t ar ir T ooz
g, , ay, -
-u'q’ = "S ! - w -gri = R’f I (4.26)
S ar oz
xlc?{iﬁ'i iad) -;gizi\:;
T oor S oz

where K, and K| are, respectively, the eddy exchange coefficients for momentum and all
scalar variables. In this thesis, the scheme of K =K, (Hill 1974) is used. In (4.18) to
(4.21), we approximate B with B, EV,_ with EV,,, CL,, with CL,,, and AN,, with AN.,.
These particular choices are not always suitable in large-scale models.

Substituting (4.22)-(4.26) into (4.17)-(4.21), the basic prognostic equations

become

Su _ _1am®d _ 19w gy

&  r or p, 0z  p, or
(4.27)
10 .. du : du  ow
+ __E[EFKHE] 2K—mii + __‘[ m(_ _=)]
ror  "or 2 p,0z K
ow _ _ 19(ruw) _ lra(pn“}%’) _1dp’ . B
ot r or p, 9z p, 0z
(4.28)
14 out 10 . dw
220K, )« L opp kB
r or oz Or , 02 PA 0z
dq. d(ruqg-. i o(p wa.,
ir . ] &3‘?7)" - L3R EV_ - CL, - AN,
ot r or p, Oz :
(4.29)
19 19, . %
¢ L0y 2y, 18,y Yy
ror °or P, 0 P, 0z
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{3(!7 B ] (r“i,?) C}(p”“q) } a(pil r I)

17747 1 - EV,+ CL,+ AN+ —.
ar roar P, oz p, Oz

(4.30)
19 5& 1 6,

Lk~ + o,k 2

S(Flldi)) ) L?(pvw(j)) . LEE‘/}“
or p, oz T

i

a _

9@ _ 1
or r

(4.31)
rk 92 CJC[: 1 : 8(1)
rér[ ] Pugi[ K ]

+

Because only grid-volume averages now appear in the equations, the overbars
have been omitted. Following the scheme of Hill (1974), the eddy exchange coefficient
for momentum is assumed to be of the form:

0 R, > 0.25

K = (4.32)
A+ f) R, < 0.25

where / = (4rdz)" is a representative grid spacing with4r and 4z denoting the grid
spacings in the radial and vertical directions, respectively; A, a dimensionless constant, is
chosen to be 0.4, and R, is the Richardson number. The factors f. and Jf» represent velocity-

deformation (shear) and buoyancy frequencies. The shear frequency is given by

f = J(@ ?*2[(% ( )24 (5““’%3 : (4.33)

r

The buoyancy frequency f, is determined by the frequency scale of atmospheric

oscillations:
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Q ]
(4.34)

Tn - !Yi‘!‘ii\'
\, - g R <0

fy
T

The Richardson number is defined as

8 (!Y'\'ugi -7 Yrg‘n'\l )
o Ol (4,35
T i 2 (4.35)

£

R,

1

where v,,, and y,,,, are the moist adiabatic lapse rat2 and the environmental virtual
temperature lapse rate, respectively. Their difference can be approximated as
: gu or ..., o
Yot ™ Yyen . +— + 0617 — (4.36)
C oz oz

For unsarurated air

} 95
3 (4.37)

I+ =
R, T )
For satrated air

062L%q_
el T3

CyR,T?

where o = J

4.6  Numerical Techniques

4.6.1 Stretched coordinate
A stretched coordinate (s,0,z) was used in the axi-symmetric cloud mode! 1o solve

the equations on a finite-difference grid with higher horizontal resolution near the central
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coordinate s so that 4r is smaller near the central axis and larger toward the lateral
boundary, while the interval 4s is equally spaced. The r and s are related by the

monotonically increasing functics

,A +$

= In (—=) 4.38)
2C  A-s (4.38)

~
i
\
|

where R is the half-width of the domain in the radial direction. Constants A and C are

determined at the beginning of every simulation from the relations

nAs = A tanh C
and (4.39)
mAs = A tanh (Ck) ,

where n is the total number of grid points in the horizontal, and m is the number of grid
points within a distance of kR from the axis (i.e., the number of grid points occupying
portion k of the total radial distance modeled). Eq. (4.39) is solved by an iterative method
based on the selection of optional parameters m, n. and k.

From (4.38), the following expressions are derived:

) 51; AR 1_ -
ds C (A+s)(A-s)

(4.40)

dr r . ds /e

H:i,—;,;i_f_azfij!

dt ds di

With the use of (4.40), model prognostic equations (4.27)-(4.31) in the stretched

coordinate (s,0,z) become
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4.6.2 Finite space difference scheme

The above differential equations are solved using a staggered finite-difference grid
scheme. The staggered grid arrangement is shown in Figure 4.2. The velocity component
normal to the sides of the grid boxes is computed at the midpoints of the sides; all other
variables are computed at the centre of each box. That is, all variables except s'and w are
computed at {(i+/2)4s,(j+2)Az}, shown as @ in the diagram; s (or u) at {ids,(j+/2) 4z}
shown as X, and w at {(i+%2)ds,j4z} shown as O. The subscripts i (=1, 2, --, NH) and j
(=1, 2, -, NV) are the grid point indices in radial and vertical directions, respectively,
with NH and NV denoting the total number of grid points in the two directions.

A second-order, non-diffusive centred differencing method is used to calculate all

derivatives, and the following notations are emplcyed:

X 1.-X 1
i< i~=.J
(3T X = = -
’ As
X 1 -X .1
Wiy Ry
0. X = = =
* Az
Xids * Xl 4.46
X".\' - 2 2 ( B )
2
X 1 +X
-z lj"-; lj‘?
X = = -
2
@) _ plt-D)
6,,X - X X
- 2 At

where 7 is the time index. As seen from the last expression in (4.4.), a leapfrog scheme is

used for the time integration.

4.6.3 Finite difference equations

The finite-difference forms of prognostic equations (4.41)-(4.45) are:
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rr P,
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(4.48)

(4.49)

(4.50)

4.5
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o Y 1 3
Ay = -—= 8 r §BY - = 8(p &) (4.56)
rr P,
: 1 2rK,  , 2K 5 =,
Fo= Of——=06(r; - —F—+——3.(p K, rds+—3dw) (4.57)
r ¢ r J/- r r.\' purx rS
. 1 Tt o bo 1 ,
F,_ = /6“[(‘1(," (ry 0,8 +~/5sn)] + —6:(2p0Km6:u) (4.58)
rr I‘S pu
- s x g+ LK p 6.0
qp = T 5 9By =04y By P, 097 (4.59)
rr r_‘. pn
F _ l 6 ("K_'\ rx 6 ) + l 6 (F: 6 )
l[' - / ) R _/‘ .\'q’ - < S p" Zq" (4.60)
rr rj o
Fy = L 6 (K22 8d)+ L 6,K p 6d)
¢ - rr/ s( s 4 s A8 P, < : 4.61)
r [

s

Here, r, and r,’ are the radial ranges at points where s and $ are computed (i.e., at location
{ids.(j+%2)Az}), while unsubscripted r and r' are the values at the centres of grid boxes (at
{(i+%2)4s,(j+%2)Az}). Advective and turbulent sub-grid terms are denoted by Apand F,
where Q can be any of 5, w, g, g,, or ¢. All terms involving turbulence factors are lagged
by one single time step.

The finite-difference form of the perturbation pressure equation (4.5) is given by:
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s 5 p'C - 0 D
55 p'"+ 51%;3“( s éfp.l.l) _ L,éf[“} (AI.-,("‘*FE‘} n)]
o rr’ r'; rr )
+8.[p, (A, M+ F, B (4.62)
- D(T*I}ZE(T—H
- [=— - ]
2rr At
Po o, 1. o
where D= - ', t‘f)‘(rv r. s)+ §:(p““~) . (4.63)
rr

Due to computational round-off errors, Dis not always zero at each time step. Following
Harlow and Welch (1965), D'™" is set to zero in (4.62) whereas D' is retained. This
treatment ensures that the magnitude of the divergence is prevented from increasing with

time (negative feedback).

4.6.4 Time integration scheme

The model uses the leapfrog scheme shown in (4.46) for time integration of the

every 20 time steps, a mixing procedure based on Gordon (1978) is invoked to prevent
the possible splitting of solutions at odd and even time steps. This involves a forward
difference over & of the usual time step, followed by centred differences over Y, Y4, and
1% of the usual time step, before employing the regular centred time difference procedure.
This procedure is quite economical for several-hour simulations. The time step is setto 3
seconds for the convective case study which will be discussed in Chapter 5, and 5

seconds for the stratiform precipitation case in Chapter 6.
4.6.5 Numerical adjustment procedures for saturation
When integrating (4.7), (4.8) and (4.9) to obtain the values of 4.4, q,and ¢ at

new time steps, it is necessary to determine whether the air is saturated in order to
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Ogura (1963) is adopted in the model. The empirical formula for saturation vapor

pressure with respect to water is (Bolton 1980):

b(T-c)

e(T) = a exp[—

7 ) (4.64)

where a=611.2 Nm™, b=17.67, ¢=273.15 K, and d=29.65 K. Assuming that 7= T (z)+ T,
[T '|= 3K, |T,(2)-d| s 200 K, and expanding the exponential on RHS of (4.64) results in

e = e(T,) [1+ H,2) T'+ Hyx) T'? ]

b(c-d)

(7 (2)-d} (4.65)

where H\(2)

b* [2c-d-T ()]
2 [T (2)-dT’

Hy(2)

less than the largest one have been neglected. Thus, the saturation mixing ratio ¢,, = 0.622

e/(p-e,) can be approximated by

0.622 e(T , e (T
q,, = ___;‘(E'l [1+E!(:)T’* Hy(2)T'" [1+J§f‘),]

Pg) Pl’!

(4.66)

If the air is saturated, we neglect the variation of 4, over the time step and assume
q, remains constant. Therefore, sources contributing to both q, and g, are added to the
existing g, to find the amount of ¢, available over the time step. If ¢,=0, all microphysical
sources contributing to both g, and g, are added to g,. Because of the truncation error
associated with the finite-difference scheme, negative rainwater values may be produced.

Obviously, this is not physically correct and an adjustment is needed to increase the
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predicted negative rainwater mixing ratio to zero by subtracting from the vapor mixing
ratio in the same grid box.
The values g, and g, are determined according to the following steps, once . g,

and g, are determined at a given time step:

Step 1. The negative g, is eliminated.
If g, <0, gris adjusted to ¢y + q,.and ¢, = 0.

Step 2: The g, value is determined.

and gy, from ¢ and g;. Eq. (4.11) is adopted to compute T ' using either p'=0 or the p'
value obtained from the previous time step. Then, a value of g,, is computed from (4.66)

using the value of T".

Step 3: Saturation is examined by checking the differences between ¢,, and g,.

If g7 < g,,, the air must be unsaturated and hence ¢, = g, - g,, = g, and q.=0.1In
this case, the T is indeed the value which is obtained from (4.11) in Step 2. Then Step 4
will be carried out. Otherwise (i.e., g > g,,), the assumption of subsaturation is clearly
false. Therefore, ¢, (= g,,+ ¢,) = q,,,and g, = g, - g,. The T is recomputed based on
(4.11) using known ¢', ¢,', and p'.

Step 4. Rzin evaporation is considered.
If i) the air is unsaturated, ii) g, > 0, and iii) the evaporation effects have not been
adjusted yet, the evaporated water (following (4.14)) must be subtracted from ¢,. As a

result, both g and ¢ must be adjusted to new values.

4.7  Boundary Conditions

Since the numerical domain is finite, appropriate boundary conditions must be
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»pecified along the sides of the model domain. The top and bottom boundaries are
assumed to be flat, rigid and smooth; that is, there is no transfer of vapor, cloud water, or
entropy through these boundaries. However, rain water is allowed to leave the domain at

the bottom. In summary,

w=0
du % 3 _
9z Oz z  art z=0, Z, (4.67)
oK, dK, p, 0
0z 0z 0z ]
agq,
and — =0 ar z=2, (4.68)

where Z,, is the domain height. Due to the staggered grid used in the model, the vertical
derivatives at the top and bottom boundaries are set to zero to prevent turbulent diffusion
across the boundaries in computing eddy diffusion terms.

Substituting (4.67) into the equation of vertical motion (4.48) results in the
boundary condition for perturbation pressure p',

Lo p+B =0 @ z-02z, . (4.69)
p{l |

associated with lateral boundaries are mostly avoided by the 'closed box' assumption, that
is, no flow is allowed through the sides (e.g., Steiner 1982, Reuter and Yau 1987, and
Guan and Reuter 1995). In this study, the model is modified in LBC. The approach is to
implement a one-way open LBC with a prescribed vertical profile of radial flow into the
cylindrical domain. Along the central axis of the domain, the variables are assumed to

obey:
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u=90 a r=0

3 O aq, / 4.70)
O_“ = ﬁ = -_(]_ = _ai = él_)_ = 0 (1[ r = 0‘ R .
or cr or or or

The radial inflow and outflow at the model lateral boundary are determined by a
height-dependent divergence as

1 0[u(r,2)-r]

Div(z) = 3
R

~

7D

or 6s(rx r_:s‘) =rrh Div(z)

During the determination of « (or s) at the lateral boundary, care has been given to
assuring that there is no net influx of mass when integrating over the entire model
domain. That is, all the air entering in the lower layers must exit the domain at higher
levels. The magnitudes of low-level convergence and upper-level divergence, and the

depths of convergent 2nd divergent layers, follow the expression

f;)z” pz) Div(z)dz = 0 . (4.72)

For a given divergence profile, the amounts of air inflow and outflow are
determined by (4.71) and (4.72). However, Eq. (4.72) is only the necessary condition to
ensure the conservation of total air mass flux over the entire domain when the finite-
difference form of (4.72) is used in the model computation. To preserve the total air mass
influx, the profile of u (or s) at the lateral boundary must also be readjusted to satisfy

NV

E Pj*Uny j = 0 . (4.73)

J=1

In the view of assumption 6 in section 4.2, the inflow and outflow at the lateral boundary

remain constant throughout the simulation period.
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4.8 Initial Conditions

observed in the cases under investigation. Using the assumption of horizontal uniformity,

the sounding values of temperature and dew-point are linearly interpolated to grid-point

P, 4., and ¢ are then calculated at all grid-point levels.
In contrast to previous versions of the model, the initial wind fields are non-
quiescent in the present model. Radial wind components, in finite-difference form, are

obtained from the profile of divergence according to

I/ . _ / £

o Sii_i*% +orore ij*% ,

I L 2 4.74)
: roo T

si+1 Txi+l

with 57, ,, = 0 (i.e., zero radial wind speed at the central axis of the domain). Consistent
with the radial wind field, the initial mesoscale vertical velocity components are specified
velocity at the surface (w;,,,, = 0). The finite difference form of mesoscale vertical

velocity at each level is

Wil joo = 7 ojwi.s ;- F’JlD“",é az] . (4.75)

disadvantage of using the “bubble” method is that a simulated cloud is sensitive to the
spatial dimensions of the initial perturbation (e.g., Reuter and Yau 1987). This is not the

case when using horizontally uniform conditions with radially uniform lifting,
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4.9 Summary

In this chapter, the axi-symmetric cloud model used in this work has been
described in detail. Essentially, it is a nonhydrostatic, anelastic, moist cloud model which
consists of five prognostic partial differential equations representing the dynamical,
microphysical and thermodynamical processes occurring in cloud. A first-order closure
scheme is employed to deal with sub-grid scale turbulent motions. A bulk-water
parameterization technique is used to simulate cloud formation and warm-rain processes.

The unique feature of the current version of the model is its ability to incorporate larger-
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Figure 4.1 Flow diagram describing microphysical processes, including different paths
SJor warm-rain formation.
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Figure 4.2 The staggered grid arrangement used in the centred difference scheme.
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CHAPTER 5

NUMERICAL SIMULATION OF THE EFFECTS OF
MESOSCALE CONVERGENCE ON CGNVECTIVE RAIN
SHOWERS

Remark: This chapter has been accepted for publication, and will appear in the Monthly

Weather Review.

Introduction

\m‘
L]

There is abounding evidence from observations that low-level mesoscale
convergence tends to trigger and enhance cumulus convection. A major finding of the
Thunderstorm Project was that airmass thunderstorms are often preceded by convergence
of surface winds (on the scale of 10-100 km) up to 30 min before the detection of the first
radar echo (Byers and Braham 1949). Close correlation between areas of convergence and
convective cloud formation was found for the central United States (Lewis 1971, Hudson

1971). Wilson and Schreiber (1986) reported that in northeast Colorado about 80% of

in close proximity to convergence boundaries identified by radar. Sea-breeze fronts,
thunderstorm outflow boundaries, and drylines often define a narrow zone of strong low-
level convergence that acts as forcing for subsequent convective development (Purdom
1976, Cooper et al. 1982). Comparing locations of surface wind convergence with
convective precipitation, Achtemeier (1983) concluded that the forcing for storm
development is often rooted close to the surface. Studies were undertaken for Florida
rainstorms to determine the time lag between surface convergence and the initiation of rain
on the ground. Ulanski and Garstang (1978) found that patches of convergence appear
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convergence and the initiation of rain was 35 min, while the average time between the
beginning of convergence and the peak rainfall was 86 min (Watson and Blanchard 1984).
Observations suggest that persistent low-level mesoscale convergence is generally
necessary to generate ensembles of deep convective clouds in the tropics (Ogura et al.
1979).

The effects of meso-f8 convergence on cumulus convection have also been
examined using numerical cloud models. Using a time-dependent slab-symmetric model,
Chang and Orville (1973) showed that the addition of persistent boundary-layer
convergence in the model Jeads to a broader and more intense cumulus than the model
cloud without convergence. Using a more sophisticated approach of including the
convergence profile, Chen and Orville (1980) found that the convection is more intense
when there is low-level convergence, while it is suppressed when there is divergence. The
persistent presence of strong low-level convergence can increase the surface rainfall by
40% for midlatitude conditions (Crook and Moncrieff 1988). More vigorous storms with

greater precipitation intensities occurred when low-level convergence was present in

tropical rainbands showed that long-lasting deep convection was supported by mesoscale
lifting (Soong and Ogura 1980, Tao and Simpson 1989).

There are some major shortcomings in previous modelling studies relating
convergence with convective rainfall. First, mesoscale convergence imposed on the model

flow was kept fixed, specified from a priori conditions of large-scale observations. In

convergent forcing. This interactive two-way feedback between small-scale and large-
scale circulations is probably most important for long-lasting organized convection such as
persistent rainbands, squall-lines or supercells. The present study does not improve on this
aspect.

A second shortcoming of previous modelling studies is that, they used the
assumption of slab-symmetry, except for the simulations by Tripoli and Cotton (1980) and

Dudhia and Moncrieff (1987) which were based on three-dimensional model geometry. It

o
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is well known that by restricting the flow to a vertical plane, the model imposes some
consider the case of a convective cell consisting of a cumulus updraft and compensating
downward motion in the outer rim. Suppose at a given horizontal section the updraft area
can be approximated by a circle with a radius a, and the downdraft area by an annulus
with outer radius b. Mass continuity dictates that the upward and downward mass fluxes

are balanced:

na’pw' = n(b%-ad)pw'

1 b2§§2 5.1)

L d — = ——

2
w a~

where p is the air density, w' the mean updraft speed, and w' the mean downdraft speed,

respectively. In the framework of slab-symmetry, however, the mass flux balance becomes

alow' = (b-a) L pw'
S () ©2
w' a

where L is the length of the slab considered. Obviously, (5.1) and (5.2) are not compatible
as the 3D relation (5.1) is quadratic whereas the 2D relation (5.2) is linear. The slab-
symmetric simulation can be "tuned" to simulate realistically the magnitudes of mean
cumulus updraft and downdraft, or the area of updraft and downdraft. However, it is
impossible to make a slab-symmetric simulation that provides realistic estimates for ]lQLh
magnitudes and the areas of the updraft and downdraft, respectively (Soong and Ogura
1973). Related to this geometric defect, the deviations from the hydrostatic pressure are
overestimated in slab-symmetric models causing unrealistic perturbation pressure effects
(Schlesinger 1984). Based on these considerations, it is likely that the slab-symmetric

assumption tends to overestimate the role of mesoscale convergence, at least for rapidly
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developing cumulus cells with strong updrafts. With the axisymmetric model used in this
study, however, the main shortcoming of the slab-symmetric assumption is avoided as the
axisymmetric mass balance is consistent with the three-dimensional version (5.1). It should
be pointed out that the axisymmetric cloud model is not suited for simulating a convective
cloud line. Convective cloud bands. however, can often be simulated quite well with slab-
symmetric models; so both axisymmetric and slab-symmetric geometries have their
advantages depending on the structures of cloud systems.

A third shortcoming of previous modelling studies was that they focused mainly on
indicating major differences in model runs with and without strong convergence rather
than quantifying the contribution of convergence toward surface rainfall.

To our knowledge no serious attempts were reported in the literature to quantify
the relation between convective rainfall and the mesoscale convergence profile. The
objective of this chapter is to quantify how cloud development and convective rainfall are
affected by the magnitude and the depth of convergence, when the ambient flow exhibits
no vertical shear. A time-dependent non-hydrostatic cumulus model will be used in the
axisymmetric geometry in which the equations are formulated in cylindrical polar
coordinates and all azimuthal gradients are set to zero. Axisymmetric models (often called
2.5 dimensional models) require far less computing resource than fully three-dimensional
models, yet at the same time, they overcome the key limitaticn of the slab-symmetric
assumption that unrealistically constrains the convective circulation in that the magnitudes
and areas of mean updrafts and downdrafts cannot be reproduced realistically (see
discussion above).

We recognize that axisymmetric models have shortcomings of their own. For
example, they cannot accommodate vertical wind shear and cloud-cloud interactions. In
this study, however, these are not major issues as the axisymmetric model will be used to
simulate a single convective cell developing in an environment that has zero vertical shear
in its horizontally averaged flow field.

This chapter is organized into five sections. The cloud model is briefly reviewed in

section 5.2. In section 5.3, the environmental conditions, the control case simulation, and
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its verification against radar observations are described. Section 5.4 presents sensitivity
experiments to quantify the effects of magnitude and depth of the convergent layer on
cloud development, the intensity of precipitation, and the time needed for the onset of
surface rainfall. The relative contribution of convergence magnitude versus convergence

depth is aiso dealt with. Finally, the results are summarized and interpreted in section 5.5.

5.2 Numerical Cloud Model
5.2.1 General characteristics

The tool used in this study is the axisymmetric version of a cumulus cloud model
with large-scale convergent forcing. As the model assumptions, equations and numerical
techniques were presented in Steiner (1982), Reuter and Yau (1987), Reuter (1987), Guan
and Reuter (1995), only the main features of the model are briefly summarized here. The
deep anelastic continuity equation is used to filter out acoustic waves by neglecting the
local variation of air density with time:

1 o) 1 9(p,w) .

r or p, 0z

(5.3)

Here r and z denote the radial and vertical coordinates; « and w are the radial and vertical
velocity components, respectively. The basic state air density, i.e., the density of the
hydrostatically balanced horizontally-averaged flow, is denoted by p, = p,(z) and depends

on height only. Conservation of radial and vertical momentum results in prognostic partial

flux form with (5.3), a diagnostic (Poisson) partial differential equation for the

perturbation pressure is obtained. The effects of friction at the earth's surface are

scheme where the Reynold stresses are assumed to be proportional to the velocity
deformation. The eddy exchange coefficient depends on the local moist buoyancy and

shear deformation time scales. The local Prandtl number for turbulent diffusion is assumed
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unity implying that the eddy exchange coefficient for scalar quantities has the same value
as that for momentum.

More prognostic partial differential equations are obtained from the conservation

microphysics uses a Kessler-type bulk water parameterization scheme consisting of cloud
water and rainwater. Cloud water follows air motion passively and evaporates
instantaneously in subsaturated air, whereas the advection of rainwater is affected by a

mass-weighted terminal fall speed and the evaporation which depends on the size of

Palmer inverse exponential. The expressions for the mass-weighted terminal fall speed of
rain, the evaporation rate of rain and the rate of conversion of cloud to rain were given in
Chapter 4. The threshold value for the auto-conversion of cloud to rain was set at | gkg'.
Omitting ice phase microphysical processes in the model simulations requires some
justification. Previous studies indicated that including ice microphysics is important for
simulating precipitation in squall lines with extensive stratiform rain falling from its broad

rear anvil (e.g., Tao and Simpson 1993, Caniaux et al. 1994). Ice processes arc also

effects on the precipitation and dynamics of clouds developing in strongly convective-

unstable conditions with little vertical shear (Tripoli and Cotton 1982, Koenig and Murray
1984, Reuter 1987, 1988). Based on the selection of the thermodynamic sounding and the
absence of ambient shear, we expect that our model results would not change significantly

if an ice phase microphysics parameterization were adopted.

3.2.2 Mesoscale convergence and initialization

Several different methods of incorporating large-scale convergence in cloud-scale
models have been described in the literature (Chang and Orville 1973, Soong and Tao
1980, Chen and Orville 1980, Tripoli and Cotton 1980). In this study the approach was to

implement a one-way open lateral boundary condition with a prescribed vertical profile of
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radial inflow at the lateral boundary r = R:

-R S(f" w)

u(r=R,2) = — ———|, .z, =

CONV(2) (5.4)

o] I\ =]

where CONV(z) denotes a height-dependent convergence profile. Care was given to
assume that there is no net influx of mass when integrating over the entire model domain,

that is, the air entering in lower layers must exit the domain at some higher levels.

L

z=H z=H =, _
. R “ 7 dlpw)
p,(z) u(r=R,z)dz — - 7&?37 [(,,gﬂél z

z2:0 z=0

(XY

z<H

R ¢
2 __[D P.(2) r:azw(z) dz

0
e

In this study, the radial inflow was determined from the low-level mesoscale
convergence estimates, derived from the Doppler radar velocity data using the Volume
Velocity Processing (VVP) technique (Waldteufel and Corbin 1979, Koscielny et al.

1982). For the upper portion of the troposphere, where mesoscale convergence estimates

accumulation of mass in the model domain.

The top and bottom boundaries of the model are assumed to be flat, rigid and
smooth. The very stable thermal stratification, combined with dissipation, near the
tropopause assures that the reflection of gravity waves is minimal at the model top
boundary. In the model, there is no transport of heat, vapor and cloud water through the
top and bottom boundaries. However, rainwater is allowed to leave the domain at the
bottom. The mesoscale convergence has also implications for initialization of the model
simulations. At the initial time, the radial wind components vary horizontally to satisfy
locally the balance of mass. The deep moist anelastic continuity equation (5.3) is used to
relate the vertical velocity and radial wind component, The vertical velocity is horizontally

uniform given by the mesoscale lifting derived from integrating the mesoscale convergence
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profile CONV(z):

r CONV(z)

1
2

w(r,z.1=0) = 1 [rCoNvdr =
r [1]

(5.6)

w(r,z,t=0) = 1 fp,,(:) CONV (D) d=
0, 4

Owing to the large-scale lifting, there was no need for initiating the convection
with a temperature or humidity anomaly at low levels (i.e., the "bubble" method). Instead
Initial temperature and humidity values were horizontally uniform for each level, based on
the observed sounding profile. The major disadvantage of using the “bubble™ method is
that the simulated cloud is rather sensitive to the spatial dimensions of the initial
perturbation (e.g., Reuter and Yau 1987). This is not the case when using horizontally
uniform conditions with radially uniform lifting since here convection begins from local
perturbation which develops from numerical truncation inaccuracics. In fact, if the
numerical scheme would be perfect (i.e., without truncation inaccuracies), the flow pattern
would remain horizontally uniform throughout the simulation period. Since in nature there
is usually some horizontal nonuniformity, we might anticipate that the model simulations

with horizontal uniformity might lag nature in spawning convective overturning.

5.2.3 Numerical aspects

The partial differential equations are solved numerically using a finite-difference
scheme on a staggered grid. To integrate in time, the second-order non-diffusive leapfrog
method is used with the subgrid scale eddy exchange processes lagged in time (Steiner
1982). A time-filtering procedure is invoked to prevent splitting of solutions at odd and
even time steps. An energy-conserving centered difference method is used in space.

All numerical experiments presented here had the same numerical grid
arrangement. The computational domain had a diameter of 40 km and a depth of 12 km.

The spatial resolution was uniform, set at 200 m in both the radial and vertical directions.
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The time step was 3 seconds. Some numerical experiments were run with a larger domain
and with finer grid resolution. The similarity of the model outputs indicates that the model

findings presented here are not sensitive to the specific numerical grid arrangement.

5.3  Simulation of Control Case
5.3.1 Environmental conditions

Since the realistic simulation of convective precipitation is considered a
prerequisite for a detailed study of the convergence effects on convective rainfall, the
environmental conditions of a particular observed case were adopted to verify model
resuits with observations. No attempt was made to model the development of severe
convection because the axisymmetric model with warm rain microphysics cannot simulate
the formation of graupel and hail, cloud-cloud interactions, and the effects of vertical
shear. Instead a case was selected where a moderate-sized cumulonimbus formed in calm
conditions from 0600 to 0930 UTC on 19 August 1992, in the northwest quadrant
between 40 and 90 km from the Carvel radar site (53°34' N, 114°09°' W). Figure 5.1 shows
the sounding sampled at Stony Plain (53°33' N, 114°06' W, 766 m ASL) at 1200 UTC.
This sounding, taken at 30 km from the observed cell, should be representative for actual
convective environment. The temperature lapse rate was close to dry adiabatic from the
surface to about 850 mb. However, the vapor mixing ratio was not well-mixed in the
boundary layer. With surface conditions, the lifting condensation level was estimated at
820 mb. The airmass was convectively unstable (Figure 5.2) with a Convective Available
Potential Energy of about 610 J kg™! for surface air. The level of free convection was
about 785 mb. Thus if the air originating from near the surface were lifted up to 785 mb
(1.5 km), the CAPE could be released to fuel convection. The existence of mesoscale
convergence did provide the necessary forcing for lifting, and cloud convection did occur
(see the foilowing radar data analysis).

Information about the low-level convergence field in the area of interest could be

estimated by applying the Volume Velocity Processing (VVP) technique to the Doppler
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velocity data in this area, sampled at two low elevation angles. A detailed discussion of the
VVP procedures used to retrieve the convergence values is given in Chapter 3. The
finding from the Doppler velocity data analysis, essential for the area of interest, is that the

lowest 700 m of the atmosphere had a peak convergence value of about 10 s, The

about 40 km x 40 km. Averaging the convergence values over this area, provides a mean

convergence value of 2.1x10%s™!. Based on these observations, we deduced the following

[ -2.10x10™% 5! 0 <2z<07 kmn
0 0.7<z=<25 km
CONV(3) =« (5.7
2.45%1077 5! 25<z <85 km
0 85<z< 12 km.

With this convergence profile, a significant inflow of 2.1 ms™' enters the domain from the
lateral boundary over the lowest 0.7 km while a weak outflow of 0.39 ms™' exists between
2.7 and 8.5 km. The wind field can alternatively be shown using stream function, yr, which

is defined by:
) 58

according to the deep moist anelastic continuity equation (5.3). The strcam function was
computed by the integration of (5.8), assuming §(0,0) = 0. Figure 5.2 shows the vertical
section of the initial wind field used in the control case simulation. The vertical velocity is
0.13 ms™ at 1.1 km (the LCL level), increasing to 0.15 ms™ at 2.5 km as density is reduced

with height and then decreasing to zero at 7.5 km.

5.3.2  Evolution of cloud and precipitation

Model cloud dynamics can be traced conveniently in terms of peak vertical updraft
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(W,..) and domain-integrated kinetic energy (KE), which is given by

PR I -
' va EP,,(u2+w*)dV (5.9)

KE

where V denotes the volume of the model domain. Here w,,,, and KE are local and global
parameters of the flow field, respectively. In the first hour w,, oscillates and develops a
local maximum of about 5 ms™ at 1.5 h (Figure 5.3). The time evolution of the total
kinetic energy indicates that about 1.5 h of model time were required to "fire up" the
convection. The slow "warm-up" process for generating convection by mesoscale lifting
agrees with the finding of Lipps and Hemler (1986), and is associated with the need for
eroding the negative CAPE and the relatively dry air below 800 mb. For this particular
case, about 10 J of external work are required to lift 1 kg of air from the surface to its
level of free convection. After the warm—up process, the total kinetic energy increases
maximum at about 4 h, both w,,,. and KE decrease to a quasi-equilibrium level of about

6.5 ms™ and about 5.5 TJ.

dominated by the mesoscale pattern characterized by radial inflow through the lateral
boundary in low levels, and radial outflow aloft. The boundary lifting causes saturation
resulting in a flat cloud base located at about 900 m above the ground. The cloud top is
also flat near the height of 6 km. The vertical velocity is weak, peaking at about 1.4 ms™ in
the boundary layer. Widespread stratiform rain is present as indicated by the layer of radar
reflectivity echoes near the surface. Equivalent potential temperature values decrease from

about 323 K near the surface to a minimum of about 320 K at height 7.4 km, indicating
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diameter of about 15 km (Figure 5.4b). Intense surface rainfall exceeding 40 dBZ occurs
near the domain center. The boundary layer air becomes cooler due to evaporation of rain
falling below the cloud and due to mesoscale lifting as well. At 140 min (Figure 5.4¢) the
convection has strengthened and the cloud top has penetrated above 7 km. The strong
updraft, around 5 ms™, yields a ‘donut’ shape in the radar reflectivity field near the cloud
top. The cloud water field suggests that the outward slanted circulation is due to a buildup
of water loading near the cloud top at the central axis. The loading of cloud water and
rainwater causes weak downward acceleration, pushing the rising air radially outward,
The 20 dBZ contour (approximating the rainfall rate of 1 mmh™) reaches its highest
altitude of 7 km. At 140 min the development of secondary convection becomes apparent
at a radius of about 14 km, which is responsible for the formation of the intense
precipitation echoes (larger than 37 dBZ) shown at 180 min (Figure 5.4d). At 180 min an
updraft is found at a height of about 6 km at the central axis. Beneath this updraft,
however, there is descending motion extending from about z = 3 km to the surface. The
cloud water field shows that this downdraft has partially eroded the lower portion of the
cloud. The equivalent potential temperature field shows most of the air between hei ghts of
2 km and 7 km have approximately the same &, value of 321 K. Thus, this fayer is at its
state of neutrality with respect to moist convection. After 180 min (not shown), the
convection and precipitation start to dissipate, gradually reaching a quasi-steady state with
the motion driven by the mesoscale convergent forcing in the absence of convective

instability.

5.3.3 Comparison with radar observations

The control run simulation will be compared with radar observations to assess
whether the model can realistically simulate nature under the assumed conditions. A
problem inherently involved in comparing convective rainfall is in the natural variability of
convection, caused by the temporal and spatial variability of small-scale temperature
values, sub-cloud moisture supply, and interaction of turbulent eddies. It is thus not

expected that this (or any other) model can reproduce the observed radar reflectivity
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structure in all its details. To allow for meaningful intercomparison, we have to choose the

conditions, it needs an artificial "warm-up" period before the convective instability can be
released. Figure 5.3 suggests that this warm-up period for the control case is about 100
min. In addition, the model radar reflectivity values represent average values for rings of
depth 200 m and width 200 m, whereas the radar measurements represent bins with length
0.5 km and elevation angle and azimuthal beam widths of about 1°. There is also miss-
match in temporal resolutions of model and observations: 3 seconds in model versus 10
min in recorded radar observations.

Bearing in mind these limitations, a comparison was made of the area-averaged
rainfall rate mear the ground. The radar reflectivity values from the lowest elevation angle
(0.5°) were averaged over the convergence region of 40 km x 40 km, and converted to
rainfall rate values using the Z-R relationship: Z=295 R"**, The modelled rainfall rates
were calculated from the flux of rain water at the ground averaged over the circular base
having a diameter of 40 km. The rainfall curves (shown in Figure 5.5) are similar, differing
by less than 1.5 mmh from 100- to 220- min model times. The model showed both the
primary and secondary precipitation peaks separated by about one hour. After 220 min the
good agreement ceases, presumingly related to the fact that in nature the strong boundary-
layer convergence was not maintained for more than three hours as the model used.

The model is also compared with observations in terms of peak reflectivity values

(Table 5.1). The agreement in dBZ,,, is fairly close, differing by 1.8 dBZ on average. As
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Table 5.1 Comparison of modelled peak radar reflectivity values ( dBZ,,.) from the
control run with the Carvel radar observations berween 0630 and 0820 UTC on 19
August 1992,

Time (min) Model Observations
100 435 453
110 41.3 44.0
120 43.9 46.0
130 44.0 45.7
140 44.1 43.8
150 45.1 434
170 427 43.8
180 40.0 449
200 43.2 42.6
210 40.0 40.7

5.4  Results of Sensitivity Experiments
5.4.1 Specifications of experiments

All numerical experiments here have the same structure in their mesoscale
convergence profile shown in Figure 5.6. It has an exact balance of low-level convergence

and upper-level divergence:

Porv Mo Zpw = = Peon Mcon Zeow - (5.10)

The convergence with a magnitude M, is spread over the depth of Z,,, from the
surface, while the divergence (of magnitude Mp,,) extends over a depth of Z,,,,, (from Z,,,
to Zpp). In (5.10), p oy and p ,py are the mean air densities (vertically) averaged over the
layers with convergence and divergence, respectively. From the deep anelastic continuity
equation (5.3), the mesoscale updraft at Z.,, is given by:

Zecow

p ‘ v
f P(2) Mcoy dz = ‘TZE‘O'"!‘) Mcon Zeon (5.11)
0 P CON

1
P(Zcon)

w(Zcoy) =
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where the density-weighted convergence is integrated over the depth of Z,.

Three sets of sensitivity experiments were made to examine the effects of the
magnitude of convergence (experiments M1-M10), the depth of convergence layer
(experiments D1-D8), and the relative importance of magnitude versus depth (C1-C8).
The selected parameters for these experiments are listed in Table 5.2. For experiments M1
to M10 the depths of the convergence and the divergence layers are taken as the values of
the control run discussed in the previous section, that is, Z,,y = 0.7 km and Z,,,, = 6.0 km.
For other experiments, the vertical spacings are modified to provide meaningful results.

5.4.2  Effects of the magnitude of boundary-layer convergence

instantaneous rainfall rate (in mmh’') and the accumulated rainfall (in mm) averaged over
the circular model base area. The curves show that as the magnitude of the convergence
(Mcoy) increases, so does the accumulated rain. Furthermore, the increase in M, brings
about a progressively earlier onset of surface rainfall. The instantaneous rainfall rate also
increases monotonically with increasing M, during the initial development of the
convective cell. Then for a strongly convective intermediate stage, rainfall rate and the
M oy are more poorly correlated. Once the strongly convective activity subsides, the
original strong correlation between the two parameters is re-established.

In theory, if rainfall were entirely due to the mesoscale vertical motion forced by
the boundary-layer convergence (i.e., without convective drafts), the rainfall rate should

be directly proportional to the mesoscale upward vapor flux, which is proportional to the

vapor mixing ratio). The theory predicting a linear relationship between rainfall rate and
ascending motion is based on the assumption of steady-state balance of upward vapor flux
and downward flux of rain water (e.g., Mcllveen 1986). Alternatively, this proportionality
relationship could also be derived by assuming an instantaneous conversion of condensed

cloud water into precipitation, because the condensation rate is proportional to the updraft



Table 5.2 Specification of sensitivity experiments. Also listed are the time needed for
rainfall larger than 1 mm (T,,,,).

Moy Zcoxn Zpiy Tim
Experiments
10%s™M (km) (km) (min)
Mi 0.25 0.7 6.0 > 300
M2 0.50 0.7 6.0 267
M3 0.75 0.7 6.0 207
M4 1.00 0.7 6.0 169
MS 1.25 0.7 6.0 143
M6 1.50 0.7 6.0 125
M7 1.75 0.7 6.0 111
M8 2.00 0.7 6.0 100
M9 2.25 0.7 6.0 93
M10 2.50 0.7 6.0 87
Dl 1.0 0.5 4.0 184
D2 1.0 1.0 4.0 113
D3 1.0 1.5 4.0 89
D4 1.0 2.0 4.0 75
D5 1.0 2.5 4.0 70
D6 1.0 3.0 4.0 64
D7 1.0 35 4.0 59
D8 1.0 4.0 4.0 57
Cl1 0.54 4.0 4.0 90.1
C2 0.61 35 4.0 87.1
C3 0.69 3.0 4.0 84.0
Cc4 0.81 25 4.0 80.9
C5 0.99 2.0 4.0 75.8
Cé6 1.29 1.5 4.0 73.8
Cc7 1.89 1.0 4.0 71.7

C8 3.72 0.5 4.0 71.2

speed (Rogers and Yau 1987). From (5.11) it follows for a constant convergence depth
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{Zcon); the mesoscale upward vapor flux is proportional to the magnitude of the
convergence M ,,,.

Figure 5.7 shows that in the presence of convection, the linear relationship
between rainfall and mesoscale convergence magnitude comes close, but is not entirely
appropriate. For example, doubling the convergence magnitude from 1.0x10~ to 2.0x10*
s increases the 5-h accumulated rainfall by a factor of 2.6, whereas doubling the
convergence from 1.25x10* to 2.5%10* 5! increases the rainfall by a factor of 2.3. The
convective rainfall increases monotonically with increasing convergence, but does not
follow the exact linear relationship as suggested by theory for steady precipitation. The
nonlinearity also shows up when plotting the start time of the surface rainfall versus the
convergence magnitude (Figure 5.8). Increasing the convergence speeds up the formation
of rain. It takes 300 min in the weakest convergence case (M1) to accumulate 0.1 mm
rainfall at the surface, but only 75 min in the strongest convergence case (M10).
Intermediate convergence values yield time lapses between these two extremes. In fact,
the data points could be fitted by hyperbolas.

The nonlinear interaction of mesoscale and cumulus dynamics is also apparent in
Figure 5.9, which shows the time evolution of total kinetic energy (KE) for selected
experiments. To maintain clarity in the graph, only the curves for five experiments are
plotted here. Once again, the increasing convergence reduces the time required to initiate
the convection. In the first hour the kinetic energy depends linearly on the convergence
magnitude since the ascent is solely driven by the mesoscale lifting due to the convergence
in the lowest 0.7 km. It takes about 60 min for M9 to enter the rapid development of the
KE (indicative for the onset of convection), but about 240 min for M1 to reach the same
stage as M9. We analyzed the soundings of temperature and dewpoint for each of the
cases at the time instant just prior to the rapid increase of the KE. Figure 5.10 shows the
sounding for experiment M5 at 96.3 min. The soundings for the other cases are almost
identical to the one shown. As all cases exhibit the same thermodynamic structure, the
mesoscale updraft apparently has caused the same amount of lifting in each case. At this

stage it should be pointed out that in nature it is rather unlikely to yield such a deep
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saturated, yet marginally unstable sounding due to the presence of horizontal
nonuniformity that would tend to cause local convective overturning. The model
thermodynamic fields, on the other hand, are horizontally uniform, with only small
perturbation driven by the numerical approximations. After the model convection is
initiated, stronger convergence magnitude leads to a more intense circulation. The kinetic
energy starts to oscillate after reaching its maximum. Interestingly, the weakest
convergence case, M1, follows a growth cycle that differs markedly from the others. After
a 3-h "brewing" period, the convection develops strongly, and its KE values are even
larger than those in both M3 and MS5. It is speculated this spurt of late development is a
manifestation of a reservoir effect (Lee et al. 1991), created by the persistent convergence
forcing that allows more moisture to be advected into the central region than in the cases

where the convective overturning depletes the moisture earlier.

5.4.3 Effects of the depth of boundary-layer convergence
Experiments D1-D8 (with convergence parameters defined in Table 5.2) were
designed to quantify changes in the depth of the convergence layer (Z,,), while keeping

the convergence magnitude (M,,) constant. Eq. (5.11) shows that the mesoscale updraft

rain and rainfall rate (averaged over the domain base) for simulations D1 to DS.
Consistent with findings reported for marine tropical conditions (Frank 1978, Song and
Frank 1983), the modelled results show that more rain reaches the ground as the
convergence layer becomes progressively deeper. The accumulated rain increases
monotonically, yet nonlinearly with the increase of Z,,. When Z,,, is increased from 2.5
to 3.0 km the rainfall increases noticeably, whereas the enhancement of rain is small when
Zcon is increased from 3.0 to 3.5 km. Doubling the convergence depth from 0.5 to 1. 0 km
increases the rainfall by a factor of about 2.7. Nevertheless, doubling Z,,,, from 2.0 to 4.0

km causes the rainfall to increase only by a factor of about 1.5, This decrease in rain
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enhancement is largely related to the change of vapor mixing ratio which becomes less at
higher altitude (see Figure 5.1). The air between 785 and 710 mb (corresponding to the
altitudes of 1.5 and 2.0 km above the ground) is moist and has a conditionally unstable
temperature lapse rate. Therefore, increasing the convergence depth from 1.5 to 2.0 km
causes a substantial increase in the 5-h accumulated rain. On the other hand, since the air
above 650 mb contains smaller amounts of vapor mixing ratio, the 5-h rainfall is only
increased by about 2 mm from D6 to D7.

The evolution of the area-averaged rainfall rates (Figure 5.11b) indicates that after
the rapid initial growth, there comes a short period of weakening in rainfall rates. A new
spurt of rain development occurs, followed by a gradual levelling off with some irregular
oscillations. Deeper convergent layers not only stimulate the rainfall amounts, but also
reduce the time required for the rain to reach the ground. Table 5.2 shows the comparison

of the time T, for simulations D1-D8, at which the area-averaged rain accumulation

0.5 to 1.0 km reduces T, from 184 to 113 min, while a further increase in Zeon102.0

km shortens T, to 75 min.

5.4.4  Relative contributions of the convergence magnitude versus its depth

The sensitivity experiments described in the previous two subsections have shown
that the accumulated rain increases if either the convergence magnitude, Moy, Or the
depth of the convergent layer, Z,,, is increased. However, the relative contribution of
these two parameters to convection is still not clear and will be discussed in this
subsection. From (5.11) it follows that the vertical mass flux at the top of convergence
layers depends on the product of three factors: My, Zeo, and the air density averaged
over the convergence layer. For moisture fluxes, the relative vertical spacing between the
altitude of the peak mesoscale updraft and the cloud base level is also important as the
vapor mixing ratio changes with height. Numerical experiments C1 to C8 were made with
Zcoy values set from 0.5 to 4.0 km at an even increasing interval of 0.5 km. As Zeon is

increased, the corresponding M., value is decreased accordingly such that the vertical
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mass flux given by p(Zcoy)w{(Z¢py) at the altitude Z,, is kept constant at 0.2 kg m2s,
The specification of the eight experiments is given in Table 5.2. Figure 5.12a compares the
evolution of the total kinetic energy for the eight experiments. Initially. KE is determined
by the model initialization. However, after about 50 min, convection develops in all eight
cases. The first peak in KE shows up at around 65 min. The highest KE is found in C8,
which has the strongest convergence magnitude and the smallest Z oy To examine more

increases as the convergence depth decreases. The reduction in moisture flux is caused by
the stratification of water vapor, which drops off sharply with height. Thus, as the
convergence layer becomes deeper, the effective water vapor mixing ratio decreases,
thereby lowering the moisture flux through cloud base. From 50 to 80 min, the depth of

convergence layers becomes even more significrnt as evidenced by the rapid increase in

flux feed vapor through the cloud base. There is scme correlation between the evolution
of the vapor flux pg,wv at the cloud base and that of the total kinetic energy KE.

After 100 min, the convection in all experiments enters the second rapid
development period. Compared with the first growing stage, the convection in the eight
cases exhibits more complicated behavior under the combined effects of convergence
magnitude and its depth. The largest peak value in KE is found in C6, which also has the
largest vapor flux at cloud base. The combination of the convergence magnitude and the

convergence depth in C6 apparently provides the most favorable conditions for reaching

into the cloud than the other cases during its peak activity.
It is interesting to examine the evolution of the moisture flux for experiment C8,
moisture flux decreases sharply and almost reaches zero. The associated flow field reveals

that cumulus downdraft outflow fills almost the entire portion of the sub-cloud air. At this
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stage, the flow field shows little resemblance to the initial mesoscale convergence field
despite the fact that the low-level inflow through the model lateral boundary has been
maintained. For the other runs, the downdraft outflow is less pronounced because the
convergelii. is spread out over a much deeper layer and thereby reduces its impact.

The precipitation for the experiments C1-C8 are compared in Figure 5.12c, where
area-averaged rainfall accumulation is plotted versus time. Increasing the convergence
magnitude (while reducing its depth accordingly) tends to increase the accumulated
rainfall. The reason for this increase in precipitation is related to the increase in (time-
averaged) water vapor flux through the cloud base when the convergence layer becomes
shallower and more humid. As the average vapor content of the convergent layer becomes
progressively larger (when we change from C1 to CR), it increases the equivalent potential
temperature of the convergent air and thus provides more buoyancy for convection and
rainfall. The 5-h accumulated rainfall amounts increase by about 29% from C1 to C5 and
by about 9.5% from C5 to C7 when the convergence magnitude is nearly doubled but the
convergence depth is halved. The trend of rain increase is even smaller from C7 to C8

(8.6%). Comparing the times T, at which 1- mm rainfall is accumnulated, for the eight

15, when the moisture flux is strengthened.

5.5  Summary and Conclusions

A systematic study was presented to determine the role of the convergence
magnitude and the convergence depth in the development of cloud convection and
convective rainfall. Focusing on a case where the énvironmental wind shear was weak, a
time-dependent axisymmetric cloud model was used to allow us to make many sensitivity
experiments with limited computing resources. The lateral boundary condition of the
model was modified to allow a prescribed profile of radial inflow advecting heat and
moisture into the domain. The model convection was initiated by convergent forcing

without any thermal or moisture perturbation. The convergence magnitude and depth for
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the control run were adopted from the VVP analysis of single-Doppler radar velocity data.
Good agreements were found between model results and radar observations in terms of

Sensitivity experiments were designed to quantify how the convergence magnitude
and depth affect the cloud circulation and convective rainfall. The results show that the
convection is intensified with more rainfall when either the magnitude or the depth of
convergent layers is increased. In both conditions, the accumulated rainfall increases
monotonically, but not in the strictly linear fashion as suggested by theory based on
steady-state balance. Increasing the convergence not only produces more rain, but it also
accelerates the onset of rainfall reaching the ground. The lag time from the beginning of
convergence to the beginning of surface rainfall varies between 1 and 2 hours for the
typical conditions, consistent with the observational data from Florida storms (Ulanski and
Garstang 1978).

The model results show that the intensity of convection depends markedly on the
depth of the convergence layer, a parameter often unavailable from surface observations
sampled on a mesoscale network. The results, that deeper convergent layers cause more
rain, confirm observations reported by Frank (1978), and Song and Frank (1983).

While fixing the mesoscale vertical mass flux at the top of the convergence layer,
yet allowing the values of the convergence magnitude and the convergence depth to vary,
we investigated the relative contributions of the convergence magnitude and its depth
toward the convection and rainfall. For the particular sounding conditions where vapor
decreases with height, it is found that a reduction in the convergence depth is associated
with a larger vertical moisture flux that supports stronger convection. The experiments
confirm that rainfall depends crucially on the thermodynamic structure such as the average
vapor mixing ratio of the converging air. Increasing humidity tends to increase the total
rainfall when the upward mass flux remains the same.

The findings reported here are based on a particular set of environmental
conditions from a midlatitude summer sounding. The specific quantitative results depend

on the sounding data. Also, the model assumptions of axisymmetry and warm rain
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microphysics affect the specific rainfall amounts stated here. The effects of vertical shear

ir. the large-scale flow are not addressed here but might affect our findings as well.
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Figure 5.1  Tephigram for sounding at Stony Plain, Alberta on 19 August 1992
depicting temperature (solid) and dewpoint (dashed). The .-y adiabat (300 K) and

and long dashed lines, respectively. The wind profile on th.~ ~ight uses the conventional
station model.
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Figure 5.2 Initial conditions for the control case simulation: vertical section of
velocity stream function () contoured every 200 kgm''s” (left) and vertical profile of
equivalent potential temperature (6,) (right).
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Figure 5.3  Time evolution of maximum vertical velocity w,,, (thin line) and total
kinetic energy KE (line with circles) for the control run. The KE is in units of TJ (1
TJ=10"J).
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Figure 5.4 Vertical cross sections of stream function () in kgm's”, equivalent
potential temperature (6,) in K, cloud water mixing ratio (q,) in gkg, and radar
reflectivity (dBz) at (a) 80 min, (b) 100 min, (c) 140 min, and (d) 180 min for the control
run. The shaded areas in the y fields denote vertical velocity larger than 1 ms™ (light
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Time evolution of radar-observed (thick line) and simulated (thin line)

area-averaged rainfall rates. Radar observations were shown from 0630 to 0900 UTC at
10 min intervals.
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Figure 5.6.  Vertical profile of convergence used in sensitivity experiments. M,y and
Mo,y are the magnitudes of low-level convergence and upper-level divergence,

respectively. The convergence extends from the surface to Zcow and the divergence
extends from Zp, to Z,,.
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Figure 5.7  Time evolution of (a) rain accumulation on the ground, and (b) rainfall
rate for experiments M1 to M10 defined in Table 5.2. The curves in (a) are labelled
according to the magnitude of convergence in units of 107 57,
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Figure 5.8 Time needed for accumulating rain of 0.1 mm (thin line) and 1 mm (thick
line) plotted versus the convergence magnitude.
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Figure 5.9  Time evolution of total kinetic energy KE for experiments M1, M3, M5,
M7, and M9.
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Figure 5.10  Soundings of temperature (solid), dewpoint(dotted), and equivalent

potential temperature (thick solid) for experiment M5 at 96.3 minutes Jjust before the
onset of convection.
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CHAPTER 6
STRATIFORM RAINFALL RATES FROM THE WATER FLUX
BALANCE EQUATION AND NUMERICAL CLOUD MODEL

Remark: This chapter has been submitted to the Atmospheric Research for publication.

6.1 Introduction

It has been long recognized that local rainfall is closely related to the convergence

Wilson and Schreiber 1986). Observations indicate that low-level convergence greatly
supports long-lasting rain events both in the tropics (Ogura et al. 1979, McBride and Gray
1980, Tollerud and Esbensen 1985), and in the mid-latitudes (Maddox 1983, Srivastiva et
al. 1986, and Heideman and Fritsch 1988). Numerical studies using cloud models
confirmed these findings (e.g., Soong and Ogura 1980, Lipps and Hemler 1986, Crook
and Moncrieff 1988, and Tao and Simpson 1989).

This chapter deals with the issue of whether estimates of the low-level
convergence profile can be used to estimate the rate of precipitation falling from
stratiform clouds. Specifically, we examine the accuracy and sensitivity of the water flux
balance equation that equates the precipitation rate with the moisture convergence. A
brief review of the water flux balance equation is presented first, followed by a more
precise statement of the problem.

Within a given column of the atmosphere, conservation of water substance

requires that the flux of precipitation must be equal to the upward vapor flux plus the
the cloud top (e.g., Holton 1979, p.342), that is:

<P> = <q(z,) p(z,) w(z,)> +<E>-<C> (6.1)

143



where P is the precipitation rate (kg m™ s™), g the vapor mixing ratio (kg kg'), p the air

density (kg m*), and w the air vertical velocity (ms”). z, is the top altitude of the moist

The angular brackets represent values averaged over a cross-section area. Since the
storage and evaporation of water are relatively small for extensive layer clouds, the

rainfall rate from stratiform clouds can be approximated by

<P> = <q(z,)><p(z,) w(z,)>

2

{q(zb)}f{-p VV>d:
0

where the mass continuity equation for deep convection (pw)/dz = -pV-V has been used.
It is difficult to obtain accurate mesoscale convergence, particularly its vertical
profile from surface observations and balloon soundings. Instead of in situ measurements,

remote sensing offers better opportunities for estimating the vertical profile of mass

obtained from Doppler velocity data (Rabin and Zrnic 1980, Rabin and Zadwadzki 1984),

With the advent of digital computers, rapid advances have been made in
numerical modelling of clouds and storms. Cloud models have been proved particularly
useful for investigating physical mechanisms and interactions between dynamic,

thermodynamic, and microphysical processes (e.g., Hill 1974, and Reuter and Yau 1987).

and Reuter 1995). This is impossible from observations that are collected in field
experiments, since in nature there are no “repetitions” of identical conditions with only

one parameter being changed.
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The focus of this chapter is on investigating the accuracy and sensitivity of using
the water flux balance relationship (6.2) to estimate rainfall by intercomparing with the
results from a time-dependent nonhydrostatic cloud model. By keeping the same initial
thermodynamic conditions, yet changing the large-scale divergence profile, model
sensitivity experiments are made to show the dependence of area-averaged precipitation
rate on various divergence profiles. This allows for systematic examination of the water
flux balance equation subjected to different conditions of moisture convergence. Special
emphasis is on the magnitude and the depth of the boundary-layer convergence. The

scale of about one hour and a spatial-scale of about 1000 km?.

6.2  Numerical Cloud Model

The numerical model used in this study is the modified version of the cloud model
developed by Steiner (1982), Reuter and Yau (1987), and Guan and Reuter (1995). It
consists of the nonhydrostatic deep anelastic set of equations for conservation of
momentum, air mass, heat and water substance. Perturbation pressure is computed from

the diagnostic balance equation which is obtained from combining the momentum and

order closure scheme in which the eddy exchange coefficient depends on the local rate of
flow velocity-deformation and also on the local lapse rates of temperature and moisture
(Hill 1974). To keep the computational requirements manageable, axial symmetry is
assumed, that is. the differential equations are written in cylindrical polar coordinates
with the tangential gradients set to zero. This assumption is reasonable for modelling
clouds in calm wind conditions,

Microphysical processes are modelled using a bulk water parameterization
scheme. Three classes of water substance: vapor, cloud water, and rain water, are
considered. Cloud water consists of droplets that move along with the surrounding air,
Wwhereas rainwater consists of drops that fall with a finite terminal velocity. The rainwater
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is assumed to have an exponential size distribution (Marshall and Palmer 1948). Cloud
water is converted to rain by auto-conversion and by collection of falling raindrops
(Kessler 1969). The threshold value for auto-conversion is a cloud water mixing ratio
value of 1 g kg™, Details about condensation, fallout and evaporation of rain are given in
Chapter 4.

Larger-scale convergence forcing is included in the model using a one-way open
throughout the simulation period as prescribed by a divergence profile. The top and
bottom of the domain are rigid and free-slip boundaries. There is no transport of heat and

moisture through the top and bottom boundaries except for rainfall at the surface. The

a vertical depth of 12 km and a horizontal radius of 50 km. 'The vertical and radial grid

spacings are 200 m and 400 m, respectively.

6.3  Control Case Simulation
6.3.1 Observations on 23 June 1993

To investigate the usefulness of the water flux balance relation for estimating
area-averaged rainfall rates, a case with widespread precipitation over central Alberta
region was selected. Figure 6.1 shows the sounding sampled at Stony Plain at 0000 UTC
on 23 June 1993. The airmass was saturated throughout a thick layer extending from 850
to 600 mb. It was stable for convective overturning with the exception of two shallow

the air became gradually dry, and the southeasterly flow prevailed.
Precipitation and wind fields were monitored by the Carvel C-band Doppler radar.
Radar images (shown in Figure 2.11) indicated that widespread stratiform precipitation

covered the entire Alberta region on that day for several hours. Doppler velocity data
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were analyzed to retrieve the vertical profile of the area-averaged divergence using the
Extended Velocity Azimuth Display (EVAD) technique (Srivastava et al, 1986, and
Matejka and Srivastava 1991). In this method, each measured radial velocity is
approximated with a truncated harmonic series. The approximations are optimal in that
they minimize a cost function consisting of weighted squares of deviations, Details on
implementing the EVAD technique for velocity measurements sampled with the Carvel
radar were presented in Chapter 2. Figure 6.2 shows the profile of area-averaged
divergence derived from the EVAD analysis at 0030 UTC. The divergent (positive) flow
beneath the altitude of 0.6 km was presumably related to the precipitation fallout from the
cloud base. The flow was convergent over “he layer from 0.6 to 2.4 km with a peak value

of about 3x10™ s™'. The divergence profile for the heights above 2.5 km could not be

approximated with piece-wise linear segments to provide initial and boundary conditions
for the model. To mimic the synoptic observations of a steady surface pressure, the net
mass accumulation of air in the model domain was kept at zero by assuming a constant
divergence extending from the level of 2.9 km to 8.9 km. A complete profile of

divergence used for the control case simulation is:

a:z + b, Z, <252, k=145

Div(z) = .
0 z > Z (6.3)

DIV,,, - DIV,

: b, = DIV, - a; Z,
2y = %, '

% L.

where a, =
Here, DIV, denotes the magnitude of divergence at the altitude of Z,. Based on (6.3), the

increases from O to DIV; between the altitude of Z, and Z;, and then reduces linearly until
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it equals zero at Z,. The divergence from Z,10 Z; is to balance the net mass inflow at low
levels so that a zero mass flux is ensured over the entire domain. Above Z,. divergence is
set to zero so that the vertical motion near the top boundary is small. In the control run,
which is used to simulate the stratiform rain event on 23 June 1993, DIV, = 1.8x10™ s,
DIV, =-3.2x107 s, and DIV, ,;, = 0. The altitudes of Z,, (k=1,-,6) are 0,0.5,2.3,2.9,5.9
and 8.9 km, respectively.

6.3.2  Simulation results for the control case

Figure 6.3 shows the time evolution of the peak updraft speed and the area-
averaged surface rainfall for the control simulation. The peak updraft (defined as the
maximum vertical velocity over the entire domain) grows rapidly, reaching an extreme
value of 3 ms™ at about 70 min. After this initial spurt, the peak updraft subsides and
remains close to 1.3 ms™ for the next two hours. At 3.5 hours of simulation time, the peak
upward motion becomes stronger again, oscillating between 1.5 and 3 ms". The time
accumulates to 5.6 mm at 2 h. Thereafter, the rainfall accumulation increases with time to
a rate of about 3.3 mmh™. The rainfall rate remains uniform for the remainder of the
simulation.

The temporal evolution of the vertical cross-sections of cloud water mixing ratio
(not shown) indicates that the simulated cloud is stratiform with a little variability in the
horizontal. The precipitation field also shows a stratified feature with only a few short-
lived cumulus cells embedded. Figure 6.4 shows the time-height pattern of the
horizontally averaged radar reflectivity factor, <Z>, in a window of 8 km x 6 hours. From
45 to 80 min, <Z> develops rapidly. The strongest cell forms at an altitude of 0.5 km with
a reflectivity value of 35 dBZ. After 2 hours, <Z> weakens gradually aloft. The stratified

feature is maintained until the end of the simulation.

6.3.3 Comparison of model results with observations

The model rainfall was compared with surface and radar measurements to clarify
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whether the cloud model is suited to evaluate the water flux balance equation for
estimating stratiform precipitation. Table 6.1 lists the comparison of the area-averaged 6-
hourly accumulated rainfall from the model with the 6-hourly gauge observations from
three nearby synoptic stations. The model rainfall rate is computed from the accumulated
rainfall in last four hours . The observed rainfall rates averaged over the period of 0000 to
0600 UTC are aiso given. The comparisons show that the values of modelled
accumulated rain and rainfall rate are slightly larger than observed values by about 10%
to 15%, depending on which station is considered. This overestimate is within the error
margin of rainfall observations. The comparison of observed radar reflectivity at the three
stations with the value from the model shows that the differences were less than 1.7 dBZ.
The observed reflectivity listed in Table 6.1 was the mean value, which was obtained

from radar images and then averaged over the time period from 0000 to 0400 UTC.

Table 6.1 Comparison of cloud model results with radar and surface observations at
three synoptic stations in Edmonton.

6-h Rain  Rainfall Rate  Radar Reflectivity

(mm) (mmh') ) (dBZ)
Model 18.5 3.1 31.6
Stony Plain 16.5 2.7 30.9
Municipal Airport 16.0 2.6 30.5
International Airport 16.8 2.8 32.0

6.4  Evaluation of the Water Flux Balance Equation for Estimating Rain Rates
In this section, a comparison is made of the precipitation rate <P> estimated from

water flux balance equation (6.2) with that computed with the cloud model for various

divergence profiles. All cases presented here are based on the same thermodynamic

condition (shown in Figure 6.1) and an area-averaged divergence profile with its generic
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form sketched in Figure 6.5. Here, Z, denotes the depth of the surface convergence layer,

which reaches its maximum convergence (CON,,, ) at Z,=0 km. Divergence is assumed

with the continuity equation to result in

<P>

<q(z) P2 w(z,) > = <q(Z)) p(Z,) w(Z,)>
z

- v [ -CON _E,El dz

<q(Z,)>p"*CON__ - Z,

max 2

where p* is the mean air density averaged over the layer from z=0 to z=Z,.In (6.4), the

H=2,).

6.4.1 Sensitivity to the magnitude of convergence

Theoretical expression (6.4) gives a relationship between the precipitation rate
and divergence profile. In this subsection, numerical experiments are made to examine
the dependence of the precipitation rate upon the magnitude of surface convergence
(CON,,.). Two sets of experiments are designed. The first three simulations (CONOS,
CON10, and CON20) are compared to determine how the peak updraft (w,,, ) and
precipitation features are affected by the variation in surface convergence. The other nine
simulations (M1-M9) emphasize investigating the quantitative response of rain intensity
to the magnitude of low-level convergence.

Voax 15 0.5%10* s

(CONOS), 1.0x10* s (CON10) and 2.0x10* s (CON20), respectively, while the depth

Figure 6.6 compares the time evolution of w,,,, when CO.

of convergence layers, Z,, is kept at 3.0 km. In the first hour, w,,,, increases linearly with

the value of CON,,, because the air flow during this period is controlled by the mesoscale
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with a stronger w,,,, when the convergence increases. The peak w,, is 4.0 ms™ for
simulation CONOS5, 6.5 ms™' for CON10, and 19 ms™ for CON20.

The height-time pattern of precipitation field for simulations CONO5, CON10 and
CON20 is shown in Figure 6.7. With the increase of the surface convergence, convection

develops earlier and becomes stronger. It takes 2 hours for CONOS5 to have rain on the

ground, whereas about 75 min is needed when the surface convergence is doubled

when the convergence is further doubled from 1x10™ s to 2x10* 5. The cloud in
simulation CON20 (Figure 6.7¢) is the tallest with its cloud top reaching to 6.5 km. The
peak radar reflectivity is also the largest with a value more than 40 dBZ. For simulations
CONOS and CONI10, the altitudes of cloud top are 5 km and 5.8 km, and the reflectivity
maxima are 33 dBZ and 37 dBZ, respectively.

Since the water flux balance equation (6.4) shows a linear relationship between
surface convergence magnitude and precipitation rate when the convergence depth is
examined. Simulations M1-M9 are designed, in which CON,,,, is changed from 0.2x10™
s t0 1.8x10™ s! with an equal interval of 0.2x10™ s*'. The history of rainfall
accumulation for these cases (plotted in Figure 6.8a) indicates that: 1) the rainfall amount
increases roughly linearly with time; 2) the rainfall increases with larger CON,,; and 3)
the onset of precipitation occurs sooner with the increase of the surface convergence. The
CON,,,, values are increased from 0.2x10* to 1.8x10™ s™'. The curves of rainfall rate
versus CON,,,,, are shown in Figure 6.8b. The model precipitation rate, <P>_,.,, increases
monotonically but nonlinearly with the surface convergence. This is because the vertical
moisture flux at the cloud base level is no longer controlled only by mesoscale
<P> values suggesting that the simple water flux relationship underestimates precipitation

rates by about 25%.
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6.4.2  Sensitivity to the depth of convergence layers

Simulations D1-D8 are made to examine the sensitivity of precipitation rate to the
variation in the depth of the convergence layer. These runs have the same convergence
value: CON,,,=1.0x10" s, but their convergence depths, Z,, differ from 0.5 to 4.0 km.
Figure 6.9a shows the evolution of rainfall accumulation. As the convergence depth is
increased, more rain accumulates on the ground. Also, the onset of rain becomes more
rapid. Rain is produced at about 70 minutes in simulation D8 (Z,=4.0 km), but the time is
doubled for simulation D1 (Z,=0.5 km). The rainfall curves for the convergence depths of
2.5 (D5) and 3.0 km (D6) are rather interesting. The similar slopes of the curves indicate
their similar rainfall rates. This similarity is related to the sounding profile which shows a
very stable layer existing from 2.5 to 3.0 km. The model rainfall curves for D5 and D6,
however, differ in that the deeper convergence layer in D6 yields surface rainfall at a

slightly earlier time. Comparing the <P> and <P>, 4 values in Figure 6.9b suggests that

deeper convergence layers exist. Nevertheless, <P> and <P>,,4, curves agree that deeper

convergence results in larger rainfall rates when CON,,_ remains unchanged.

6.4.3 Sensitivity to the upper-level divergence

To investigate the sensitivity of rainfall to the distribution of upper-level
divergence, four experiments (UD1-UD4) are made. Figure 6.10 shows the divergence
profiles used to specify the initial and boundary conditions for these experiments. All four
experiments have the same magnitude and depth of convergence (CON,,,, = 10* s and Z,
= 1.0 km). The shape of the upper-level divergence profile in all four cases is a symmetric
“V” with the divergence top set at the height of 9 km. However, the experiments differ in
the depth of their divergence layers. The maximum divergence value is chosen such that
the total (density-weighted) height-integrated divergence is zero. Thai is, the divergence

aloft balances the low-level density-weighted convergence to assure the strict

152



conservation of air mass within the model domain. In all four cases UD1-UD4, surface
rainfall starts simultaneously, just after 2 hours (Figure 2.11a). Thus, the onset of rainfall
is not affected by the vertical distribution of the upper-level divergence. However, the
modelled rainfall amount is slightly sensitive to the divergence profile aloft. When the
upper-level divergence is spread out over a deep layer from 1 to 9 km (case UD1), the
rainfall is weaker compared to the case when all the divergence occurs in a much more
shallow layer from 4 to 9 km (case UD4). The intermediate cases yield rainfall amounts
that lie between these two extremes. However, for all cases, the differences in total

rainfall is fairly small, varying by less than 20% from 6 mm. Figure 6.11b shows the area-

larger when the magnitude of the divergence maximum is increased (associated with a
decrease in the depth of the divergent flow aloft). The model rainfall rates vary between
1.32 and 1.56 mmh',

Compared to the model results, an obvious shortcoming of the water flux balance

equation <P> = <¢(z,)p(z,)w(z,)> is that the precipitation rate is independent of the

impact on the rainfall rates even when the total vertically integrated divergence remains
unchanged. We did not investigate cases where the total upper-level divergence is
increased since this would result in a decrease in mass and cause a drop in surface
pressure. Once the surface pressure falls, the low-level convergence field would likely be
affected, causing other dynamic feedbacks that would make direct model-model
intercomparisons problematic. Suffice it to note here that the simple water flux balance
relation misses the effects of the upper-level divergence which can influence the surface



6.5  Discussion and Conclusion

The water flux balance relation equates the upward water vapour flux with the
downward flux of precipitation, thereby providing a simple diagnostic estimate for the
area-averaged precipitation rate. In its simplest setting, the precipitation rate equals the
product of updraft speed, air density and vapor mixing ratio values that are horizontally
averaged at the top of the moist surface layer (z,). This diagnostic relationship is only

appropriate for stratiform rain since its key assumption is that of steady-state balance. The

evaporating rain below cloud base and the turbulent mixing. This makes the particular

choice of z, rather unimportant.

stratiform rainfall rates, results computed with the equation were compared against those
obtained from a numerical cloud model. We are aware that the cloud simulations

presented here have shortcomings in that they neglect ambient wind shear and ice phase

few hours should smooth many of the details that are associated with the shear and ice
microphysics. Since this model has been found to mimic nature realistically for a
particular stratiform rainfall occurrence in central Alberta, it shouid be a reliable tool for
making sensitivity experiments when using the same thermodynamic conditions.

Compared against the cloud model, the water flux balance equation tends to
underestimate the area-averaged precipitation rates by about 25% when the low-level
convergence magnitude changes. The water flux balance estimates agree with the cloud
model ones in that the rainfall increases when the magnitude of the surface convergence
becomes larger. The water flux balance yields a strictly linear increase, while the cloud
model results suggest a nonlinear increase. Also, the water flux balance relation and the
cloud model agree that the precipitation rate increases monotonically when the depth of
the convergent flow is increased. However, compared to the model, the water flux

balance equation underestimates the increase in rainfall when the convergence layer
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becomes very deep. The model results show the effects of upper-level divergence on the
intensity of surface rainfall. This contribution is not incorporated in the water flux

equation, which is a significant weakness of this simple equation for some conditions.

155



250

=4

300

400

500

N

600

700

800

900 |

1000

Figure 6.1  Tephigram for sounding at Stony Plain, Alberta (WSE) sampled at 0000

line the dew-point. Full wind barb is 5 ms”, and the wind flag 10 ms".
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Figure 6.2  Profile of divergence obtained from the Doppler velocity data with the
EVAD analysis at 0030 UTC on 23 June 1993,
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Figure 6.3  Evolution of maximum vertical velocity w,, (thin line with dots), and
accumulated rain (thick line) for the control case stmulgnarz
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Figure 6.4  Height-time pattern of mean area-averaged radar reflectivity contoured at
10, 20, 30, 32, 34 and 35 dBz for the control case simulation.
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Figure 6.5  Praofile of divergence used in numerical simulations CONOS, CON1 0,
CON20, M1 to M9, and D1 10 D8. CON,,,, and DIV, ._denote the maxmum values of
surface convergence and upper-level dwergéncg
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Figure 6.7  Height-time pattern of mean area-averaged radar reflectivity for
simulations (a) CONOS, (b) CON10, and (c) CON20. The peak reflectivity values are 33,
37 and 38 dBz, respectively.
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Figure 6.8  (a) Area-averaged accumulaziéd rairzfi;ll plotted versus time fOF;
simulations M1 to M9. The curve labels list the magnitude of convergence maximum
(CON,,,; in units of 10* 5. (b) Area-averaged rainfall rate plotted versus surface
convefg:erzeé magnitude (CON, ). The solid line shows ;‘he water flux bgléncé
relationship, while the line with data points shows the cloud model results.
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Figure 6.9  (a) Area-averaged accumulated rainfall plotted versus time Sfor
simulations DI to D9. The curve labels list the depth of convergence layer (Z,) in units of
km. (b) Area-averaged rainfall rate plotted versus convergence depth (Z,). The solid line
shows the water flux balance relationship, while the line with data points shows the cloud

model results.
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Figure 6.11 (a) Area-averaged accumulated rainfall plotted versus time for
simulations UDI to UD4. (b) Area-averaged rainfall rate plotted versus maximum
divergence value based on model simulation results.
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CHAPTER 7

CONCLUSIONS

This thesis combines Doppler weather radar measurements with high-resolution

quantify the effects of mesoscale convergence on precipitation using numerical cloud

simulations.

Two summer cases in central Alberta were examined: a multicellular thunderstorm,
and a long-lasting nimbostratus event. The Volume Velocity Processing (VVP) algorithm
with seven-parameters was used to extract the convergence field in scattered-echo regions

for the convective case. Analysis results show that heavy echo cells were preceded by up

of the VVP convergence estimate largely depended on the size and the shape of the
analysis volume. Our analysis suggests that the analysis volume should have an azimuthal
width of 30° or larger and a radial extent of 20 km or more. The accuracy of the VVP
convergence estimates reached about 10~ s™ for a 40° azimuth x 20 km range sector
volume. This precision is one order less than the typical convergence magnitudes observed
in moderate to intense storms (Ogura and Chen 1977) and thus meaningful to monitor the
storm development. Due to the limitation of sampling azimuthal coverage and the non-
orthogonality of harmonic functions in the analysis volume, the VVP processing can
provide the estimates for divergence, deformation, vertical shear, and horizontal winds
with fair accuracy, but neglects the remaining vertical wind terms for a linear wind field.
The uncertainty in all estimates was found to increase linearly with the errors in radial

velocity measurements.
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For widespread stratiform precipitation, the profile of the area-averaged
divergence was deduced by employing the Extended Velocity Azimuth Display (EVAD)
algorithm. Error analyses were performed in simulated wind fields to investigate the
sensitivity of the technique to radar parameters, such as radar maximum elevation angle
and radar horizontal detection range. The results suggest that using either higher elevation
angles or larger horizontal detecting range would raise the altitude below which the
divergence can be obtained accurately. For the limited scans used by the Carvel radar
(three low elevation angles), the profile of th¢ EVAD-deduced divergence could be

estimated accurately up to an altitude of about 2.0 km when using an analysis cylinder

is not contaminated by the fall speed of hydrometeors, supp - -+ fonclusion of
Srivastava et al. (1986). The analyses on 23 June 1993 show tha uie widespread
precipitation was associated with a convergence layer from an altitude of 0.6 to 2.2 km
with a convergence intensity exceeding 2x10™ s, whereas the divergent flow beneath 0.6
km was related to the precipitation fallout below the cloud base. The convergence was
maintained for more than three hours and resulted in a typical, long-lasting continuous
ascending motion in stratus.

Numerical simulations of the convective and stratiform rain events were made
using an axi-symmetric cloud model. This model, which is suitable to simulate warm rain
processes under a large-scale convergence forcing, is an extension of Steiner's
axisymmetric model. In the modified version of the model, heat and moisture are allowed
to be advected into the domain through the lateral boundary. Thus, the model is initiated

by the convergence forcing without any thermal or moisture perturbation. This approach is

retrieved from the Carvel Doppler radar were used to initialize the model. Surface and

radar observations served as the data sets for comparison with the model simulations. The
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cloud model simulated realistically the evolution of observed rain events.

Numerical sensitivity experiments were conducted to quantify changes in
convection and precipitation arising from changes in the magnitude of the low-level
convergence and the convergence depth. Our approach is novel in that the relative
contribution of the convergence magnitude versus the convergence depth to convective
rain showers was investigated. Also, the effect of upper-level divergence on the stratiform
surface rainfall was examined. The major findings of these investigations are:

(n For both convective and stratiform clouds, the rainfall is enhanced when
either the magnitude or the depth of convergence layers is increased. The accumulated rain
increases monotonically with stronger convergence but not in a linear fashion.

(2)  Stronger convergence or deeper convergence layers accelerate the onset of
rainfall reaching the ground. The lag time from the beginning of convergence to the
beginning of convective rainfall was about 1 to 2 hours when the convergence depth is
changed.

(3)  When fixing the mesoscale vertical mass flux at the top of the convergence

layer, yet allowing the values of the convergence magnitude and the convergence depth to

depth toward the convective rainfall. For the particular sounding we considered, a
reduction in the convergence depth is associated with a larger vertical moisture flux which
supports stronger convection. The experiments confirm that convective rainfall depends
crucially on the thermodynamic structure, such as the average vapor mixing ratio of the
converging air. Increasing humidity enhances the total rainfall when the upward air mass
flux remains the same.

(4)  Calculation of stratiform precipitation using a water flux balance equation
is biased to underestimate the area-averaged rainfall rates. For the specific stratiform case
investigated, the underestimate was about 25%.

(5) Upper-level divergence does not affect the onset time of the stratiform rain,
but stronger upper-level divergence tends to enhance the surface rain. Neglecting the

contribution of the upper-level divergence to the surface rainfall in the water flux balance
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equation is a significant weakness of this simple equation for some conditions.

Our model results indicate that both the magnitude and the depth of the mesoscale
convergence affect the development of cloud and local surface rainfall. Although a meso-
network of surface stations can provide an estimate of the magnitude of surface
convergence (e.g., Lee et al. 1991), information about the actual depth of the boundary
layer convergence cannot be supplied. An advantage of using a sensitive Doppler weather
radar is that it can indeed estimate an area-averaged convergence as a function of height.
The data analyses in this thesis suggest that a divergence profile can be obtained from
single-Doppler radar data for certain meteorological conditions. For the Carvel radar, the
convergence magnitude can typically be estimated within a 25% error or less. This would
result in an uncertainty of 30% or less in the 5-hour rainfall accumulation according to our
model simulation for the environmental conditions of 19 August 1992. For the stratiform
precipitation, model simulations suggest that the 6-h accumulated rainfall varies by 16%
when the convergence magnitude is changed by 10%. The 10% uncertainty in the
convergence is well within the capability of the EVAD analysis for the stratiform rain case

(see Chapter 2).

This study, together with others, indicates the potential of combining a single
Doppler radar with a numerical model to improve mesoscale nowcasting and forecasting.
With a radar, nowcasters can recognize changes in shape, orientation, and speed of a
moving, persistent meso-system, and identify new developing echoes. Although
information on the mesoscale convergence in this thesis was retrieved from radar echo
regions where rain had been produced already, highly sensitive Doppler radars (e.g., the
NEXRAD') can provide such parameters in pre-storm environments (e.g., Wilson and
Wilk 1982). The determination of mean vertical wind shear and the depth of the moist
layer in the radar environment allows nowcasters to monitor important features of the

flow, and to evaluate the likelihood of convective storm development and severe weather.

'The abbreviation of NEXt generation of weather RADars (United States).
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To investigate the development of individual cells in a multicell thunderstorm, it is of
particular interest to observe the evolution of the three-dimensional distribution of the
convergence. Incorporating Doppler radar measurements into a three-dimensional storm

model would be an important tool for forecasting storms and precipitation.
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Appendix A Characteristics of the Carvel Doppler Radar

Environment Canada operates a Doppler weather radar located at Carvel, Alberta
(53°34'N, 114°09' W, 783 m), about 45 km west of Edmonton. This radar is used tor
general surveillance and operational weather forecasting, The scanning protocol goes
through a cycle of 10 minutes, consisting of Doppler mode and conventional mode.

In the conventional mode, the radar scans at 23 elevation angles in a five minute
period to produce a three-dimensional grid of radar reflectivity data. Such scans are
referred to as a "full” volume scan. Data from the volume scan is used to produce
CAPPT’s (Constant Altitude Plan Position Indicator) and other display products such as
radar echo top heights, In the next 5 minutes, the radar goes into the Doppler mode und
scans at only four different elevation angles due to the slower rotating rate required for
Doppler measurements.

Crozier (1986)' describes the technical specification of this Doppler radar. The

important parameters are listed in Table Al.

'Crozier C.L., 1986: King Weather Radar Operations Manual and Users Guide. Internal
publication, Atmospheric Environment Service, Environment Canada.
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Table Al. Characteristics of the Carvel radar.

Parameters Conventional Mode Doppler Mode

Dish diameter (feet) 12

Peak power (kw) 260

Microwave wavelength (cm) 5.34

Microwave frequency (MHz) 5625

Scanning rate (rpm) 6.0 0.75

Elevation angles (degrees)’ 0.3t024.6in 25 0.5, 1.5 and 3.5 and
increments 0.4 (folded)

Pulse duration (us) 2.0 0.5

Pulse length (m) 600 150

Pulse repetition frequency (Hz) 250 1190 and 892

Range resolution (m) 300 75

Beamwidth (degrees) 1.1

Effective azimuthal beamidth ( degrees)’ 2.2 1.4

Display resolution (km) 2 1.0

Max. observed range (km) 256 113

Max. displayed range (km) 220 110

*These values may vary slightly.

*This is the effective beamwidth when the motion of the antenna is taken into account.
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Appendix B Doppler Radar Data Preprocessing

Processing the data sampled by the Carvel Doppler radar consists of five najor

steps as follows:

Step_1: Decoding of radial velocity data.

Doppler radar data are archived on optical disk at the Carvel radar site. Data
unfolding is done prior to recording into data archive. A program' reading and decoding
data files allows users to select the azimuths, ranges and elevation angles of the data to be

decoded, and provides an ASCII format output.

Step 2: Reformating the radar data.
For a specific elevation angle and range, the velocity data are rearranged according to the

order of increasing azimuths.

tep 3: Unfolding the velocity data.
Radial velocities exceeding the maximum unambiguous velocity, V, ., are called

“folded” (or aliased). The V,, . is defined as

v PRFA

rmax T~ 4

(B.1)

where PRF and A denote the radar’s Pulse Repetition Frequency and operating
wavelength, respectively. Although the unfolding is done when the data are archived,
some data still need to be corrected. Folded velocity values are identified by examining the

continuity of the data along each radial. Any required velocity de-aliasing consists of

'Provided by Tom Nichols, and modified by Bruno Larochelle of the Atmospheric
Environment Service, Edionton, Alberta.

178



adding or subtracting multiples of 2x12 or 2x16 ms™ to the V, at its location until the
difference between it and neighbouring data is minimized (Crozier 1986)°. The values of
2x12 and 2x16 ms’', corresponding to the dual-PRFs used by the Carvel radar, represent

the folds that possibly occur in the data.

Step 4: Filtering noise signals.

Whether a singular datum is actually a measurement of radial velocity or simply
noise is recognized by examining its spectrum width. The spectrum width of an acceptable
velocity measurement is given by (Doviak and Zrnic 1993, p-166)*:

- A "PRF
! 47

(B.2)

For the Carvel radar, 0,” = 4.5 ms™', The Doppler velocity whose spectrum width is larger

than o,” is considered noise and excluded from analysis.

Step 5: Removing velocity outliers.

Some radial velocities reflect the presence of embedded convective or turbulent
motions, and hence are not representative of the mesoscale or synoptic-scale wind field.
These velocities are called outliers, and should be excluded from regression analyses,
data in the ring or the analysis volume. Each of the radial velocity measurements iy
compared with its estimated value obtained from the analysis model (the VVP or EVAD
algorithm). Velocities that deviate from the estimated value by more than a certain
threshold (3 ms™' for the EVAD, and 5 ms™' for the VVP analyses) are considered as
outliers. These outliers are not used in subsequent analysis.

*Crozier, C. L., 1986: King Weather Radar Operations Manual and Users Guide. Internal
publication, Atmospheric Environment Service, Environment Canada.

*Doviak, R. J., and D. S. Zrnic, 1993: Doppler Radar and Weather Observations. 2nd
edition, Academic Press, San Diego, California, 562 pp.
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